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THE BIOGEOCHEMISTRY OF IRON, ZINC AND COBALT IN THE 
ATLANTIC OCEAN: THE ATLANTIC MERIDIONAL TRANSECT AND 
UK GEOTRACES SECTIONS 
Neil John Wyatt 
Between 40 % and 50 % of the Earth’s primary production occurs in marine environments, 
primarily by phytoplankton. The trace metal micronutrients iron, zinc and cobalt are known to exert 
a significant biological control on phytoplankton productivity by serving as essential active centres 
in enzymatic processes such as inorganic carbon, nitrogen and phosphorus acquisition. The 
distributions and biogeochemistries of iron, zinc and cobalt therefore, have the potential to impact 
upon the global carbon cycle and hence climate. This research involves investigations into the 
biogeochemical cycling of iron, zinc and cobalt in the Atlantic Ocean. 
Iron measurements were conducted during October and November 2009 to determine the 
distribution and biogeochemistry of iron in the upper water column of the Atlantic Ocean along an 
Atlantic Meridional Transect (AMT-19). In addition, deck board incubation experiments were 
performed to establish the role of iron in controlling rates of di-nitrogen (N2) fixation in the North 
Atlantic. The distribution patterns and biogeochemistries of iron, zinc and cobalt in the South 
Atlantic at 40° S were determined during the UK GEOTRACES Section GA10 cruises of October 
2010 and December 2011 to January 2012.  
Iron distributions in North Atlantic surface waters were primarily controlled by the transport 
and deposition of atmospheric dust particles. In the North Atlantic, elevated surface dissolved iron 
concentrations (0.50 - 1.65 nM) were associated with wet and dry deposition of Saharan dust 
between 4 and 29° N. To the south of 4° N, surface dissolved iron concentrations were markedly 
reduced (0.14 nM) indicating that high precipitation rates in the Inter-Tropical Convergence Zone (4 
- 10° N) formed a barrier to the large-scale transport of Saharan dust particles, thus iron, to the South 
Atlantic. Here, the low surface dissolved iron concentrations were balanced by a total dissolvable 
iron flux out of the surface mixed layer (3.2 µmol m-2 y-1) that was comparable to atmospheric input 
estimates. Nitrogen fixation rates in the North Atlantic were highest (0.3 – 1.1 nmol L-1 d-1) where 
surface dissolved iron concentrations were elevated (1.02 nM) and decreased with increasing latitude 
as iron decreased. Hence, iron variability in the North Atlantic was sufficient to influence nitrogen 
fixation over a large spatial scale. 
In the South Atlantic Ocean at 40° S, the vertical and horizontal distributions of dissolved 
zinc and cobalt showed distinct gradients associated with the water masses present. Zinc 
concentrations ranged from 15 pM in open ocean surface waters to 8 nM in Antarctic Bottom Waters, 
whilst cobalt ranged from 2 pM to 80 pM in intermediate waters and was scavenged in deeper waters. 
Growth limiting mixed layer zinc concentrations resulted from the lack of a direct return path for 
zinc to the South Atlantic pycnocline with Sub-Antarctic Mode Water. Low zinc in this return path 
was identified by a linear correlation between zinc and soluble reactive phosphorus that showed a 
kink at ~ 500 m, much deeper than that observed in other oceanographic regimes. A seasonal study 
in the Southeast Atlantic revealed that the depletion of zinc over spring-summer periods resulted in 
an increase in the nutritional importance of cobalt and a shift towards phytoplankton with a cellular 
preference for cobalt over zinc and/or the ability to co-substitute these two trace metals at the 
molecular level.   
These key findings demonstrate the physico-chemical and biological influences that interact 
to control the distributions and biogeochemistries of iron, zinc and cobalt across diverse 
oceanographic regimes of the Atlantic Ocean, provide the first examination of zinc and cobalt 
biogeochemistries along the productive 40° S parallel and highlight the need for additional research 
in this region. 
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1.1.      Introduction 
Marine phytoplankton are responsible for between 40 to 50 % of the 
photosynthetic carbon fixation (primary production) on Earth (Field et al., 1998; 
Behrenfeld et al., 2006). This is remarkable given that their biomass only amounts to ~ 
1 - 2 % of the total global plant carbon (Falkowski, 1994). The magnitude of 
phytoplankton primary production comes from their ability to direct virtually all 
harvested light energy towards photosynthesis, and therefore the entire marine 
population can replace itself each week (Falkowski, 2002; Morel and Price, 2003). In 
contrast, land plants must invest large amounts of energy to build roots, wood and 
leaves and take an average 20 years to replace themselves (Falkowski, 2002). It is the 
rapid life cycle of phytoplankton that is key to their profound effect on the oceanic and 
global carbon cycles and climate regulation. 
The process by which carbon dioxide (CO2) fixed in photosynthesis is 
transferred to the ocean interior, and is either recycled or stored permanently in the deep 
ocean, is referred to as the biological pump. A simplified conceptual model of the 
principle components of the biological pump is presented in Figure 1.1. Phytoplankton 
carbon fixation removes CO2 from the euphotic zone and converts it into organic 
material. Together with nutrients and trace elements, organic carbon forms the 
carbohydrates, lipids, and proteins that constitute bulk organic matter (de La Rocha, 
2003). Phytoplankton either become senescent and sink out as aggregates, or are 
consumed by herbivorous zooplankton that egest faecal material. Particulate organic 
carbon (POC) may then be decomposed and remineralised back to CO2 by bacteria or 
further consumed by animals. Most of this recycling occurs in the upper few hundred 
metres of the oceans, where the CO2 is instantly available to be photosynthesized or 
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absorbed back into the atmosphere (Martin et al., 1987; Falkowski et al., 2000). Most 
influential to climate is the POC that sinks into the deep ocean before it decays. 
Approximately 15 - 25 % of the CO2 fixed in the sunlit ocean sinks with settling 
phytoplankton into the ocean interior where it is released by oxidation through 
heterotrophic respiration and stored for several hundreds of years (Falkowski et al., 
1998; Laws et al., 2000; Falkowski, 2002). 
 
Figure 1.1. Conceptual model showing the main processes involved in the oceanic 
biological pump. Adapted from de la Rocha (2003).   
 
The residence time of CO2 in the deep oceans is a result of the lack of mixing 
between cold and dense deeper waters with warmer waters above. Eventually however, 
most of the nutrients released in the deep oceans find their way back to the sunlit ocean 
via upwelling and other ocean currents where they can stimulate primary productivity 
Chapter 1 
4 
 
(Palter et al., 2010). Approximately 1 % of the deep ocean carbon flux settles to the sea 
floor before it can be recycled back to the upper ocean where it becomes incorporated 
into the fossil record.   
 The oceanic biological pump could not operate without an external supply of 
nutrients that are essential to phytoplankton growth (Morel and Price, 2003). In the 
absence of the biological pump, Falkowski et al. (2000) estimate CO2 concentrations in 
the atmosphere would be between 150 - 200 parts per million (ppm) higher than their 
current value of 390 – 395 ppm (Dlugokencky and Tans, 2013). Much of the focus 
when investigating the biological pump and carbon cycling is placed on the 
macronutrients nitrate, phosphate and silicate (e.g. Tyrrell, 1999; Mather et al., 2008) 
due to their importance in cellular photosynthesis, respiration, metabolism and structure. 
Macronutrient concentrations in the oceans are usually reported in the micromolar (µM) 
range, although surface depletion in some oceanic regions may reduce concentrations to 
nanomolar (nM) levels (Mather et al., 2008).  
A number of trace elements, particularly first row transition metals (iron, zinc, 
cobalt, manganese, vanadium, chromium, nickel and copper), and some second row 
transition metals (molybdenum, cadmium), are also essential for the growth of 
phytoplankton though their involvement in such processes as inorganic carbon, nitrogen 
and phosphorus acquisition and transformation (Bruland et al., 1991; Morel et al., 2003; 
Morel and Price, 2003). Although there is limited quantitative information regarding 
enzymatic processes in phytoplankton cells and their corresponding trace element 
requirements, Table 1.1 lists the known biochemical functions that are thought to 
correspond to major trace metal requirements in marine phytoplankton. 
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Table 1.1. Essential trace metals and their function in important biochemical processes 
by phytoplankton in the oceans. Adapted from GEOTRACES Planning Group (2006). 
Biochemical function Trace metal 
Carbon concentration/acquisition Zn, Co, Cd 
Carbon fixation Fe, Mn 
Respiration Fe 
N2 fixation Fe, Mo 
Denitrification Fe, Cu 
Nitrate reduction Fe, Mo 
Assimilatory nitrite reduction Fe 
Ammonia oxidation / nitrification Fe, Mo, Cu 
Vitamin B12 synthesis Co 
Remineralisation pathways Fe, Zn 
Organic nitrogen utilisation Fe, Cu, Ni 
Organic phosphorus utilisation Zn 
Silica uptake Zn, Cd 
Calcification Co, Zn 
Superoxide dismutase Fe, Mn, Zn, Cu, Ni 
Methane oxidation Cu 
Plastocyanin Cu 
Formation of volatile species Fe, Cu, V 
Photopigment synthesis Fe and others 
 
Whilst there is no clear definition of trace elements, generally their 
concentrations are less than 10 µM (Bruland and Lohan, 2003; Sohrin and Bruland, 
2011) and usually in the nM to picomolar (pM) range (e.g. Lai et al., 2008; Milne et al., 
2010). The average oceanic concentrations of selected macronutrients and trace 
elements along with their oceanic residence times are shown in Table 1.2.  
At the molecular level, the mechanisms by which macronutrients and trace 
elements function as active centres or structural factors in enzymes is termed 
bioinorganic chemistry, whilst at the scale of ocean basins, the interaction of physical, 
chemical and biological processes that determine the cycling of these elements is the 
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subject of marine biogeochemistry. With regards to carbon fixation, phytoplankton 
growth, the biological pump and climate regulation, the fields of bioinorganic chemistry 
and marine biogeochemistry are critically linked by the extremely low concentrations of 
trace elements in surface waters, which results from their quasi-complete biological 
utilisation and incorporation into sinking organic matter (Morel et al., 2003; Morel 
2008). 
Table 1.2. The concentrations and residence times of macronutrients and selected trace 
metals in the open ocean. Note the oceanic mixing time is 500 - 1000 y
-1
. Adapted from 
Bruland and Lohan, 2003 and www.mbari.org/chemsensor/pteo.htm (28.8.2013).   
Nutrient 
Average oceanic 
concentration 
(10
-9
 mol kg
-1
) 
Oceanic concentration 
range (10
-9
 mol kg
-1
) 
Residence time 
(y) 
Macronutrients    
Silicate (H4SiO4) 100000 500 - 180000 20000 
Nitrate (NO3
-
) 30000 10 - 45000 3000 
Phosphate 
(HPO4
2-
) 
2000 1 - 3500 69000 
Trace elements    
Fe 0.54 0.02 - 2 200 
Zn 5.4 0.05 - 9 51000 
Co 0.20 0.04 – 0.3 340 
Mn 0.36 0.08 - 5 60 
V 39 30 - 36 50000 
Cr 4.0 3 - 5 8000 
Ni 8.2 2 - 12 6000 
Cu 2.4 0.5 – 4.5 5000 
Cd 0.62 0.001 - 1 50000 
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1.2.      Biogeochemistry of iron, zinc and cobalt 
1.2.1. Biological functions of iron, zinc and cobalt 
The key to understanding the role of the global oceans in climate regulation lies 
in our understanding of the biological functions of trace metals in the modern oceans 
and what controls their distributions (de Baar and La Rocha, 2003). Figure 1.2A 
illustrates how the numerous enzymatic processes of the nitrogen cycle involve 
metalloenzymes with different trace metal requirements, whilst Figure 1.2B shows the 
principal trace metal requirements for carbon, nitrogen and phosphorus acquisition. 
 
Figure 1.2. (A) The nitrogen cycle indicating the metal cofactors in each enzymatically 
catalysed step and the associated enzymes. Each group of reactions is colour coded: 
nitrogen fixation (blue); denitrification (pink), nitrification (green), ammonia oxidation 
(orange) and assimilatory nitrite reduction (beige). (B) The principle cellular metal 
requirements for carbon, nitrogen and phosphorus acquisition and assimilation by 
phytoplankton and associated enzymes. Enzyme abbreviations in alphabetical order: 
AMO: ammonia monooxygenase; AP: alkaline phosphatase; CA: carbonic anhydrase; 
CCM: carbon concentrating mechanisms; HAO: hydroxylamine oxidoreductase; NaR: 
nitrate reductase; NiR: nitrite reductase; NoR: nitric oxide reductase; NsR: nitrous oxide 
reductase; NtrA: nitrogenase; NXR: nitrite oxidoreductase. Adapted from Morel and 
Price (2003). 
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Iron 
Iron (Fe) plays a central role in the light reactions of photosynthesis (Morel et al., 
2003), during which, Fe is an essential component in the reaction centres of 
photosystems I and II. Together, the photosynthetic apparatus of oxygenic phototrophic 
organisms contain about two thirds of the total Fe requirement (Raven, 1990). The low 
productivity in Fe depleted regions of the oceans is primarily due to low efficiency of 
the light reaction of photosynthesis. Respiration, which accounts for the remaining third, 
also becomes inefficient at low dissolved Fe concentration resulting in heterotrophic 
bacteria being able to convert less of the carbon they consume into biomass (Tortell et 
al., 1996). 
Iron is also a necessary enzymatic component in virtually all stages of the 
nitrogen cycle (Fig. 1.2A). The most pervasive effect of Fe on the nitrogen cycle is 
probably the limitation of di-nitrogen (N2) fixation, which requires Fe in nitrogenase. 
Due to the difficult reduction of N2 to ammonium (NH4
+
), nitrogen fixing 
phytoplankton are thought to require two to five times more Fe than phytoplankton 
growing on reduced nitrogen (Flynn and Hipkin, 1999; Sanudo-Wilhelmy et al., 2001; 
Kustka et al., 2003a,b). Low Fe may also inhibit the activities of nitrogen reductase 
enzymes both in the assimilatory pathway of phytoplankton and in the dissimilatory 
pathway of denitrifying bacteria (Averill, 1996) (Fig. 1.2A). The effect of low Fe 
concentration on nitrate reductase is of particular importance to diatoms as these larger 
phytoplankton cannot grow on the low ambient ammonium (NH4
+
) concentration and 
must instead reply on the acquisition of nitrate (NO3
-
) (Morel and Price, 2003). For 
diatoms growing at an average N:C ratio of 1:6, the reduction of NO3
-
 to NH4
+
 is 
estimated to require 60 % more Fe than phytoplankton growing on ammonium (Raven 
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et al., 1992). The multiple roles for Fe in the cycling of carbon and nitrogen has led 
biogeochemists to argue that Fe is the most important, but by no means the only, 
essential bioactive trace metal in the oceans (Bruland et al., 1991).   
Zinc 
Although the cellular concentration of zinc (Zn) is typically lower than that of 
Fe (Ho et al., 2003), the number of known Zn metalloenzymes appears to be much 
larger than that of Fe metalloenzymes (Maret, 2002). Zinc is critical for the acquisition 
of inorganic carbon in marine phytoplankton as the carbon-concentrating mechanism 
involves the Zn metalloenzyme carbonic anhydrase (CA) (Price and Badger, 1989; 
Badger, 2003; Kupriyanova and Pronina, 2011). The CA metalloenzyme catalyses the 
chemical reaction responsible for the conversion of bicarbonate (HCO3
-
) to CO2 prior to 
carbon fixation.  
As is the case for nitrogen, organic compounds form a significant source of 
phosphorus for some species of marine phytoplankton (Mather et al., 2008). In most 
species, the Zn metalloenzyme alkaline phosphatase (AP) is principally involved in 
cleaving the phosphate group from its organic moiety prior to uptake (Fig. 1.2B). 
Shaked et al. (2006) have calculated that the additional Zn demand of the haptophyte 
Emiliania huxleyi grown on organic phosphorus amounted to 16 % of the cellular quota. 
Thus, low Zn concentrations may therefore limit the ability of phytoplankton to 
synthesize AP resulting in a biochemical dependency on both Zn and inorganic 
phosphate (Jakuba et al., 2008; Saito et al., 2008). 
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Cobalt 
It is argued that the bioinorganic chemistry of cobalt (Co) is complicated by two 
issues; (I) the potential biochemical substitution of Co, Zn and Cd as the metal centres 
in enzymes, and (II) the influence of the chemical speciation of each of these trace 
metals on their bioavailability to phytoplankton (Saito et al., 2004). However, whilst 
some organisms can substitute these metals (e.g. centric diatoms and haptophytes), there 
are others, particularly the phototrophic picocyanobacteria (Prochlorococcus and 
Synechococcus), and some diatoms species, that have an absolute cellular requirement 
for Co (Sunda and Huntsman, 1995a; Saito et al., 2002; Saito and Goepfert, 2008).  
Like Zn, the primary role of Co in most phytoplankton is to serve as a metal 
centre in CA, which catalyses inorganic carbon acquisition. In some taxa, CA can inter-
replace Co with Zn or Cd as a metal centre (e.g. Morel et al., 1994; Lane et al., 2005). 
Yee and Morel (1996) studied Zn and Co substitution in CA for the marine diatom 
Thalassiosira weissflogii and concluded that these elements could substitute in CA, but 
that the enzyme possessed a higher affinity for Zn. A cellular preference for Zn has also 
been reported for the diatoms T. pseudonana and T. oceanica and the haptophyte 
Phaeocystis antarctica, whilst for Emiliania huxleyi a preference for Co has been 
observed (Sunda and Huntsman, 1995a; Saito and Goepfert, 2008). Thus, the activity of 
CA under low Zn or Co conditions can be restored by biochemical substitution. If, 
however, both elements were simultaneously low then biochemical substitution co-
limitation may occur (Saito et al., 2008).  
Cobalt is also a requirement for vitamin B12 (cobalamin) de novo synthesis. 
Vitamin B12 is a Co-containing organometallic molecule that only can only be 
synthesised by select bacteria and archaea and yet is an essential vitamin for almost all 
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phytoplankton (Droop, 1974; 2007). Cobalt serves as a metal centre insider the coring 
ring of vitamin B12 and thus their biogeochemical cycles are critically linked (Bertrand 
et al., 2007; Taylor and Sullivan, 2008). Low Co concentrations in some regions of the 
world’s oceans could therefore limit the production of vitamin B12 by heterotrophic and 
phototrophic bacteria as reported for the North Atlantic Ocean (Panzeca et al., 2008) 
and the Ross Sea (Bertrand et al., 2007). In the Ross Sea, primary production has 
previously been shown to be seasonally limited by Fe availability (Martin et al., 1990a; 
Coale et al., 2003) but the recent argument for independent nutrient co-limitation by Fe 
and Co-containing vitamin B12 provides a greater understanding of the nutritional 
controls on phytoplankton growth and production in this region (Bertrand et al., 2007). 
 
1.2.2. Nutrient co-limitation 
The idea of simultaneous limitation by more than one element (co-limitation) is 
an important and yet often misunderstood concept. The notion detracts away from the 
two paradigms of nutrient limitation: (I) Liebig’s Law of the Minimum (de Baar, 1994), 
whereby the overall yield of phytoplankton biomass is limited by one element at a time, 
aside from light and (II) Blackman limitation (Saito et al., 2008), where growth rate is 
reduced rather than yield. However, research over the last 20 years has revealed that 
these two concepts can interact, whereby CO2, macronutrients and trace metals can co-
limit phytoplankton growth and yield (Sunda and Huntsman, 1992; 1995a,b; Arrigo, 
2005; Coles and Hood, 2007; Fu et al., 2008; Saito and Goepfert, 2008; Feng et al., 
2010).   
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The surface oceans are particularly susceptible to nutrient co-limitation because 
of the simultaneous scarcity of many elements, the complex speciation of trace elements 
and CO2 and the various uptake and intracellular pathways that these chemicals are 
involved in (Morel and Price, 2003; Saito et al., 2008). Hence, an alternative approach 
to Liebig/Blackman-style limitation is required to provide a realistic understanding of 
nutrient co-limitation in the surface ocean. In an attempt to reconcile the concept of 
nutrient limitation of primary productivity in aquatic environments, Saito et al. (2008) 
proposed that co-limitation can be divided into one of three categories. 
Independent nutrient co-limitation 
This type of nutrient co-limitation describes two elements that are generally 
biochemically mutually exclusive, but are both found in the surface ocean at such low 
concentrations as to be potentially limiting. An example of independent nutrient co-
limitation is the Sargasso Sea, where both nitrate and phosphate are considered to co-
limit the gross autotrophic community (Moore et al., 2008).      
Biochemical substitution co-limitation 
This type of nutrient co-limitation describes two elements that can substitute to 
perform the same biochemical role within an organism. There are two permutations of 
this type of nutrient co-limitation: (I) where two or more elements substitute effectively 
within the same enzyme, e.g. Zn, Co and Cd in the metalloenzyme CA (e.g. Lane et al., 
2005; Xu et al., 2008) (Table 1.1 and Fig. 1.2), and (II) where two enzymes perform the 
same biochemical function, each utilising a different element, e.g. there are four known 
varieties of super oxide dismutase (enzymes required to detoxify cellular superoxide) 
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distinguished by containing either Fe, Mn, Ni or both Zn and Cu in their metal centres 
(Wolfe-Simon et al., 2005) (Table 1.1). 
Biochemical dependant co-limitation 
This type of nutrient co-limitation refers to the limitation from one element that 
results from the inability to acquire another. An example of dependant co-limitation 
occurs once again in the Sargasso Sea where low Zn concentrations inhibit AP activity 
and the ability of phytoplankton to acquire dissolved organic phosphate (Shaked et al., 
2006; Jakuba et al., 2008). 
 
1.2.3. Trace metals and productivity  
In most oceanic regions, primary production is limited by macronutrients and 
light (e.g. Maranon et al., 1999; Arrigo, 2005; Mather et al., 2008). The observation that 
phytoplankton communities were lower than expected in regions where macronutrients 
were replete led early workers to hypothesise that Fe, and other trace metals, may be 
limiting phytoplankton growth in these regions and their ability to remove available 
macronutrients (Gran, 1931; Hart, 1934).  
Despite these early observations, the significance of Fe in these High Nutrient 
Low Chlorophyll (HNLC) regions was not determined until the late 1980’s following 
the development of clean sampling and handling techniques (Bruland et al., 1979). The 
first oceanographically consistent Fe determinations were published by Landing and 
Bruland (1987), Martin and Gordon (1988) and Martin et al. (1989) as part of the 
VERTEX programme. These findings indicated that dissolved Fe (dFe) concentrations 
in Eastern Pacific surface waters were < 1 nM, an order of magnitude lower than 
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previously reported. In addition to the vertical concentration profiles obtained at this 
time, ship-board experiments using Fe additions to surface seawater revealed the 
existence of Fe limitation in the HNLC regions of the sub-Arctic and Equatorial Pacific 
(Martin et al., 1991) and Southern Ocean (Martin et al., 1990a). These HNLC regions 
account for between 30 and 40 % of the surface waters in the world’s oceans (Moore et 
al., 2002; Boyd and Ellwood, 2010) (Fig. 1.3).  
 
 
 
 
 
 
 
Figure 1.3. Distribution of net primary productivity in the oceans with the major HNLC 
regions marked with stars. HNLC regions are replete with macronutrients but exhibit 
low rates of primary production. Adapted from NASA Earth Observatory 
(www.nasa.gov/centers/ goddard/news /top- story/2003/0815oceancarbon.html; 
accessed 2.9.2013).  
In accordance with this, John Martin published the “Iron Hypothesis” in 1990 (Martin, 
1990), which explicitly suggested that an increase in Fe input to HNLC regions, via 
atmospheric dust deposition, could stimulate primary productivity and carbon export 
with significant impacts for the global climate. This hypothesis was based on an inverse 
Net primary productivity (g C m
-2
 y
-1
) 
600 200 400 0 800 
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relationship found between CO2 and Fe concentrations (inferred from aluminium data) 
in the Vostok ice cores.  
Since 1993, 12 mesoscale in situ Fe fertilization experiments have been 
conducted covering the three major HNLC regions (de Baar et al., 2005; Boyd et al., 
2007). The experiments have included IronEx I and II in the Equatorial Pacific (Martin 
et al., 1994; Coale et al., 1996), SEEDS I and II in the sub-Arctic Pacific (Tsuda et al., 
2003; 2007), as well as SOFeX North and South, and SOIREE in the Southern Ocean 
(Boyd et al., 2000; Coale et al., 2004). Observations from these studies showed that 
whilst an increased Fe supply may directly enhance primary productivity, the time 
scales (< 2 months) and spatial dimensions (a few tens of km) of fertilization 
experiments do not permit the fate of Fe induced POC export to the interior ocean to be 
assessed (de Baar et al., 2005; Boyd et al., 2007; Watson et al., 2008). Thus, few 
fertilization experiments to date have firmly proven the export of POC, albeit modest, to 
deeper waters (Bidigare et al., 1999; Buesseler et al., 2004; Smetacek et al., 2012). This 
has led Watson et al. (2008) to argue that only by combining observations with 
modelling studies can we effectively assess the evolution of an Fe induced 
phytoplankton bloom and the efficiency of Fe fertilization experiments in sequestering 
CO2. When a modelling approach was applied to SOIREE (Watson et al., 2000), results 
suggested that Fe additions could result in an enhanced, but modest, POC export flux. In 
addition, modelled results by Moore et al. (2002) suggest that an increase in 
atmospheric Fe inputs, to a situation where Fe was non-limiting in global surface waters, 
would result in enhanced POC export. In this modelled scenario, almost three times the 
POC export occurs at non-limiting surface Fe concentrations (16.5 Gt C y
-1
) compared 
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with the absence of an atmospheric input (5.8 Gt C y
-1
), with increases mainly occurring 
in HNLC regions.  
Whilst the long term sequestration of atmospheric CO2 through ocean artificial 
Fe fertilization remains poorly constrained, the role of Fe for carbon export continues to 
be evaluated with the focus of recent studies turning to the natural Fe fertilization of the 
surface ocean, which can be observed over greater time scales (Pollard et al., 2009; 
Achterberg et al., 2013). Results from the CROZEX natural Fe fertilization experiment 
indicate that annual POC fluxes from a naturally Fe fertilized region of the sub-
Antarctic Southern Ocean are two to three times larger than then POC fluxes from and 
adjacent HNLC area not fertilized by Fe (Pollard et al., 2009). In addition, Blain et al. 
(2008) showed that natural Fe fertilisation of surface waters above the Kerguelen 
Plateau was 10 – 150 times more efficient at exporting carbon below 200 m than 
artificial Fe fertilization experiments. 
Whilst Fe is perhaps the most important of all the bioactive trace metals with 
regards to its influence on oceanic primary productivity, and has therefore historically 
received the most attention, it has recently become clear that the availability of other 
trace metals, such as Zn, may be important in regulating primary productivity. For 
example, the low chlorophyll concentrations of the oligotrophic Sargasso Sea are 
thought to result from growth limiting Zn and Co concentrations and the subsequent 
inhibition of dissolved organic phosphorus acquisition (Shaked et al., 2006; Jakuba et 
al., 2008). In addition, a number of culture studies have found phytoplankton growth to 
be limited by several trace metals, including Fe, Zn, Co, at the range estimated for 
surface seawater (e.g. Sunda and Huntsman, 1992; 1995a,b; de la Rocha et al., 2000; 
Saito and Goepfert, 2008). 
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   As discussed by Morel (2008), the phenomenon of trace metal limitation arises 
from the complex co-evolution of planktonic life forms and ocean chemistry, whereby 
the biological utilisation of trace metals has evolved to closely match their fluxes to the 
surface ocean. The simplest way to look at how phytoplankton and ocean chemistry 
interact to influence the limitation of ocean productivity is to compare the 
stoichiometric composition of the two. Using phosphate to normalise essential trace 
elements, Morel (2008) report the following stoichiometric formulae: 
Deep Pacific Ocean: P1000 Fe0.22 Zn3.1 Cu0.75 Cd0.33 Mn0.10 Co0.07  Eq. 1.1 
Pacific phytoplankton: P1000 Fe4.1 Zn2.4 Cu0.45 Cd0.54 Mn0.35 Co0.2 Eq. 1.2 
While these formulae are only approximate, it is clear that the stoichiometric 
coefficients of the trace metals (defined as their mole ratio to P) are for the most part 
within the same order of magnitude in both the deep ocean and phytoplankton biomass. 
Thus, in steady state, phytoplankton uptake of, and limitation by, trace elements in the 
surface ocean must resemble their total supply, i.e. upward vertical flux, recycling flux 
and atmospheric flux (which is small for most trace metals except Fe) (Morel, 2008). 
The two exceptions to this are Fe and Co, which are one order of magnitude 
lower in the deep ocean (Eq’s 1.1 and 1.2). Both of these elements are susceptible to 
removal by scavenging processes in ocean interior (Bruland and Lohan, 2003; Measures 
et al., 2012). Hence, when nutrient rich deep water is returned to the surface ocean via 
upwelling or other ocean currents, the ratio of dissolved Fe and Co to the accompanying 
macronutrients is significantly below that required for biological uptake (Eq. 1.1 and 
1.2), which could limit phytoplankton growth.  
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In the case of Fe, the difference between the phytoplankton and deep ocean 
stoichiometric coefficients may be explained by the large atmospheric flux relative to 
other trace metals. In the case of Co, which has a minimal atmospheric input, the 
difference may reflect metal substitution in phytoplankton enzymatic processes and/or 
efficient recycling in the surface ocean. For example, the four-fold lower Zn:Co ratio in 
phytoplankton compared to the deep ocean suggests that the kinetics of metal uptake in 
the surface ocean leads to a greater uniformity of these metals in phytoplankton than the 
deep ocean, reducing the potential for growth limitation (Morel, 2008). Zinc is not 
scavenged at depth due to its high solubility in seawater and therefore elevated Zn 
concentrations may be returned to the surface ocean with upwelling and other ocean 
currents (Bruland and Lohan, 2003; Jakuba et al., 2012). If the upward fluxes of Zn and 
Co are proportional to their concentrations in deep water multiplied by the rate of 
vertical mixing, then the upward flux of Zn is 44 times greater than the upward flux of 
Co. Similarly, if their rates of incorporation into phytoplankton biomass are 
proportional to their concentrations in the biomass multiplied by their average growth 
rate, the incorporation of Zn into phytoplankton biomass is only a factor of 12 greater 
than that of Co. It therefore appears that Co may be recycled more efficiently than Zn in 
the surface ocean (Morel, 2008), possibly reducing the effects of Zn limitation through 
metal co-substitution in regions lacking in a steady input of Zn to surface waters.  
Determining the relative importance of factors such as external inputs, surface 
ocean recycling, the biological pump, metal substitution and ocean chemistry on global 
ocean primary productivity requires more data than presently available. A region by 
region analysis is required that takes into account the variable stoichiometry of 
phytoplankton adapted to different oceanographic conditions. This is exemplified in 
Chapter 1 
19 
 
Figure 1.4, which shows trace metal cellular quotas of four marine eukaryotic 
phytoplankton, clearly highlighting the trace element variability between phyla in both 
oceanic and coastal regimes.  
 
Figure 1.4. The average cellular trace element quotas in four eukaryotic phytoplankton 
phyla. Elements are normalized to phosphorus (mmol mol
-1
). Adapted from Ho et al. 
(2003). 
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Such variability includes the potential for trace metal induced changes in phytoplankton 
community structure and ecosystem functions, such as primary production, which, 
given the current concerns over atmospheric CO2 concentrations, is vitally important to 
climate regulation.   
In addition to limiting net community primary productivity, it has become 
apparent in recent years that trace metals, such as Fe, Zn and Co, also play vital 
intermediary roles in oceanic nutrient cycling due to their involvement in processes, 
such as N2 fixation (Mills et al., 2004; Coles and Hood, 2007; Moore et al., 2009) and 
organic phosphorus acquisition (Shaked et al., 2006; Jakuba et al., 2008; Saito and 
Goepfert, 2008) (Table 1.1 and Fig. 1.2). For example, N2 fixation in surface waters of 
the western tropical North Atlantic, which can provide up to 70 % of the nitrogen 
demand during bloom conditions (Carpenter et al., 1999) is considered to be controlled 
by Fe availability (Moore et al., 2009). However, the notion that N2 fixation is 
universally controlled by Fe is being replaced by a more complex understanding that 
allows for limitation by other nutrients such as phosphate (Arrigo, 2005), or even co-
limitation by Fe and phosphate (Mills et al., 2004). The concept of Fe and P co-
limitation of N2 fixation is particularly relevant in certain locations, such as the 
oligotrophic surface waters of the North Atlantic and North Pacific (Karl et al., 1997; 
Mills et al., 2004).  
Similarly, Zn serves as a cofactor in several extracellular phosphatases, which 
allow phytoplankton to acquire phosphate from organic phosphorus compounds 
(Shaked et al., 2006) in oligotrophic ocean regions. At low Zn concentrations or 
availability, the synthesis of these Zn containing metalloenzymes may be limited, 
leading to Zn-P co-limitation of phytoplankton growth. Such Zn-P co-limitation has 
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been reported recently for the oligotrophic Sargasso Sea (Jakuba et al., 2008), a region 
where the overall autotrophic community appears to be co-limited by N and P (Moore et 
al., 2008). Considering that the dissolved organic phosphorus pool is reported to support 
20 % of primary production in the North Atlantic sub-tropical gyre (Mather et al., 2008), 
the Zn-P limitation of phytoplankton growth may exert an important influence on the 
efficiency of the oceanic biological pump.  
 
1.2.4. Oceanic distributions of iron, zinc and cobalt 
Open ocean dissolved Fe, Zn and Co concentrations are presented in Tables 1.3, 
1.4 and 1.5 respectively. Note that the chemical dissolved form in these Tables is 
operationally defined by physical size fractionation. In some studies listed below it is 
defined as < 0.2 µm and in others < 0.45 µm. Both of these fractions will include the 
truly soluble fraction (operationally defined as < 0.02 µm) and part of the colloidal 
fraction (0.02 - 1 µm) of each metal.  
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Table 1.3. Dissolved iron concentrations in the open ocean (dissolved defined as either < 0.2 µm or < 0.4 µm). 
Fe Concentrations (nM) 
Ocean Surface (0 – 25 m) Depth (> 500 m) References 
Atlantic    
NE Atlantic 0.14 – 0.6 0.2 – 2 Ussher et al. (2007) 
NW Atlantic 0.73 – 1.35 0.55 – 1.18 Fitzsimmons et al. (2013) 
NW Atlantic (Sargasso Sea) 0.3 – 1.6 0.2 – 0.7 Shelley et al. (2012) 
N Atlantic gyre (W) 0.2 – 1.6 2 (200 m) Ussher et al. (2013) 
Tropical N Atlantic (4 – 18° N)  0.1 – 1.3 ≤ 2 (200 – 800 m) Measures et al. (2008) 
Equatorial Atlantic 0.1 – 0.2 0.6 – 1 Measures et al. (2008) 
S Atlantic gyre  0.05 – 0.3 0.4 – 0.7 Noble et al. (2012) 
SW Atlantic 0.2 – 0.4 0.27 – 0.47 Bergquist and Boyle (2006) 
SE Atlantic (Benguela OMZ) 0.1 – 0.3 0.4 – 2.2 Noble et al. (2012) 
    
Pacific    
Sub-Arctic Pacific 0.1 – 0.3 0.6 – 1.6 Uchida et al. (2013) 
N Pacific gyre 0.37 0.22 – 0.45 Bruland et al. (1994) 
Equatorial Pacific 0.2 – 0.9 1 - 2 Slemons et al. (2010) 
S Pacific gyre 0.09 – 0.2 0.07 – 0.29 (300 – 400 m) Blain et al. (2008) 
SE Pacific (Chilean OMZ) 0.08 – 0.32 0.33 – 1.61 (300 – 400 m) Blain et al. (2008) 
    
Southern Ocean    
Atlantic sector (sub-Antarctic) 0.17 – 0.3  0.28 - 0.65 Klunder et al. (2011) 
Pacific sector 0.09 – 0.35 0.15 – 0.32 (300 m) Measures and Vink (2001) 
Indian sector 0.1 – 1.05 0.12 – 2.08 (300 – 750 m) Planquette et al. (2008) 
Australian sector 0.05 – 0.7 0.09 – 0.45 (300 m) Sedwick et al. (2008) 
Weddell Sea 0.08 – 0.41 0.3 – 0.8 Klunder et al. (2011) 
Ross Sea 0.1 – 2.3 0.1 – 0.3 Sedwick and DiTullio (1997) 
    
Indian    
Arabian Sea 0.09 – 0.36 0.77 – 1.52 Nishioka et al. (2013) 
Indian (central) 0.02 – 0.09 0.15 – 2.06 Nishioka et al. (2013) 
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 Table 1.4. Dissolved zinc concentrations in the open ocean (dissolved defined as either < 0.2 µm or < 0.4 µm). 
 
 
 
Zn Concentrations (nM) 
Ocean Surface (0 – 25 m) Depth (> 500 m) References 
Atlantic    
NE Atlantic 0.28 – 0.64 0.70 – 2.03 Ellwood and van den Berg (2000) 
NE Atlantic (incl. European shelf) 0.07 – 4.8  Kremling and Streu (2001) 
NW Atlantic 0.08 – 1.32  Jakuba et al. (2008) 
Greenland Sea 0.5 – 5.25  Pohl et al. (1993) 
    
Pacific    
Sub-Arctic Pacific 0.10 – 1.15 6.82 – 10.30 Jakuba et al. (2012) 
Bearing Sea (HNLC) 0.06 – 0.2   Leblanc et al. (2005) 
NE Pacific 0.08 – 0.37 4.58 – 9.63 Bruland (1980) 
NE Pacific 0.04 – 0.90 3.43 – 14.4 (200 – 400 m) Lohan et al. (2002) 
    
Southern Ocean    
Atlantic sector 0.8 – 5.3 (< 40 m)  4.5 – 8.0 Löscher (1999) 
Pacific sector (HNLC) 0.006 – 0.06  Ellwood (2004) 
Australian sector 0.20 – 0.45 0.6 – 3.4 Ellwood (2008) 
Ross Sea 0.24 – 2.81 4.88 – 7.11 (200 – 375 m) Fitzwater et al. (2000) 
    
Indian    
S Indian  0.02 – 0.24 0.30 – 3.86 Gosnell et al. (2012) 
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 Table 1.5. Dissolved cobalt concentrations in the open ocean (dissolved defined as either < 0.2 µm or < 0.4 µm). 
a
Unfiltered samples 
Co Concentrations (pM) 
Ocean Surface (0 – 25 m) Depth (> 500 m) References 
Atlantic    
NE Atlantic 33 31 - 41 Ellwood and van den Berg (2001) 
NW Atlantic (Sargasso Sea) 18 – 63 30 – 70  Shelley et al. (2012) 
N & S (E) Atlantic (open ocean inc. gyres) 36 – 53a  Bowie et al. (2002a) 
N & S (E) Atlantic (upwelling and shelf) 47 – 93a  Bowie et al. (2002a) 
SW Atlantic (upwelling and shelf) 73
a 
 Bowie et al. (2002a) 
S Atlantic gyre (central) 6 – 25 60 – 100  Noble et al. (2012) 
SE Atlantic (Benguela OMZ) 40 – 110  30 – 155 Noble et al. (2012) 
    
Pacific    
Gulf of Alaska < 10 - > 20  Martin et al. (1989) 
NE Pacific 109 - 119 24 - 59 Knauer et al. (1982) 
NW Pacific 95 22 - 58 Wong et al. (1995) 
N Pacific (near Hawaii) 10 - 20 40 - 80 Noble et al. (2008) 
    
Southern Ocean    
Atlantic sector 7 – 36  24 – 73  Bown et al. (2011) 
Australian sector 10 - 30 20 - 55 Ellwood (2008) 
Ross Sea 31 - 51  Bertrand et al. (2007) 
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In order to discuss the distributions of Fe, Zn and Co in the oceans it is 
necessary to consider them in terms of their chemical behaviour throughout the water 
column. The vertical distribution of trace metals in seawater can be categorised into four 
broad classifications based on the sources and sinks to the water column trace metal 
inventory: conservative, nutrient-like, scavenged-type, and hybrid-type (Bruland and 
Lohan, 2003).  
Nutrient-like 
Trace elements with nutrient-like distributions are dominated by the internal 
cycles of biologically derived particulate material (e.g. Zn). Consequently, the 
concentrations of these elements are depleted at the surface due to biological 
assimilation and increase in sub-surface waters (Bruland and Franks, 1983; Löscher, 
1999; Lohan et al., 2002) as sinking organic particulate matter undergoes 
decomposition and remineralisation in the interior ocean (Fig. 1.1). In addition, nutrient-
like elements are not readily scavenged in the deep ocean and thus their concentrations 
increase with the thermohaline circulation of oceanic deep waters (Bruland and Lohan, 
2003). The concentrations of these elements are therefore, greater in the older waters of 
the deep Indian and Pacific Oceans relative to the Atlantic. Nutrient- like elements 
typically have intermediate oceanic residence times (10
3
 – 105 y) (Table 1.2) because a 
portion the sinking particulate organic matter settles to the sea floor where it becomes 
incorporated into the fossil record (Fig. 1.1). 
Scavenged-type 
Scavenged elements are extremely particle reactive (e.g. aluminium), rapidly 
sorb onto sinking particulate material and thus have short oceanic residence times (~ 10
2 
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– 103 y). External processes markedly change the concentrations of scavenged elements 
because their fluxes are large relative to the internal mixing rate. In general, the 
concentrations of these elements exhibit maxima near major sources such as rivers, 
atmospheric deposition events, bottom sediments and hydrothermal vents (e.g. Vink and 
Measures, 2001; Statham et al., 2005; Measures et al., 2008). Owing to continued 
particle scavenging, the concentrations of scavenged metals tend to decrease with 
thermohaline circulation of deep waters, thus concentrations in the deep Pacific are 
generally lower in the deep Pacific than in the deep Atlantic.  
Hybrid-type 
 Some trace metals, such as Fe and Co, have distributions that are strongly 
influenced by both recycling and relatively intense scavenging processes. As with 
nutrient-type metals, hybrid elements may be depleted in open ocean surface waters 
such as HNLC regions and appear to be regenerated with depth. However, in 
oligotrophic waters, particularly in regions of high atmospheric dust deposition, hybrid 
trace metals can exhibit surface water maxima more indicative of scavenged elements 
(Johnson et al., 1997; Measures et al., 2008). In deeper waters (below ~ 1000 m), 
hybrid trace metal concentrations remain relatively constant, balanced by rates of 
organic particle remineralisation and particulate scavenging (Johnson et al., 1997). As 
“hybrid-type” is a relatively new term to describe oceanic trace metal vertical profiles, 
the oceanic residence time of trace metals that fall into this category show large 
variability. The residence time for Fe, as an example, is estimated to be 100 – 200 y 
(Table 1.2), considerably less than the oceanic mixing time and therefore, the deep 
waters of the Pacific are not enriched with Fe relative to the deep waters of the Atlantic 
(Johnson et al., 1997; Bruland and Lohan; 2003).  
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Iron 
 Concentrations of dissolved Fe (dFe) in open ocean surface waters generally 
range from 0.02 to 1 nM and reach maximum concentrations of ~ 2 nM in deeper waters 
(Table 1.3). Figure 1.5 provides a comparison the vertical dFe profiles from high 
latitudes of the HNLC North Atlantic and North Pacific. Also shown in Figure 1.5 are 
the dFe data from the upper 1000 m of the highly stratified North Atlantic gyre.     
 
Figure 1.5. Vertical profiles of dissolved iron from high latitudes of the North Atlantic 
(white and black diamonds) (59° N, 20° W and 47° N, 20° W; data from Martin et al., 
1993) and the North Pacific (circles) (50° N, 145° W; data from Martin et al., 1989). 
Also shown are dissolved iron data from the upper 1000 m of the highly stratified North 
Atlantic gyre (triangles) (30° N, 45° W; data from Bergquist and Boyle, 2006).  
 
In the North Atlantic and North Pacific profiles, the lowest dFe concentrations 
(< 0.2 nM) are observed in the upper 100 m of the water column due to biological 
uptake. Within intermediate waters (~ 200 – 1500 m), the dFe concentrations increase 
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as organic material is decomposed and Fe remineralised. Below 1000 m, the dFe 
profiles from the Atlantic and Pacific are not significantly different. It is hypothesised 
that the lack of inter-basin fractionation between the Atlantic and the Pacific Oceans 
may result from the organic speciation of dFe by strong Fe-binding ligands that act to 
reduce the scavenging rate at dFe concentrations less than 0.6 nM (Johnson et al., 1997). 
These ligands have been found in both the Atlantic and Pacific at concentrations near 
0.6 nM and are thought to be the principal mechanism maintaining the hybrid-type dFe 
profile.  
 As observed from the North Atlantic gyre profile in Figure 1.5, surface waters in 
oligotrophic gyres can exhibit surface dFe maxima, often above 1 nM  in regions 
associated with large atmospheric Fe fluxes (e.g. Shelley et al., 2012; Fitzsimmons et 
al., 2013; Ussher et al., 2013) (Table 1.3). Here, the vertical dFe profiles can often 
resemble a scavenged-type trace metal, a phenomenon that Bruland et al. (1994) 
attributed to rapid remineralisation of organic material in a strongly stratified surface 
mixed layer. In such conditions there is little vertical transport of organic matter to the 
interior ocean or macronutrients to the surface mixed layer, resulting in an accumulation 
of trace metals, such as Fe, from atmospheric dust deposition to the surface ocean.  
Zinc 
Dissolved Zn (dZn) concentrations in the open ocean range from 0.01 – 1 nM in 
surface waters to ~ 10 nM in deep waters (Table 1.4). As with Fe, the vertical 
distributions of dZn in the HNLC high latitude North Atlantic and Pacific oceans are 
compared in Figure 1.6A. Zinc concentrations are lowest (< 0.5 nM) in the upper 100 m, 
depleted by biological assimilation and export. Concentrations of dZn as low as 40 pM 
have been reported for the HNLC northeast Pacific (Lohan et al., 2002). In deep waters, 
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dZn reaches a constant concentration that can be up to 100 times greater than observed 
at the surface (Martin et al., 1989). As such, mechanisms that return dZn and other 
nutrient-like elements from the deep ocean to the surface waters, such as upwelling and 
other ocean currents, provide an important control on surface ocean primary 
productivity (Sarmiento et al., 2004; Ellwood, 2008; Palter et al., 2010). 
 
 
Figure 1.6. Vertical profiles of dissolved (A) zinc and (B) silicate observed at high 
latitudes of the North Atlantic (59° N, 20° W; data from Martin et al., 1993) and North 
Pacific (50° N, 145° W; data from Martin et al., 1989). Adapted from Bruland and 
Lohan, (2003).  
In contrast to dZn, the free Zn ion (Zn
2+
) concentration in deeper waters can be > 
1000 times higher than in surface waters Bruland et al. (1991). The difference between 
the dissolved and free ion Zn concentrations is thought to be linked to the presence of 
Zn-binding ligands in excess of the dZn concentration at depths above ~ 300 m, thus a 
high degree of organic speciation helps maintain Zn in solution. 
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As observed in Figure 1.6A, Zn concentrations display a strong inter-basin 
fractionation, typical of nutrient-type trace metals. In intermediate mesopelagic waters, 
the inter-basin differences may reflect the phyico-chemical processes occurring in the 
water column, such as organic matter remineralisation, re-supply by advection and 
mixing. Below 1000 m, as deep waters follow the main path of thermohaline circulation 
their Zn concentrations gradually increase through organic matter remineralisation so 
that their deep North Pacific values are a factor of 5 higher than observed in the deep 
North Atlantic (Bruland and Lohan, 2003) (Table. 1.4). 
As widely reported, the oceanic dZn profile is similar to that of dissolved silicate 
(e.g. Bruland et al., 1978; Lohan et al., 2002; Croot et al., 2011) (Fig. 1.6B), thought to 
be a result of the presence of Zn in silicate uptake transport proteins (Grachev et al., 
2005; 2008; Danilovtseva et al., 2009) (Table 1.1). Hence, deep water silicate 
concentrations increase by a factor of 10 between the North Atlantic and Pacific oceans. 
The dissolved Zn and silicate data available for oceanic deep waters (< 1000 m) has led 
Marchitto et al. (2000) to propose a global linear relationship between dZn and silicate: 
[Zn] (nM) = 0.052[Si] (µM) + 0.79 that can be used to estimate deep water dZn 
concentrations in the absence of trace metal data but available silicate data.  
Cobalt 
 In the open ocean, dissolved Co (dCo) generally falls into the hybrid-type 
category since its oceanic distributions are often controlled by a combination of 
nutrient-like processes in surface waters and scavenging processes in intermediate and 
deep waters (Noble et al., 2008; Saito et al., 2010; Bown et al., 2011; Shelley et al., 
2012). These scavenging processes prevent the accumulation of dCo in deep waters 
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with thermohaline circulation (Saito and Moffett, 2002). Figure 1.7 compares the dCo 
vertical profiles from the HNLC high latitude North Atlantic and Pacific Oceans. 
 
 
 
 
 
 
 
 
Figure 1.7. Vertical profiles of dissolved cobalt from high latitudes in the North Atlantic 
(47° N, 20° W; data from Martin et al., 1993) and North Pacific (50° N, 145° W; data 
from Martin et al., 1989). Adapted from Morel (2008).  
 
In surface waters, dCo concentrations generally range from 1 to 40 pM (Table 
1.5) and reach maximum values of 50 – 150 pM in intermediate mesopelagic waters 
coinciding with minimum oxygen concentrations (Saito and Moffett, 2002; Bown et al., 
2011; Noble et al., 2012). These elevated concentrations may result from increased 
remineralisation rates and low scavenging rates under low oxygen conditions (Noble et 
al., 2012). In addition, organic speciation may promote the stabilisation of the soluble 
Co(II) redox state favoured by oxygen minimum zones. For example, in the low oxygen 
waters of the mesopelagic Southeast Atlantic, Bown et al. (2012) reported that > 75 % 
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of the dCo was stabilised by organic complexes. Below the mesopelagic Co maximum, 
concentrations decrease with further depth to between 10 and 40 pM (Knauer et al., 
1982; Martin et al., 1989; 1993; Saito and Moffett, 2002). Like Fe, deep water Co 
concentrations do not increase with thermohaline circulation through the deep ocean 
basins and instead, tend to decrease between the deep Atlantic and deep Pacific (Fig. 1.7) 
owing to continued particle scavenging.  
 
1.3.1. Sources and sinks of trace metals to the oceans 
Trace metals that enter the world’s oceans are derived from either the 
continental crust or the oceanic crust. Much of the material transported to the oceans is 
mobilised during natural crustal weathering or volcanic activity. In addition, pollutant 
material is mobilised during a variety of anthropogenic activities including industrial 
and agricultural practices or weathering processes such as acid rain erosion. A 
conceptual model of the marine biogeochemical cycle for the trace metals Fe, Co and 
Zn is represented in Figure 1.8.  
The principle routes by which both natural and anthropogenically derived trace 
metals reach the oceans are fluvial (river) and atmospheric transport. Trace metals are 
delivered to the oceans from the oceanic crust via weathering of basalt rocks and high-
temperature hydrothermal activity (Chester, 2003). Processes removing trace metals 
from the oceans include active biological uptake by phytoplankton and passive 
scavenging onto living and dead particulate material (Johnson et al., 1997; Wu et al., 
2001; Bruland and Lohan, 2003). Whilst a large portion of this particulate material, 
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along with its associated trace metals, is internally recycled, the ultimate sink of trace 
metals is generally marine sediments following particle export.    
 
Figure 1.8. Conceptual model showing the main processes involved in the 
biogeochemical cycling of iron, cobalt and zinc in the oceans and major input and 
removal mechanisms. 
Whilst the processes and mechanisms described above are common for all trace 
metals, the relative importance of these pathways varies considerably between the 
elements, both spatially and temporally (Table 1.6). For example, the atmospheric 
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transport and deposition of dust-derived Fe is greatest in lower latitudes, and greater in 
the Atlantic Ocean than in the Pacific, Indian or Southern Oceans (Jickells et al., 2005).  
Table 1.6. The elemental flux of some bioactive metals to the world’s oceans from the 
major sources; units, mol y
-1
. Adapted from Chester (2003). 
Element 
Fluvial 
gross flux 
(particulate 
+ dissolved) 
Atmospheric 
gross flux 
(particulate 
+ soluble) 
Fluvial net 
particulate 
flux 
Atmopsheric 
particulate 
flux 
Fluvial net 
dissolved  
flux 
Atmospheric 
soluble  
flux 
Hydro-
thermal 
dissolved 
flux 
Al 54 x 1012 0.31 x 1012 5.4 x 1012 0.24 x 1012 6.0 x 1010 1.2 x 1010  6.0 x 108 
Fe 13.3 x 10
12 0.065 x 1012 1.3 x 1012 0.06 x 1012 2.3 x 1010 0.28 x 1010 19 x 1010 
Co 056 x 1010 0.004 x 1010 0.05 x 1010 0.003 x 1010 0.013 x 1010 0.68 x 107 68 x 105 
Zn 6.0 x 10
10 0.25 x 1010 0.6 x 1010 0.17 x 1010 1.4 x 1010 0.08 x 1010 0.32 x 1010 
Mn 30 x 1010 0.14 x 1010 2.9 x 1010 0.1 x 1010  0.55 x 1010 0.04 x 1010 3.4 x 1010 
Cu 2.5 x 1010 0.06 x 1010 0.24 x 1010 0.04 x 1010 0.5 x 1010 0.01 x 1010 13 x 108 
 
1.3.2. Atmospheric deposition 
The atmospheric transport and deposition of continentally derived lithogenic 
particles (commonly referred to as dust) is a major source of trace metals to the oceans 
(Duce and Tindale, 1991; Jickells et al., 2005; Ussher et al., 2013). In regions of the 
ocean far from fluvial or hydrothermal influences, atmospheric dust deposition may be 
the only source of trace metals, thus having a significant effect on surface ocean 
biogeochemistry.  
Dust becomes entrained in the troposphere when high velocity winds blow 
across regions of erodible surfaces such as deserts. This dust is transported to the oceans 
where it enters through dry and wet deposition mechanisms (Helmers and Schrems, 
1995; Sarthou et al., 2003). The distance that dust particles are transported is generally 
dependant on the particle size and the rate of gravitational settling (Maring et al., 2003; 
Kallos et al., 2006). For example, the residence time of dust particles in the troposphere 
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ranges from days for particles > 2.5 µm, to weeks for smaller particles (Perry et al., 
1997; Maring et al., 2003; Kallos et al., 2006). 
Atmospheric dust concentrations, and hence the dry and wet deposition of dust 
to the oceans, are highly variable both spatially and temporally and yet are relatively 
well understood (Prospero and Lamb, 2003; Jickells et al., 2005). For instance, Jickells 
et al. (2005) have estimated that the world’s oceans receive an annual atmospheric dust 
input of approximately 450 T g yr
-1 
(x 10
12
 g y
-1
). The spatial variability of this annual 
dust flux is shown in Figure 1.9. Of this dust flux, the North Atlantic receives 
approximately 43 % (194 Tg y
-1
) due to the influence of the seasonally oscillating 
Saharan dust plume between 0 and 30° N. In contrast, the South Atlantic receives only 
4 % (18 Tg y
-1
) of the global dust flux, the Indian Ocean 25 % (113 Tg y
-1
), the Pacific 
Ocean 21 % (95 Tg y
-1
) and the Southern Ocean 6 % (27 Tg y
-1
).  
 
 
 
 
 
 
 
Figure 1.9. Atmospheric dust fluxes to the world’s oceans based on a composite of three 
published modelling studies. Total atmospheric dust inputs to the oceans = 450 Tg y
-1
. 
Percentage inputs to the ocean basins are as follows: N. Atlantic, 43 %; S. Atlantic, 4 %; 
N. Pacific, 15 %; South Pacific, 6 %; Indian, 25 %; and Southern Ocean, 6 %. Taken 
from Jickells et al. (2005).  
Average dust deposition (g m
-2
 y
-1
) 
10 0.5 2 50 0.01 
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Calculations by Chester (2003) have estimated the atmospheric particulate flux 
of selected trace metals to the world’s oceans and these values are shown in Table 1.6. 
The particulate Fe flux of 0.06 x 10
12
 mol y
-1
 is several orders of magnitude greater than 
the values estimated for both Co and Zn, which is not surprising considering their 
relative abundance in the earth’s continental crust; Fe = 3.5 %, Zn = 0.0071 % and Co = 
0.0017 % (Taylor and McLennan, 1985; McLennan, 2001). However, only a fraction of 
the trace metals associated with atmospherically transported dust are soluble in seawater 
and therefore bioavailable to phytoplankton and bacteria (Spokes and Jickells, 1996; 
Baker and Croot, 2010; Thuróczy et al., 2010).  
The solubility of aerosol trace metals remains a key uncertainty in our 
understanding of marine trace metal biogeochemical cycles and their links with trace 
metal metabolism, primary production and the global carbon cycle. The uncertainties 
surrounding aerosol trace metal solubility result from the diverse range of techniques 
used in solubility estimates (Baker et al., 2006; Sholkovitz et al., 2012) and from the 
complex interactions that occur in both the atmosphere and oceans which alter trace 
metal solubility. Such interactions include aerosol source/mineralogy, atmospheric 
chemical/photochemical processing, aerosol size, the type of deposition (dry or wet), 
seawater dissolved metal concentrations, seawater metal-binding ligand concentrations 
and biological influences from phytoplankton and bacteria and grazing effects 
(Desboeufs et al., 1999; 2005; Baker and Jickells, 2006; Baker and Croot, 2010; 
Sholkovitz et al., 2012). As a consequence, the fractional solubility of aerosol trace 
metals such as Fe, Zn and Co show great variation between oceanic regions (e.g. Baker 
et al., 2006; Thuróczy et al., 2010; Shelley et al., 2012; Sholkovitz et al., 2012; Mason, 
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2013) with average open ocean solubility’s of 4.6 %, 45 %, and 22.5 % respectively 
(Chester, 1996; Fan et al., 2006).  
Based on the atmospheric trace metal particulate fluxes detailed in Table 1.6 and 
the average aerosol solubility for Fe, Zn and Co reported above, the estimated soluble 
atmospheric flux of Fe to the oceans is 0.28 x 10
10 
mol y
-1
, whilst for Zn the soluble flux 
is 0.08 x 10
10 
mol y
-1 
(Table 1.6). Both of these values are several orders of magnitude 
higher than the soluble atmospheric Co flux of 0.68 x 10
7 
mol y
-1
. An example of the 
soluble atmospheric Fe flux to the world’s oceans estimated using a three-dimensional 
model of dust entrainment, transport, deposition and solubility is shown in Figure 1.10 
(Behrenfeld et al., 2009). 
 
 
 
 
 
 
 
 
 
 
 
Figure 1.10. Atmospheric soluble iron deposition to the world’s oceans estimated using 
a three-dimensional model of dust entrainment, transport, deposition and solubility. 
Taken from Behrenfeld et al. (2009).  
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1.3.3. Fluvial inputs 
Much of the particulate material mobilised during both natural and 
anthropogenic weathering of the continental crust is transported to the land-sea margin 
by rivers (Boyle et al., 1974). As can be seen from Table 1.6, the gross fluvial flux 
(particulate + dissolved) therefore totally dominates the supply of trace metals to the 
oceans. Fluvial inputs however, are not considered a dominant source of trace metals to 
remote open ocean regions. What is also clear from Table 1.6 is that the difference 
between the fluvial gross and net fluxes is much larger than the atmospheric equivalent. 
This large difference is due to complex processes occurring in the estuarine 
environment.  
 Estuaries are mixing zones for fresh and saline water which results in complex 
boundary conditions in the estuarine mixing zone. As a result, riverine trace metals are 
subject to a variety of chemical, physical and biological processes that act as a filter 
(Sholkovitz and Copland, 1981; Turner and Millwood, 2002; Fitzsimons et al., 2011). 
The most important processes that occur in the estuarine mixing zone are desorption, 
adsorption and complexation, which interact to affect the partition of trace metals 
between the solution and suspended particulates (Sholkovitz and Copland, 1981; 
Santschi et al., 1997; Fitzsimons et al., 2011).  
Once in the mixing zone, trace metals are desorbed from the riverine suspended 
particulates due to the increased competition for binding sites from major seawater 
cations, such as Mg
2+ 
and Ca
2+
, that increase in concentration concomitant with 
increasing salinity, thereby enhancing the dissolved trace metal pool (van der Weijden 
et al., 1977; Li and Chan, 1979). The adsorption of dissolved trace metals by seawater 
inorganic anions and cations, such as Cl
-
, SO4
2-
, Mg
2+ 
and
 
Ca
2+
, followed by 
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sedimentation in the estuarine mixing zone, removes trace metals from the dissolved 
pool and therefore significantly reduces the gross fluvial input of trace metals to the 
marine environment (Sholkovitz and Copland, 1981; Escoube et al., 2009) (Table 1.6). 
This process is thought to remove up to 80 % of Fe at seawater Ca
2+
 concentrations but 
only 3 % of Co from river water at seawater Ca
2+
 concentrations. Crucially, the 
pioneering studies of Sholkovitz and Copland (1981) found that organic complexation 
increases the concentrations of dissolved trace metals at high salinities. The organically 
complexed trace metals can then be transported from the estuaries into the coastal 
oceans (Powell and Wilson-Finelli, 2003). In addition to chemical processing, the extent 
to which trace metals are removed is also a function of the river flow rate, tidal cycle 
and the size of the suspended particulate material to which the metal is adsorbed. For 
example, smaller sized particles are more readily retained in suspension during tidal 
cycles and at times of high flow rates, and thus may escape the mixing zone.     
The complex nature of the estuarine mixing zone, coupled with the spatial and 
temporal differences in riverine trace metal inputs makes it difficult to accurately 
determine the net flux of dissolved trace metals to the marine environment. Simple 
estimates based on the estimated global fluvial particulate flux of 15500 Tg y
-1
 (Chester, 
2003) may afford us an insight. According to Judson (1968), it is probable that 
approximately 90 % of the particulate material transported by rivers is trapped in 
estuaries. This would result in a global fluvial net particulate flux of 1550 Tg y
-1
. By 
following the same procedure it is possibly to estimate the fluvial net particulate flux of 
trace metals to the world’s oceans (Table 1.6) based on the gross flux estimates reported 
by Chester (2003). Subsequently, these authors calculated the dissolved fluvial flux of 
Fe and Zn to be 0.54 – 2.3 x 1010 mol y-1 and 0.04 – 1.4 x 1010 mol y-1 respectively 
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whilst the flux of Co is lower at 0.011 – 0.013 x 1010 mol y-1. It should be noted that for 
Zn, the fluvial net dissolved flux exceeds the net particulate flux, a situation that may 
arise when estuarine processes lead to the addition of dissolved components from the 
particulate phase. For example, Li et al. (1984) reported that the desorption of Zn 
increased with salinity but reported minimal Zn coagulation during estuarine mixing of 
the Hudson and Mississippi rivers. 
 
1.3.4. Hydrothermal inputs 
The discovery of hydrothermal vents on the deep ocean floor in the 1970’s has 
transformed our understanding of the sources and sinks of trace metals to the oceans. 
High concentrations of trace metals, including Fe, Co and Zn, have been reported in the 
vicinity of these vents (Fouquet et al., 1993; Boyle et al., 2005; Statham et al., 2005; 
Hardardóttir et al., 2009; Saito et al., 2013). In fact, the trace metal concentrations in 
these high temperature, reducing fluids have been reported to be enriched by 7 – 8 
orders of magnitude (German and Von Damm, 2003).  
The trace metal composition of hydrothermal vent fluids is controlled by a 
number of complex chemical and physical interaction that vary in both time and space 
(Tivey, 2007). For example, concentrations of Fe, Co and Zn in hydrothermal fluids 
venting from mid-ocean ridge sites range from 7 – 18700 µM, 0.02 – 1.43 µM and 79 – 
780 µM
 
respectively (Tivey, 2007; Hardardóttir et al., 2009). Given the high 
concentrations of Fe in hydrothermal fluids, and the fact that the global hydrothermal 
dissolved Fe flux (2.3 – 19 x 1010 mol y-1) is greater than the combined dissolved Fe 
flux from fluvial and atmospheric sources (Table 1.6), it is not surprising that recent 
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attention has focused on hydrothermal Fe as an important source of oceanic dissolved 
Fe (Statham et al., 2005; Boyle and Jenkins, 2008; Toner et al., 2009; Saito et al., 2013). 
Bennett et al. (2008) estimate that submarine venting may account for between 12 – 22 % 
of the global deep-ocean dissolved Fe budget. Furthermore, Tagliabue et al. (2010) 
argue that as hydrothermal dissolved Fe fluxes are constant over millennial timescales 
they may buffer the global oceanic dissolved Fe inventory against short-term (decadal) 
fluctuations in atmospheric dust deposition. Thus, hydrothermal Fe inputs may have a 
significant role in long-term climate regulation. However, recent results from Saito et al. 
(2013) suggest that the global Fe contributions from hydrothermal vents may be 
significantly higher than previously thought owing to a greater contribution from vents 
along slow-spreading ridges (previous assumed to be less significant than fast spreading 
ridges and therefore relatively unexplored). These authors calculated Fe contributions 
over the South Atlantic slow spreading ridge were 80 fold higher than reported for a 
plume emanating from faster spreading ridges in in the Southeastern Pacific. 
Hardardóttir et al. (2009) have also recently sampled mid-Atlantic ridge 
hydrothermal systems close to Iceland and report Fe and Zn concentrations of 154 – 
2431 µM and 79 – 393 µM respectively. These concentrations were several orders of 
magnitude higher than the concentrations observed in shallower waters above the vent 
(Fe = 0.8 µM and Zn = 0.3 µM) due to precipitation caused by boiling during ascent. 
Interestingly, Co concentrations in the hydrothermal fluids were below the limit of 
detection (< 0.2 µM) indicating, as shown in Table 1.6, that hydrothermal activity is not 
a major source of Co to the oceans. This hypothesis is supported by the findings of 
Noble et al. (2012) who report no hydrothermal input of Co along the same cruise track 
as Saito et al. (2013). 
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1.3.5. Sedimentary supply, upwelling, vertical mixing and lateral transport 
 Although atmospheric deposition is believed to be the principle mechanism by 
which trace metals enter the surface waters of the open ocean (see section 1.3.2), there 
are a number of regions where dust deposition is low (Fig. 1.9), such as the South 
Atlantic, the South Pacific and the Southern Ocean (Mahowald et al., 1999; Jickells et 
al., 2005). In these regions, alternative mechanisms may be as significant as the 
atmospheric trace metal flux. For example, recent estimates suggest that the 
sedimentary supply of dFe to the global ocean is similar to that of atmospheric 
deposition (Moore and Braucher, 2008). The sedimentary supply results from either 
reductive dissolution of Fe under low oxygen conditions, which has been shown to 
markedly increase the concentration of dFe in hypoxic bottom waters along the western 
coasts on North and South America (Bruland et al., 2005; Lohan and Bruland, 2008), or 
on a smaller scale, from the flux of non-reduced pore waters (Radic et al., 2011; 
Homoky et al., 2013). In addition, Saito et al. (2004) estimate that the dCo flux 
associated with the Peru upwelling region of 19.9 x 10
6
 mol y
-1
 is large enough to 
replenish 11 % of the entire Pacific dCo inventory. This flux is nearly three times the 
atmospheric soluble Co flux calculated by Chester (2003) (Table 1.6). Thus, the 
upwelling of metal-rich water at continental margins followed by lateral transport can 
provide an important mechanism for the supply of trace metals to the surface ocean and 
phytoplankton (e.g. Lohan and Bruland, 2008; Bruland et al., 2005). 
 In the North Pacific, Lippiat et al. (2011) report mesoscale anticyclonic eddies 
that are an important mechanism for the transport of elevated Fe from the Fe-rich but 
nitrate-poor Alaska Coastal Current to the HNLC central Gulf of Alaska. These authors 
suggest that these eddies can provide a source of Fe to this HNLC region, thereby 
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promoting and sustaining primary productivity within the eddy over its lifespan (> 3.5 
y). Similarly, the upwelling and vertical mixing of intermediate and deep waters, 
particularly at high latitudes, provides a significant return path for trace metals to the 
surface ocean. For example, observations by Klunder et al. (2011) and Croot et al. 
(2011) indicate that upwelling and mixing provide the principle supply of Fe and Zn 
respectively to surface waters of the Southern Ocean. It is therefore possible that the 
upward branch of the Meridional Overturning Circulation (MOC) may be a significant 
return pathway for trace metals to thermocline waters at low latitudes, as is the case for 
the macronutrients (Sarmiento et al., 2004; Palter et al., 2010). 
 
1.3.6. Regeneration 
 The process of internal recycling is particularly relevant to the nutrient-like trace 
metals such as Zn and to those that show aspects on nutrient-like behaviour (e.g. Fe and 
Co). Like the macronutrients, trace metals undergo multiple cycles of assimilation into 
biogenic particulate material within the surface ocean and release though decomposition 
and remineralisation at depth (Bruland and Lohan, 2003) (Fig. 1.8).  
For the purpose of this section, it may be informative to follow the example of 
Bruland and Lohan (2003) and describe the internal cycling of Fe and Co in terms of Zn 
cycling. Due to the specific cellular requirement for Zn by important biochemical 
functions (Table 1.1 and Fig. 1.2), dZn is rapidly taken up into phytoplankton cells 
where it may reside for a day or two before the cells are consumed by herbivorous 
zooplankton (Hutchins and Bruland, 1994). In the open ocean, the majority of Zn and 
other trace metals will be remineralised in the surface ocean where it will perhaps 
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undergo 10 further uptake and remineralisation cycles (Hutchins et al., 1993; Hutchins 
and Bruland, 1994). For Fe, whose internal cycle has been studied to a greater extent 
than Zn, the high cellular demand of phytoplankton phyla (Fig. 1.4) coupled with the 
rapid recycling within the microbial food-web has been termed the ‘Ferrous wheel’ 
(Kirchman, 1996). There is also evidence that Co is efficiently recycled in the surface 
ocean (Noble et al., 2008; Bown et al., 2011), and to a greater extent than Zn (Morel, 
2008).  
Zinc is eventually exported from the surface ocean to the interior ocean as part 
of the oceanic biological pump. Here, Zn is released back into the dissolved pool by 
either remineralisation of organic particulate matter and/or the oxidation of inorganic 
particulate matter (Bruland and Lohan, 2003). In the case of Fe, particle recycling in 
deeper waters is particularly important where Fe inputs from the surface or below are 
high (Planquette et al., 2009; Fitzsimmons et al., 2013; Ussher et al., 2013). In such 
scenarios, the recycling of particulate material with high Fe:C ratios, followed by 
upwelling, may provide an important source for dFe to surface waters as shown for the 
tropical North Atlantic (Ussher et al., 2013) and Crozet Islands (Planquette et al., 2009).   
Within a few hundred to a thousand years, the dZn can be returned to the surface 
ocean through upwelling where the cycle can repeat itself numerous times during the 
course of its oceanic residence time (Table 1.2) before being removed to the sediments.  
 
1.3.7. Removal mechanisms 
 The principle removal mechanisms for Fe and Co in the open ocean include 
active biological uptake and passive scavenging onto living and dead sinking particulate 
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material (Johnson et al., 1997; Wu et al., 2001; Bruland and Lohan, 2003). Diatoms are 
particularly important for the removal of Fe because of their high cellular requirement 
(Fig. 1.4) and their important role in new and export production (Smetacek, 1999). 
Some species of diatoms have a luxury uptake capability that allows then to store Fe at 
concentrations 10 – 30 times that required for maximum growth (Sunda and Huntsman 
1995b; Chen et al., 2011), a mechanism that allows them to accumulate excess Fe 
during periods of high Fe availability. For Co, another important removal mechanism 
appears to be biotic Co-Mn co-oxidation. For instance, due to their similar redox 
speciation, both Co and Mn can be co-oxidised via a common microbial pathway in 
regions of high microbial Mn-oxidising activity (Moffett and Ho, 1996). If the 
concentrations of Co or Mn oxides are also high, such as in regions with an advective 
margin source, then the subsequent co-precipitation can remove Co from the water 
column (Tebo et al., 1984; Moffett and Ho, 1996). For Zn, being a nutrient-like trace 
metal, the principle removal process is also biological uptake (Saito et al., 2010; Jakuba 
et al., 2012).   
   Whilst a large portion of trace metals removed from the water column by 
biological assimilation is internally recycled (see section 1.3.6), the ultimate sink of 
trace metals is generally marine sediments (Fig. 1.8). Once finally buried in the 
sediments, it may be hundreds of millions of years before these trace metals make their 
way back to ocean via atmospheric, fluvial or hydrothermal sources. 
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1.4.    The Atlantic Ocean  
The Atlantic Ocean, the second largest of the five major ocean basins, is 
characterised by contrasting biogeochemical provinces from polar to tropical, 
oligotrophic gyres to upwelling. Each of these provinces experiences different trace 
metal input and removal mechanisms. Due to global air mass circulation, the Atlantic 
Ocean receives almost half the annual input flux of continentally derived mineral dust 
(Jickells et al., 2005), a significant source of trace metals to surface waters of the open 
ocean (Buck et al., 2010a; Shelley et al., 2012; Ussher et al., 2013). Owing to the 
distribution of the major continental land masses, the North Atlantic receives the 
majority of this input flux, predominately from the Sahara Desert, whilst the South 
Atlantic receives the lowest flux of all the major ocean basins (Jickells et al., 2005).   
Trace metal studies in the Atlantic Ocean benefit from a number of time-series 
data. For example, situated in the Sargasso Sea, the Bermuda Atlantic Time-Series 
(BATS) station has been repeatedly sampled over the last few decades providing a large 
quantity of trace metal biogeochemistry data, e.g. the controls on dissolved Fe and Co 
concentrations in surface waters (Shelley et al., 2012). At the basin scale, the Atlantic 
Meridional Transect (AMT) (www.AMT-uk.org) time series programme has occupied 
hydrographic stations along a 12,000 km gyre centred transect between 50° N and 50° S 
for almost 20 years. In that time, 22 cruises have taken place that have allowed the 
biogeochemical cycles of important bioactive elements such as Fe and aluminium to be 
investigated (e.g. Bowie et al., 2002a; Moore et al., 2009; Ussher et al., 2013).  
GEOTRACES is an on-going international research programme which aims to 
improve the understanding of biogeochemical cycles and distribution of trace elements 
and their isotopes in the global oceans at an unprecedented scale. The central focus of 
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the programme is a series of cruises (GEOTRACES Sections) that cover the global 
oceans from the surface waters to the ocean floor. The completed GEOTRACES 
Sections along with the planned Sections are shown in Figure 1.11. The UK 
contribution to the GEOTRACES programme is helping to rapidly increase the 
observational data from the Atlantic Ocean and thereby adding to our understanding of 
global trace metal cycling. 
 
 
 
 
 
 
 
 
Figure 1.11. GEOTRACES study Sections including completed Sections (yellow), 
Sections completed as part of the GEOTRACES contribution to the International Polar 
Year, planned Sections (red). Taken from www.geotraces.org (13.9.2013).    
In addition to the AMT and GEOTRACES programmes, there are several other 
major international oceanographic programmes that are constantly adding to our 
knowledge of trace metal cycling in the Atlantic Ocean. These include the Surface 
Ocean Lower Atmosphere Study (SOLAS) and Climate Variability and Predictability 
(CLIVAR), which samples to 1000 m.   
0 
              Chapter 1     
48 
 
Presently, much of the attention in the Atlantic Ocean has focused on Fe and 
aluminium owing to importance of Fe in climate regulation and Al as a proxy for 
mineral dust (e.g. Vink and Measures, 2001; Bowie et al., 2002a; Measures et al., 2008; 
Dammshäuser et al., 2011; Fitzsimmons et al., 2013; Ussher et al., 2013). In 
comparison, relatively little is known about the biogeochemical cycling of Zn and Co in 
the Atlantic. The AMT and GEOTRACES programmes therefore provide an excellent 
opportunity to build on the work of previous oceanographic campaigns and improve our 
current understanding of Fe biogeochemistry, and further our understanding of Zn and 
Co biogeochemistry. 
 
1.5.    Aims and objectives      
The aims of the work presented in this thesis were to investigate the distribution 
of Fe, Zn and Co in the Atlantic Ocean and to determine how physical, chemical and 
biological interactions influence their cycling in very different ocean environments. In 
order to achieve this, samples were collected on three UK led research cruises. AMT-19 
was a large-scale transect between 50° N to 40° S in the Atlantic Ocean that sampled 
across diverse biogeochemical provinces, including the North and South oligotrophic 
gyres and the equatorial upwelling regime, and areas of high and low atmospheric dust 
deposition fluxes. The UK GEOTRACES Section A10 consisted of two separate 
research cruises located in the South Atlantic along the 40° S parallel, a region where a 
number of possible inputs and processes occur including atmospheric deposition (South 
American dust plume), fluvial inputs (Rio de la Plata estuary), surface currents 
(Agulhas Current and Brazil-Malvinas Current), Southern Ocean mode waters, and 
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hydrothermal venting (mid-Atlantic ridge), but where there is little understanding of the 
supply and biogeochemical cycling of trace metals. 
 Flow injection techniques, using both chemiluminescence (FI-CL) and 
fluorescence (FI-FL) detection systems, were optimised to determine these trace metals 
at picomolar to nanomolar concentration in samples from both coastal and open ocean 
regimes. These FI methods were used to measure total dissolved Fe and total 
dissolvable Fe during AMT-19 and dissolved Co and Zn as part of the UK 
GEOTRACES section A10 programme (cruises D357 and JC068).  
The key objectives were therefore: 
(I) Optimisation of sensitive, robust, flow injection systems capable of detecting 
dissolved Fe, Zn and Co, as well as total dissolvable Fe, at low 
concentrations (pM) in seawater samples, suitable for both laboratory and 
shipboard use. 
(II) Analyse GEOTRACES and SAFe intercalibration standards and to submit 
the results to the GEOTRACES Standards and Intercalibration Committee in 
order to improve the consensus values for dissolved Fe, Zn and Co. 
(III) Investigate the sources and biogeochemical cycling of Fe to the upper water 
column (≤ 150 m) of the North and South Atlantic Ocean, focusing on 
atmospheric dust deposition, biological Fe uptake and remineralisation.   
(IV) Determine the distribution and biogeochemical cycling of Zn and Co 
throughout the entire water column of the South Atlantic Ocean along the 40° 
S parallel.  
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(V) Investigate the seasonal impacts of Zn and Co concentrations in the 
Southeast Atlantic Ocean on their utilisation by phytoplankton, and how 
these trace metals influence phytoplankton community structure.  
(VI) Interpret Fe, Zn and Co data in conjunction with other hydrographic 
parameters to further our understanding of their biogeochemical cycling in 
the Atlantic Ocean and publish the findings in peer reviewed journals. 
In order to present the results associated with the stated aims and objectives, this 
thesis will be presented in the following format: 
Chapter 2 
Describes the analytical methods employed during this study. This chapter 
introduces the concept of flow injection as an analytical tool for dissolved Fe, Zn and 
Co analyses and describes the chemiluminescence and fluorescence reaction 
mechanisms used. This is followed by a detailed description of the flow injection 
techniques used to determine dissolved Fe, Zn and Co in seawater samples. Finally this 
chapter describes the analytical methods used to determine biological N2 fixation rates 
and pH in seawater. 
Chapter 3 
Iron data are presented from the Atlantic Meridional Transect (cruise AMT-19) 
between 50° N and 40° S during October and November 2009. The sources of dissolved 
Fe and total dissolvable Fe data are discussed in the context of the physico-chemical 
and biological properties that influence their distributions in the upper water column (≤ 
150 m). Key focus is on the atmospheric supply of Fe to the Atlantic and estimates of 
the aerosol Fe deposition flux to surface waters of each geographical province are 
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presented and discussed. This chapter concludes with calculations of the residence time 
for Fe in surface waters of the Atlantic Ocean. 
Chapter 4 
 Investigates the biogeochemical cycle of Zn in the South Atlantic at, 40° S, as 
part of the UK GEOTRACES programme. Initially, the distribution of Zn is described 
and related to ancillary hydrographic data and macronutrient distributions to associate 
its distribution with the water masses present at this latitude. Strong correlations 
between Zn and the macronutrients silicate and phosphate are presented and used to 
discuss the biological role for Zn in the South Atlantic. Finally, this chapter presents 
evidence for the lack of a direct return path for Zn from the Southern Ocean to 40° S as 
part of thermohaline overturning circulation. This chapter is based on a paper of the 
same name accepted for publication in Global Biogeochemical Cycles (DOI: 
10.1002/2013GB004637) that includes a novel Zn* tracer for low Zn Southern Ocean 
waters that forms part of Chapter 6 in this thesis.   
Chapter 5 
 Presents a seasonal study of Co and Zn biogeochemical cycling in the South 
Atlantic Ocean, at 40° S, as part of the UK GEOTRACES programme. The purpose of 
this research was to establish how the concentrations of these elements influenced 
phytoplankton communities in this productive region. To complement the Zn 
distributions described in Chapter 4, Co distributions are described for the entire South 
Atlantic at 40° S, whilst Co and Zn distributions are also described for two additional 
transects in the Southeast Atlantic Ocean and related to ancillary hydrographic data and 
macronutrient distributions. Metal-phosphate correlations in the upper water column are 
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presented as evidence for trace metal utilisation and the relative nutritional role of Co 
and Zn in the South Atlantic is described. Finally, Co and Zn distributions are 
considered alongside phytoplankton diversity to determine how seasonal changes in 
metal concentration may alter community structure. 
Chapter 6 
 The final chapter provides a holistic summary based on the key findings 
presented in the previous chapters and includes recommendations for future research 
directions. Specifically, a new Zn* tracer is presented that can be used to map the 
transport of zinc with Sub-Antarctic Mode Water to pycnocline waters of the world’s 
oceans.   
 
 Chapter 2 
 
Methods
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2.1. Introduction 
To improve our understanding of the role of bioactive trace metals (e.g. Fe, Zn 
and Co) in global oceanic biogeochemical cycles, it is necessary to obtain high 
resolution and accurate measurements of these metals in seawater. However, the 
extremely low concentrations of Fe, Zn and Co (sub-nanomolar) in the open ocean 
present a significant analytical challenge. Firstly, the presence of various metal 
components on research vessels provides a constant threat of contamination during 
sample collection. Secondly, for the shipboard determination of Fe, Zn and Co, only a 
limited number of methods are sufficiently portable and sensitive enough to perform 
such analyses, including adsorptive cathodic stripping voltammetry (CSV) (Ellwood 
and van den Berg, 2000; Buck and Bruland, 2007) and flow injection analysis (FIA) 
(Lohan et al., 2006; Shelley et al., 2012; Gosnell et al., 2012; Ussher et al., 2013). 
These methods typically have detection limits in the picomolar concentration range and 
have enabled accurate, in-situ determination of very low metal concentrations.  
In order to determine Fe, Zn and Co in seawater, there is a need for reliable 
sampling and handling protocols and sensitive, accurate and rapid analytical techniques 
suitable for ship- and laboratory-based use. The international GEOTRACES programme 
has adopted standard protocols for sampling and handling of trace metal seawater 
samples (http://www.geotraces.org/science/ intercalibration/222-sampling-and-sample-
handling-protocols-for-geotraces-cruises; de Baar et al., 2008). Furthermore, inter-
laboratory calibration is particularly important for assessing the accuracy and suitability 
of analytical methods for determining trace metals in seawater. The GEOTRACES 
programme is co-ordinating this effort to ensure that the results from different ship- and 
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laboratory-based methods can be compared in a meaningful way 
(www.geotraces.org/science/intercalibration).    
 
2.2. Cleaning protocols 
The extremely low concentrations of Fe Zn and Co in seawater and the various 
sources of contamination from dust particles and manufactured items make it necessary 
to adopt strict protocols related to cleaning and sample handling prior and during 
analysis. Table 2.1 summarises the cleaning procedures followed, adapted from the 
aforementioned GEOTRACES protocols, for the cleaning of plasticware used in all 
experiments during this study. Low density polyethylene (LDPE) containers (Nalgene) 
were used for both sample collection and solution (reagents, standards) preparation. 
Sample bottles followed a three stage cleaning procedure whereas reagent and standard 
bottles followed a two stage cleaning procedure. 
 
Table 2.1. Cleaning protocols for plasticware. 
UHP = ultra-high purity (≥ 18.2 MΩ cm, Elgastat Maxima) 
Step Procedure 
Stage 1. In general laboratory 
 
1 Rinse 3 times with distilled water 
2 Immerse in 3 M HCl (Fisher, reagent grade) for 1 week 
3 Rinse 3 times with distilled water 
4 Rinse 3 times with UHP water  
Stage 2. In clean air (class-100) laboratory 
 
1 Immerse in 0.5 M HCl (Fisher, trace metal grade) for 1 week 
2 Rinse 3 times with UHP water 
Stage 3. For sample bottle storage 
 
1 Fill with UHP water and acidify to 0.024 M with HCl (Romil, SpA grade) 
2 Triple bag in clean polyethylene bags and store in clean plastic container 
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2.3. Flow Injection Analysis 
Flow injection (FI) is an excellent analytical tool for various chemical analyses 
which can be coupled to a range of detection systems (Zagatto et al., 2012). These 
techniques have some major advantages over other methods including portability, 
robustness, low sample and reagent consumption, minimal sample handling and rapid 
analysis time (of the order of minutes) (Bowie et al., 1998; Obata et al., 1993; Nowicki 
et al., 1994; Cannizzaro et al., 2000). These benefits, coupled with excellent sensitivity 
and detection limits, make FI systems particularly well suited to in situ oceanographic 
trace metal analyses (e.g. Bowie et al., 2002b; Lohan et al., 2006; Shelley et al., 2012). 
In addition, FI methods, coupled with suitable detection systems, allow near real-time 
data acquisition and analytical windows over a range as much as three orders of 
magnitude (Xu et al., 2005), and therefore the ability to modify research strategies in 
response to changes in local environmental conditions, e.g. phytoplankton abundance or 
trace metal inputs. Additionally, it is useful to have FI systems on-board ship to 
minimise the possibility of contamination and/or sample degradation.  
FI systems are ideally suited for use with kinetic catalytic methods, which use 
the analyte of interest as part of a reaction, resulting in highly sensitive analytical 
techniques (Measures et al., 1995; Aguilar-Islas et al., 2006; Brown and Bruland, 2008). 
Flow injection-catalytic methods utilise a number of different (portable) detection 
systems for the determination of trace metals in seawater, e.g. flow injection with 
spectrophotometric detection (FI-spec) (Measures et al., 1995; Weeks and Bruland, 
2002; Lohan et al., 2006); flow injection with chemiluminescence detection (FI-CL) 
(Obata et al., 1993; Bowie et al., 2002b; Shelley et al., 2010); flow injection with 
fluorimetric detection (FI-FL) (Nowicki et al., 1994; Brown and Bruland, 2008; Gosnell 
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et al., 2012). Alternatively, FI systems can be coupled with laboratory-based detection 
systems such as inductively coupled plasma mass spectrometry (ICP-MS). The main 
advantage of ICP-MS detection over the portable systems is the ability to perform 
simultaneous multi-element determinations (Hurst et al., 2008; Milne et al., 2010; Boye 
et al., 2012). One disadvantage of ICP-MS detection is that the instrumentation is not 
portable and therefore not suitable for use on board research vessels.       
Owing to the extremely low concentrations of dissolved Fe, Zn and Co in the 
open ocean (dFe = 0.02 – 2 nM, e.g. Klunder et al., 2011; Ussher et al., 2013; dZn = 
0.01 – 10 nM, e.g. Lohan et al., 2002; Gosnell et al., 2012; dCo = 1 – 120 pM, e.g. 
Bown et al., 2011; Shelley et al., 2012) and the complexity of the seawater matrix 
(which contains the major seawater ions at concentrations up to 109 greater than 
dissolved Fe, Zn and Co), it is essential to include a pre-concentration and matrix 
removal step where the analyte of interest is separated from the major seawater cations 
(Na+, K+, Mg2+, Ca2+ and Sr2+). This can be achieved using a chelating resin. One of the 
most utilised chelating resins for trace metal analyses contains immobilized 8-
hydroxyquinoline (8-HQ). Resin immobilised 8-HQ has affinity for binding several 
metals, it does not swell and can be regularly exposed to molar concentrations of acids 
and bases (Landing et al., 1986). Furthermore, extraction onto resin immobilized 8-HQ 
columns is pH dependant, allowing some chemical control over which trace metals are 
bound (Sohrin et al., 1998). However, resin immobilised 8-HQ is not commercially 
available and its synthesis is time consuming and complicated (Landing et al., 1986; 
Dierssen et al., 2001), leading to inter-laboratory performance variability. 
Commercially available chelating resins are therefore preferable, because the quality of 
the resin is reproducible and because their use simplifies system set-up. Commercially 
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available resins that have been used to determine trace metals in seawater include a 
nitriloacetic acid-type (NTA) chelating resin (Lohan et al., 2005a; 2006), an 
ethylenediaminetetraacetic acid-type (EDTA) resin (Sohrin et al., 2008) and the 
commonly used Toyopearl resin (Warnken et al., 2000; de Baar et al., 2008; Milne et 
al., 2010; Klunder et al., 2011; Shelley et al., 2010; Castrillejo et al., 2013). In this 
study, the Toyopearl AF-Chelate-650 M resin was used, the characteristics of which are 
presented in Table 2.2. The Toyopearl resin is a non-swelling, methacrylic polymer 
bead (Toyopearl HW-65) which contains iminodiacetate (IDA) functional groups. The 
IDA functional groups serve as a tridentate ligand for complexing metal cations 
(Warnken et al., 2000). One of the main advantages of Toyopearl is the greater binding 
capacity compared with resin immobilised 8-HQ (35 ± 10 µeq mL-1 versus 10 µeq mL-1 
respectively). 
 
Table 2.2. The characteristics of Toyopearl AF-Chelate-650M resin (Tosoh-Bioscience,  
2010). 
Bead HW-65 
Chelating group Iminodiacetic acid (IDA) 
Chelating group structure 
 
 
Ion exchange capacity 35 ± 10 µeq mL-1 
Particle size 65 µm 
Pore size 1000 Å 
Exclusion limit 5 x 106 Dalton 
Shelf life 10 years 
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2.3.1. Chemiluminescence detection 
Chemiluminescence (CL) refers to the emission of light (luminescence) from 
chemical reactions and is observed in solid, liquid and gas phases (Lin and Yamada, 
2003; Barni et al., 2007). Flow injection-chemiluminescence (FI-CL) methods utilise 
this chemical reaction to quantitatively determine the concentration of an analyte in 
solution following its catalytic reaction with a chemiluminescent molecule. The 
popularity of CL as a detection system relates to its high sensitivity, speed of response 
and the simple instrumentation required (a photomultiplier tube, PMT). In contrast to 
fluorimetry and absorption methods, no light source is required for CL detection.  
There are two principle modes of chemiluminescent emission, direct and indirect, 
which mainly occur during oxidation reactions or free radical recombination (Barni et 
al., 2007). Direct chemiluminescence can be represented by:  
A + R → I* → PRODUCTS + LIGHT Eq. 2.1. 
  
Where A is the analyte (e.g. Fe), R is the chemiluminescent reagent (e.g. luminol) and 
I* is an excited state intermediate (e.g. aminophthalate dianion). Decay of an excited 
intermediate to a lower energy state product yields light-emitting photons. In cases 
where the excited state is an inefficient emitter, its energy may be transferred to a 
sensitizer (F) for light emission to be observed. This is termed indirect 
chemiluminescence and is represented by: 
A + R → I* + F → [F]* → PRODUCTS + LIGHT Eq. 2.2. 
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The light emitted is detected by a PMT with the quantum yield of photons related to the 
efficiency of the reaction. 
Iron 
One of the most sensitive and widely used chemiluminescent molecules for the 
detection of Fe  in seawater is luminol (5-amino-2,3-dihydrphthalazine-1,4-dione) 
(Obata et al., 1993; Bowie et al., 1998; Achterberg et al., 2001; Ussher et al, 2007; 
Klunder et al., 2011). However, the mechanism via which the oxidation of luminol 
results in direct CL is still relatively poorly understood despite a major effort by 
Merényi and co-workers in the 1980’s (Merényi et al., 1990). A more recent 
understanding of the probable mechanism is reported by Barnett and Francis (2005a) 
and Barni et al. (2007) and is summarised in Figure 2.1.  
The major CL generating mechanism for luminol in aqueous solutions occurs in 
three steps. The primary oxidation (1) of luminol in a basic medium (pH 8 – 14, Barni et 
al., 2007) occurs via the de-protonation of luminol to monoanionic and dianionic forms 
and their subsequent oxidation by OH-, or its radical derivatives, to form luminol radical 
intermediates. The key intermediate α-hydroxy-hydroperoxide (α-HHP) is formed from 
the secondary oxidation (2) of the luminol radical, either directly by superoxide (O2
-) 
oxidation of the monoanion radical or via the production of the intermediate 
diazaquinone followed by its oxidation with monodissociated hydrogen peroxide (HO2
-). 
The final decomposition step (3) occurs via the de-protonation of the α-HHP (pK 8.2 
Merényi et al., 1990) to the monoanion form and its subsequent split to form N2 and an 
electronically excited aminophthalate (3-APA*). The generation of light occurs during 
the de-excitation of 3-APA* to the ground state (3-APA) (White and Bursey, 1964; 
White et al., 1964; Gunderman and McCapra, 1987) at 425 nm (Rose and Waite, 2001). 
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The decomposition step is dependant solely on the pH of the solution once the α-HHP 
has been formed, with optimal CL efficiency observed at pH 10.5 due to increased 
monoanion formation (O’Sullivan et al., 1995). 
 
 
Figure 2.1. The reaction mechanism for luminol chemiluminescence (adapted from 
Barni et al., 2007). 
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Cobalt 
Oxidation – reduction reactions involving Co and organic polyhydric phenols 
such as pyrogallol (1,2,3-trihydrobenzene) are particularly efficient producers of 
indirect CL (Stieg and Nieman, 1977; Yamada et al., 1983; Miller and Ingle, 1981; 
Evmiridis et al., 2007). Such reactions are modifications of the Trautz-Schorigin 
Reaction (TSR, Trautz and Schorigin, 1905), which involves the oxidation of gallic acid 
(3,4,5-trihydroxybenzene) by hydrogen peroxide in a basic medium (pH 8 – 12, 
Slawinska and Slawinski, 1975) to produce CL emission in the visible region (580 – 
850 nm). During this oxidation process, an excited singlet oxygen molecule (1O2
*) is 
formed and the light emission occurs via intermolecular energy transfer as well as 
simple excimer emission (Bowen, 1964; Kearns, 1971; Evmiridis et al., 2007).  
An example of the TSR where either pyrogallol or gallic acid is oxidised by 
hydrogen peroxide to produce light emission is shown in Figure 2.2. The reaction 
proceeds as a gradual multi-stage process involving coloured intermediates. The 
polyphenol (1) is oxidised to its orthoquinone (2), which can either polymerize or, after 
further dehydrogenation and loss of carbon, couple with another molecule of pyrogallol 
to give purpurogallin (3). This 7-membered ring then undergoes hydroperoxide-
mediated ring cleavage. The final oxidation products (4 – 7) are tropolone, oxylate, a 
brown, low-molecular weight, water soluble polymer of unknown structure and carbon 
dioxide (Slawinska and Slawinski, 1975). Generation of the excited singlet oxygen 
molecule (1O2
*) can occur either in the polymerisation step or during the ring cleavage 
step. The emission spectrum consists of two bands – an intense, narrow, red emission 
band between 630 – 645 nm during the polymerization step and a weaker blue emission 
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band in the range 440 – 510 nm resulting from the oxidative cleavage of the polyphenol 
(Bowen, 1964; Slawinska and Slawinski, 1975; Stieg and Nieman, 1977).  
Flow injection methods have been developed to determine dissolved Co (dCo) in 
seawater using gallic acid (Sakamoto-Arnold and Johnson, 1987) and more recently 
pyrogallol (Cannizzaro et al., 2000; Shelley et al., 2010) as the polyphenol in the TSR, 
with pyrogallol found to be 40 % more sensitive than gallic acid (Cannizzaro et al., 
2000). 
 
 
Figure 2.2. Trautz-Schorigin Reaction for the oxidation of pyrogallol and gallic acid by 
hydrogen peroxide (adapted from Evmiridis et al., 2007). 
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2.3.2. Fluorescence detection  
Fluorescence (FL) can be distinguished from CL according to the way in which 
the molecule is promoted to the excited state. Whilst the CL excited state is generated 
through chemical reactions, the fluorescence excited state is generated by 
ultraviolet/visible radiation from a high intensity light source (e.g. xenon or mercury arc 
lamps) (Diaz-Garcia and Badia-Laiño, 2005a). Fluorescence techniques, like CL 
techniques, are sensitive to environmental conditions (e.g. solvent type, the presence of 
quenchers, pH, ionic strength and temperature) that may alter the rate and/or intensity of 
the FL reaction (Barnett and Francis, 2005b; Diaz-Garcia and Badia-Laiño, 2005a). 
Fluorescence detection systems offer the capability to isolate wavelengths, select source 
intensity, excitation beam size and location (Trojanowicz, 2000; Barnett and Francis, 
2005b), and therefore, often allow for better performance characteristics such as 
selectivity and reproducibility, compared with CL (Diaz-Garcia and Badia-Laiño, 
2005a). However, the complexity of FL instrumentation makes this technique prone to 
source noise and light scattering, which may reduce the detection limits compared with 
those achievable with CL (Barnett and Francis, 2005b).  
A method to improve FL detection limits, along with increasing selectivity, is by 
FL derivatization procedures through which weakly fluorescent or non-fluorescent 
compounds are converted into highly fluorescent products (Diaz-Garcia and Badia-
Laiño, 2005b). For FL derivatization based on the formation of metal complexes, the 
ligand must have the capacity to covalently bond with the metal ion through at least two 
functional groups (Diaz-Garcia and Badia-Laiño, 2005b). Common functional groups 
that are available for metal ions to attach to include primary amines (e.g. sulphonamides 
and carboxamides), thiols, aldehydes and ketones (Diaz-Garcia and Badia-Laiño, 
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2005c). The major means of exciting the chelates is by using the absorption bands of 
these metal chelates. Under optimal reaction conditions, some organic compounds are 
highly stable and selective for certain metal ions (Diaz-Garcia and Badia-Laiño, 2005b).       
Zinc 
Zinc chelators based on a quinoline sulphonamide core, such as p-tosyl-8-
aminoquinoline (pTAQ), are currently the most widely used Zn-activated fluorophores 
(see Falcon et al., 1993; Nowicki et al., 1994; Fahrni and O’Halloran, 1999; Snitsarev et 
al., 2001; Pluth et al., 2011). Much of the early work was reported in the Russian 
literature but it appears that Bozhevol’nov and co-workers (Bozhevol’nov and 
Serebriakova, 1961, Serebriakova et al., 1964) were the first to introduce pTAQ as a 
reagent for the spectrophotometric determination of Zn(II). These authors determined 
that the derivatives of the quinoline sulphonamide compounds I and II (Fig. 2.3) gave 
the most intense fluorescence in the presence of Zn by formation of 1:2 (Zn:ligand) 
complexes. Subsequently, Fredrickson et al. (1987) investigated a number of 
commercially available quinoline derivatives for visualising and assaying Zn in human 
tissues, and achieved the best results with pTAQ (Fig. 2.3). However, it is only recently 
that the structure, thermodynamics and stoichiometry of pTAQ and related fluorophores 
have been examined (Fahrni and O’Halloran, 1999; Nasir et al., 1999; Kimura and Aoki, 
2001; Meeusen et al., 2011; Nowakowski and Petering, 2011).  
At neutral pH, the free ligand pTAQ exhibits little fluorescence. The de-
protonation of the sulphonamide occurs with a pK of 9.63 (Fahrni and O’Halloran., 
1999) followed by the coordination and covalent bonding of Zn(II) by the two 
sulphonamide nitrogen atoms. Hence, they bind Zn(II) in a 1:2 metal to ligand ratio as 
reported in the early literature. The formation of the 1:2 complex (binding constant log 
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β2 18.24) is favoured over the formation of the 1:1 complex (log β1 8.43) by nearly 3 
orders of magnitude (Nasir et al., 1999). The chelation of Zn(II) is accompanied by the 
appearance of an intense fluorescence emission spectrum with excitation and emission 
maxima of 360 nm and 490 nm respectively (Meeusen et al., 2011). 
 
Figure 2.3. Structure of quinoline sulphonamide derivatives I & II, the indicator ligand 
p-tosyl-8-aminoquinoline (pTAQ) and the 2:1 fluorescent complex it forms with zinc 
(adapted from Fahrni and O’Halloran, 1999 and Snitsarev et al., 2001). 
 
2.3.3. Operational definitions for iron, zinc and cobalt species 
In order to understand the processes that control trace metal biogeochemistry, 
the species that are determined must be clearly defined. Typically the physico-chemical 
form of a given metal determined in a seawater sample is defined by the sample pre-
treatment process. Size fractionation is particularly important due to the wide variety of 
metal species that exist in seawater, including the particulate, dissolved, soluble and 
colloidal fractions. The chemical forms of Fe defined by physical size fractionation are 
shown as an example in Figure 2.4. Traditionally, the filtration size cut-off for the 
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dissolved Fe fraction (sample passing through a 0.2 – 0.4 µm membrane filter) was 
chosen based on the biological role of Fe and the need to exclude living cells that may 
alter the dissolved phase (Bowie and Lohan, 2009). However, some picophytoplankton 
exist in the 0.2 – 0.5 µm size fraction, hence membrane or cartridge filters with a pore 
size of 0.2 µm are now recommended (Bowie and Lohan, 2009). 
 
 
Figure 2.4. The chemical forms of iron in seawater defined by traditional physical size 
fractionation where dissolved iron = < 0.45 µm (taken from Bowie and Lohan, 2009). 
The hatched areas indicate the overlap where colloidal iron can exist in the particulate 
or soluble size fractions.   
 
The recent development of ultra-filtration techniques has allowed improved 
characterisation of different size fractions of Fe (Wu et al., 2001; Ussher et al., 2004; 
Frew et al., 2006; Bowie and Lohan, 2009). Additionally, the acidification of samples 
affects the speciation of redox elements such as Fe and Co and therefore when 
comparing concentrations it is important to note the size fraction and also the sample 
preparation being used. For example, recent studies have demonstrated that the 
acidification of filtered seawater samples to < pH 1.8 is required to release all dissolved 
Fe (dFe) from Fe-binding ligands (Lohan et al., 2005a; Johnson et al., 2007; Bowie and 
Lohan, 2009). Over long term storage at pH < 1.8, some of the dFe will be reduced to 
Fe(II) (Lohan et al., 2005a; Ussher et al., 2005). The addition of an oxidising or 
reducing agent is therefore required prior to analysis to determine total dissolved Fe. 
For dCo, acidification to < pH 1.8 is not sufficient to fully liberate organically 
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complexed Co and samples need an additional ultraviolet (UV) irradiation step (Shelley 
et al., 2010).  
During this study, dissolved Fe(II+III) (dFe), dissolved Zn (dZn) and dissolved 
Co(II+III) (dCo) were operationally defined as the fraction which passed through a 0.2 
µm filter and were determined following acidification (0.024 M HCl). Total dissolvable 
Fe(II+III) (TDFe) was defined as the total Fe in an unfiltered seawater sample and 
acidified in a similar manner but left for a minimum 6 months before analysis. 
 
2.4. Aims and Objectives  
The aims and objectives of the work described in this chapter were to: 
1. Optimize a FI-CL method for the determination of dFe and TDFe in seawater 
(based on Obata et al., 1993; de Baar et al., 2008; Klunder et al., 2011). This 
technique was used to investigate the distribution and biogeochemistry of Fe in 
the upper 200 m of the Atlantic Ocean as part of the Atlantic Meridional (AMT) 
Transect (Chapter 3). Dissolved Fe concentrations typically occur in the open 
ocean between 0.02 – 2 nM and therefore, the target detection limit was 0.02 nM 
with < 5% relative standard deviation (RSD). The accuracy of this method was 
validated by determination of dFe in SAFe reference samples.   
 
2. Optimize a FI-FL method for the determination of dZn in seawater (based on 
Nowicki et al., 1994; Gosnell et al., 2012). This technique was used to 
investigate the distribution and biogeochemistry of Zn in the South Atlantic 
Ocean as part of the UK GEOTRACES programme (Chapter 4). Dissolved Zn 
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concentrations typically occur in the open ocean between 0.02 – 9 nM and 
therefore, the target detection limit was 0.015 nM with < 5 % RSD. The 
accuracy of this method was validated by determination of dZn in SAFe 
reference samples.  
 
3. Optimize a FI-CL method for the determination of dCo in seawater (based on 
Shelley et al., 2010). This technique was used to investigate the distribution and 
biogeochemistry of Co in the South Atlantic Ocean as part of the UK 
GEOTRACES programme (Chapter 5). Dissolved Co concentrations typically 
occur in the open ocean between 5 – 120 pM and therefore, the target detection 
limit was 1pM with < 5 % RSD. The accuracy of this method was validated by 
determination of dCo in SAFe and GEOTRACES reference samples.  
 
2.5. Determination of dissolved iron in seawater 
This section describes the optimization of a FI-CL detection system capable of 
measuring seawater dFe and TDFe concentrations in the 0.01 – 2 nM range based on the 
method of Obata et al. (1993) and the modifications of de Jong et al. (1998) and de Baar 
et al. (2008). As described in section 2.2, the extremely low concentration of Fe in the 
open ocean requires a pre-concentration and seawater matrix separation step for FI-CL 
detection. In this study the commercially available Toyopearl AF-Chelate-650 M resin 
was used to pre-concentrate Fe. This chelating resin has been successfully shown to 
selectively and quantitatively recover Fe from seawater in the range pH 3.5 – 5 (e.g. de 
Baar et al., 2008; Klunder et al., 2011).  
Chapter 2 
70 
 
2.5.1. FI-CL manifold  
A schematic diagram of the FI manifold used for the determination of Fe(III) is 
shown in Figure 2.5. It consisted of an 8-channel peristaltic pump (Minipuls 3, Gilson) 
set at 6.75 rpm to ensure the flow rates detailed in Figure 2.5, two micro-electronically 
actuated 6-port, 2 position injection valves (VICI, Valco Instruments), a photomultiplier 
tube (PMT, Hamamatsu H 6240-01) and a thermostatic water bath (Grant). The 
peristaltic pump tubing used was 2-stop accu-ratedTM PVC (Elkay) which was changed 
weekly. All other manifold tubing was 0.8 mm i.d. PFA Teflon (Cole-Palmer).  
 
Figure 2.5. FI-CL manifold for the determination of iron(III) in seawater. 
The FI manifold had two 1.85 m mixing coils (for the sample/buffer and luminol/buffer 
respectively) and one 5 m reaction coil. The luminol/buffer mixing coil and the reaction 
coil were maintained at 36 °C by placing them inside the water bath. Three acrylic 
columns (2 cm, internal volume 70 µL) were incorporated; one ‘clean-up’ column on 
both the sample buffer and column rinse lines to remove trace-metal impurities from 
Chapter 2 
71 
 
these solutions and a third attached as a sample loop in the injection valve for the pre-
concentration of Fe from the sample seawater matrix. All columns were filled with 
approximately 50 µL of Toyopearl AF-Chelate-650 M resin (Tosohass) secured with 
porous high density polyethylene (HDPE) frits (BioVion F, 0.75 mm). The direction of 
flow through the clean-up columns was uni-directional and so these columns required 
reversing every few days to prevent the resin becoming compacted. This was not 
required for the pre-concentration column, which was loaded and eluted in opposite 
flow directions. The data acquisition module (Ruthern Instruments) and valve control 
software (LabVIEW v. 7.1) were operated using a laptop computer (Dell). To minimise 
contamination, the FI system was flushed daily, and following manifold alterations (e.g. 
pump tubing or connector replacement), with 0.5 M HCl solution. To further minimise 
contamination all reagent lines and the sample line were maintained inside a Class-100 
laminar flow hood. 
 
2.5.2. Reagents 
All chemicals were obtained from Fisher Scientific unless otherwise stated and 
used as received. The reagents were prepared inside a Class-100 laminar flood hood 
using ultra-high purity (UHP) water (≥ 18.2 MΩ cm, Elgastat Maxima). The critical 
reagent in this method is luminol (5-amino-2,3-dihydrophthalazine-1,4-dione) which 
emits CL following its catalytic oxidation by H2O2 in the presence of Fe. The 0.3 mM 
luminol reagent was prepared by dissolving 0.177 g luminol in 10 mL UHP water that 
contained 0.1 g of fully dissolved sodium hydroxide (NaOH) to give a 0.1 M stock. 
Three mL of luminol stock was diluted to 1 L with UHP water and 60 µL of 
triethylenetetramine (TETA) was added to eliminate the interference from copper ions 
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(Lunvongsa et al., 2006). The luminol oxidizing agent, 0.1 M H2O2, was prepared by 
diluting 11.34 mL H2O2 (30 %, Merck) in 1 L UHP water. The reaction buffer, 0.96 M 
ammonia solution (NH4OH) (Romil), was prepared by diluting 168 mL ammonia 
solution (SpA, Romil) in 1 L UHP water to attain a CL reaction pH of 9.8 - 10. The 0.12 
M ammonium acetate (NH4OAc) sample buffer and column rinse solutions were 
prepared by diluting 100 mL ammonia solution (SpA, Romil) plus 30 mL acetic acid 
(SpA, Romil)  to 250 mL with UHP water to give a 2 M stock. Next, 60 mL of stock 
solution was diluted to 1 L with UHP water and the pH adjusted to 4.0 with acetic acid. 
Acidified seawater samples were buffered in-line (pH 3.5 – 3.7). The eluent, 0.4 M 
hydrochloric acid (HCl), was prepared by diluting 33.3 mL super-pure, sub-boiling 
distilled 12 M HCl (SpA, Romil) to 1 L with UHP water. 
 
2.5.3. Procedure 
The procedures and valve timings used in the Fe FI-CL method are documented 
in Table 2.3. The FI system was washed daily with 0.5 M HCl for 30 min in order to 
wash all trace-metal impurities from the manifold tubing and column resins. The 
reagents were then allowed to flow through the manifold for 30 – 40 min to ensure 
stabilization of the CL baseline. All seawater samples received a 50 µL addition of 
0.012 M H2O2 (30 % Merck) one hour prior to analysis in order to reverse any reduction 
of Fe(III) to Fe(II) during sample storage (Lohan et al., 2005a; Johnson et al., 2007).  
The system started in the sample loading position whereby Fe in the buffered 
seawater sample was recovered (pH 3.5 – 4) onto the pre-concentration column for 60 s 
(~ 4 mL total). Valve 1 was then switched to its second position and the pre-
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concentration column rinsed with NH4OAc for 40 s. During the load and rinse steps the 
eluting acid bypassed the pre-concentration column, mixing with the reaction reagents 
flowing towards the PMT to generate the baseline CL signal. Following the column 
rinse step, valve 2 switched to its second position and the eluting acid passed through 
the column for 30 s in the opposite flow direction to that of the loading and rinse steps, 
thus liberating Fe(III) from the chelating resin into the reagent stream travelling towards 
the PMT. The CL reaction occurred at 36 °C and pH 10 within the 5 m reaction coil 
immediately prior to entering the PMT. Each sample was run in triplicate with one 
complete analytical cycle taking 6.5 min. 
 
Table 2.3. Valve timings and position for the iron(III) FI-CL method. 
Procedure Time (s) Valve positions (V1/V2) 
Sample preparation  Load/Elute 
Sample load 60  Load/Load 
Column rinse 40  Rinse/Load 
Column eluent 30  Rinse/Elute 
 
The analytical system was calibrated daily using standards (additions of 0.2 – 2 
nM) made daily in low-iron seawater (Atlantic Ocean surface seawater collected and 
filtered (0.2 µm) at 37° 52’ S, 41° 05’ W; dFe 0.17 ± 0.09 nM), and which was acidified 
to pH 1.7 (0.024 M HCl, SpA, Romil) prior to use. An example of a typical calibration 
graph for dFe and TDFe determination is presented in Figure 2.6.  
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Figure 2.6. A typical calibration graph for the determination of dissolved iron and total 
dissolvable iron. Error bars represent one standard deviation of three replicate 
measurements of the same standard.   
 
The stock standards were prepared in UHP water acidified to pH 2 (0.012 M HCl, SpA, 
Romil) by serial dilution of a 17.9 mM Fe atomic absorption standard solution 
(Spectrosol). The stock and working standards received a 50 µL addition of 0.012 M 
H2O2 (30 % Merck) to ensure that all Fe in the standards remained in the oxidized Fe(III) 
form. The same addition was made to the seawater samples one hour prior to analysis in 
order to reverse any reduction to Fe(II) during sample storage (Lohan et al., 2005a; 
Johnson et al., 2007). Calibrations were run at the beginning of each sequence of 
analysis and concentrations calculated form peak heights. Standard graphs were linear 
(r2 > 0.98) over the calibration range. 
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2.5.4. Analytical figures of merit 
Blanks and detection limits 
The major blank contribution to the Fe(III) FIA method arises from the reagents 
that can be pre-concentrated onto the column resin (i.e. the NH4OAc sample buffer and 
column rinse solutions). Any Fe present in these solutions can potentially contribute to 
the analytical signal and therefore a clean-up column containing Toyopearl resin was 
incorporated into both reagent lines (Figure 2.5). The combined blank signal that 
includes Fe leached from both the pump and manifold tubing upstream of the pre-
concentration column, as well as reagents loaded onto the column, was investigated 
daily prior to each system calibration by running a complete analytical cycle without a 
sample. The mean blank concentration was 0.25 ± 0.05 nM (n = 15). The detection limit 
for each analytical run was estimated as the Fe concentration corresponding to 3 times 
the standard deviation of the blank signal for that calibration. The mean detection limit 
was 0.03 ± 0.02 nM (n = 15). 
Accuracy and precision 
The accuracy of this FI method for determining dFe and TDFe in seawater was 
validated by the quantification of dFe in surface water (S) and 1000 m water (D1) 
collected in the North pacific during the SAFe programme (Johnson et al., 2007). The 
concentrations of dFe (± 1 std. dev.) measured in the SAFe reference samples during 
this study (S = 0.14 ± 0.08 nM; D1 = 0.74 ± 0.10 nM; n = 15) were in good agreement 
with the consensus values (± 1 std. dev.) obtained for the same sample by other 
laboratories using different analytical techniques (S = 0.09 ± 0.07 nM; D1 = 0.67 ± 0.07 
nM, http://www.geotraces.org/science/intercalibration/322-standards-and-reference-
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materials). The SAFe reference samples were analysed alongside all seawater samples 
for which Fe data are presented in this thesis (see Chapter 3). The analytical precision of 
the method was determined from repeat analysis of the SAFe (S) sample during one 
analytical cycle. The uncertainty, expressed as the relative standard deviation (RSD) of 
the mean for a particular analysis was ± 1.8 % (n = 3). Samples that had an RSD > ± 5 % 
were re-analysed.   
 
2.5.5. Discussion 
The Fe FI-CL method described here is selective, has a low limit of detection 
(0.03 ± 0.02 nM) and is portable, making it particularly well suited to the determination 
of Fe in oceanographic regimes.  
One modification to the published method made in this work was the use of a 
weakly acidified NH4OAc rinse solution. Previous FI-CL methods that have used 
Toyopearl resin for Fe determination in seawater (Klunder et al., 2011) have used UHP 
water as a column rinse step. This is in contrast to FI methods that utilise Toyopearl to 
pre-concentrate other transition metals (e.g. Mn and Co) which suggest the need for a 
buffered column rinse step (Aguilar-Islas et al., 2006; Shelley et al., 2010). The 
buffered rinse step, usually a buffer with a similar pH to that of the in-line buffered 
seawater sample, performs two functions. Firstly, the buffer acts as a column rinse 
solution removing the major seawater cations that can interfere in the determination of 
Fe and other trace metals when using CL detection (Hopkinson et al., 2007, Shelley et 
al., 2010). Secondly, it is important to match the pH of the rinse solution to the pH of 
the eluent. Failure to do so leads to a depression in the baseline prior to the analytical 
Chapter 2 
77 
 
peak as the rinse solution dead volume (ca. 70 µL) in the pre-concentration column, 
once valve 2 is switched from rinse to elute, will also be mixed into the reagent stream 
to give a lower CL emission signal detected by the PMT. Lohan et al. (2006) described 
how such a depression was observed using a UHP rinse solution when determining dFe 
using an NTA-type chelating resin. These authors concluded that a 1.5 M NH4OAc 
rinse solution adjusted to pH 3.5 was ideal because its ionic strength matched the ionic 
strength of the elution acid and removed the depression from the baseline signal. 
Furthermore, at this pH any Fe bound to the NTA-resin would not be removed during 
the rinse step. Willie et al. (2001) demonstrated that a 0.1 M NH4OAc rinse solution, 
buffered in the pH range 3 – 5, was sufficient to eliminate seawater interfering cations 
whilst still retaining the analyte on a Toyopearl chelating resin. Studies by Shelley et al. 
(2010) have shown that a further reduction in the ionic strength of this NH4OAc 
solution to 0.05 M did not result in reduced sensitivity when analysing dCo. It was 
therefore important for this study to compare a UHP rinse solution against a buffered 
rinse solution (0.12 M NH4OAc) to assess the effect on calibration sensitivity and 
analytical peak shape during the determination of dFe. The results are presented in 
Figure 2.7. The addition of a buffered rinse step resulted in a minimal reduction in 
sensitivity (UHP, y = 1.50x + 0.28, r2 = 0.99; 0.05 M NH4OAc, y = 1.42x + 0.21, r
2 = 
0.99) and no change in blank contribution (0.22 nM for these tests). The buffered rinse 
completely removed the baseline depression prior to the analytical signal and reduced 
the baseline output to 4.2 mV from 6.6 mV. This resulted in an improved signal-to-
noise ratio and therefore made it easier to quantify analytical peaks. The 0.12 M 
NH4OAc rinse solution was therefore used instead of a UHP water rinse. 
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Figure 2.7. Elution peaks of dissolved iron in seawater (dFe 0 – 1.5 nM) with (A) a 
UHP rinse step and with (B) a 0.12 M NH4OAc rinse step. 
 
2.6. Determination of dissolved cobalt in seawater 
Flow injection chemiluminescence methods have been developed for 
determining dCo in coastal and estuarine samples (Sakamoto-Arnold and Johnson, 1987; 
Cannizzaro et al., 2000), but to date only one method describes the determination of 
dCo in open ocean seawater (Shelley et al., 2010) with the accuracy and precision that 
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is required from the international trace metal community. Subsequently, this method has 
been used to investigate the biogeochemical cycle of dCo in the South Atlantic and 
Southern Ocean (Bown et al., 2011) and in the Sargasso Sea (Shelley et al., 2012).  
This section describes the optimization of a FI-CL detection system that is 
capable of measuring seawater dCo concentrations in the 2 – 100 pM range, thereby 
improving on the detection limits of Shelley et al. (2010). Given that Co is an essential 
micronutrient for carbon acquisition for key phytoplankton genera (e.g. 
Prochlorococcus, Synechococcus), this reduction in detection limit will ultimately 
provide further insights into the role of dCo in controlling ocean primary productivity 
and the global carbon cycle. 
 
2.6.1. FI-CL manifold 
A schematic of the FI manifold used for the determination of Co(II) is shown in 
Figure 2.8. It consisted of three peristaltic pumps (Minipuls 3, Gilson; colour coded in 
Figure 2.8), one micro-actuated 10-port valve (VIVI, Valco Instruments), one micro-
electronically actuated 6-port valve (VIVI, Valco Instruments), one solenoid switching 
valve, a photomultiplier tube (PMT, Thorn EMI) and a thermostatic water bath (Grant). 
The advantage of working with three pumps was that they could be controlled 
separately through the computer software, allowing the sample, buffer and rinse pumps 
to be switched off when not in use, thus reducing the sample requirement and reagent 
consumption. The peristaltic pump tubing used was 2-stop accu-ratedTM PVC (Elkay) 
which was changed weekly. All other manifold tubing was 0.8 mm i.d. PFA Teflon 
(Cole-Palmer). The FI manifold had one 1.85 m mixing coil to mix the sample and 
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buffer, one 3 m mixing coil to mix the pyrogallol and reaction buffer, and one ‘French 
Knitted’ 5 m reaction coil. The pyrogallol/reaction buffer mixing coil and the reaction 
coil were maintained at 67 °C by placing them inside the water bath.  
 
 
Figure 2.8. Three pump FI-CL manifold for the determination of cobalt(II) in seawater. 
The three pumps are coloured: rinse pump = blue, sample pump = red, reagent and 
eluent pump = green. 
 
Unlike the Fe- and Zn-FI manifolds, only two columns (2 cm acrylic, internal volume 
70 µL) were needed for the Co-FI manifold. The first was a clean-up column 
incorporated into the sample buffer line to remove trace metal impurities from this 
solution. This column was necessary as the detection limit of FI methods is quite often 
limited by the blank signal (Bowie and Lohan, 2009). The second column was attached 
as a sample loop in the injection valve for the pre-concentration of Co from the sample 
seawater matrix. Both columns were filled with approximately 50 µL of Toyopearl AF-
Chelate-650 M resin (Tosohass) secured with porous HDPE frits (BioVion F, 0.75 mm). 
It was not necessary to include a clean-up column on the weak, ammonium acetate rinse 
Chapter 2 
81 
 
line as previous studies have shown that the determination of Co in seawater is almost 
free of contamination (Cannizzaro et al., 2000) and the molarity of this solution is 
sufficiently low. The data acquisition module (Ruthern Instruments) and valve control 
software (LabVIEW v. 7.1) were operated was using a laptop computer (Hewlett 
Packard). To minimise contamination, the FI system was flushed daily, and following 
manifold alterations (e.g. pump tubing or connector replacement), with 0.5 M HCl 
solution. To further minimise contamination all reagent lines and the sample line were 
maintained inside a Class-100 laminar flow hood. 
 
2.6.2. Reagents 
All chemicals were obtained from Fisher Scientific unless otherwise stated and 
used as received. The reagents were prepared inside a Class-100 laminar flood hood 
using ultra-high purity (UHP) water (≥ 18.2 MΩ cm, Elgastat Maxima). The critical 
reagent in this method is pyrogallol (1,2,3-trihydrobenzene) which emits CL following 
its catalytic oxidation by H2O2 in the presence of Co. The 50 mM pyrogallol reagent 
was prepared by sonicating 6.30 g of pyrogallol and 9.12 g of cetyltrimethylammonium 
(CTAB) in 500 mL UHP water. When the pyrogallol and the CTAB were fully 
dissolved, 100 mL of 30 % H2O2 was added and the solution diluted to 1 L with UHP 
water. The pyrogallol reagent was prepared the day before use but it must be noted that 
this reagent was only stable for 48 h. The reaction buffer, 0.2 M NaOH, was prepared 
by dissolving NaOH (8.0 g L-1, Sigma-Aldrich) in 1 L of solution (20 % v/v methanol 
(MeOH, Acros Organics), 80 % v/v UHP water) to attain a CL reaction pH of 10.4. The 
0.5 M NH4OAc sample buffer was prepared by diluting 100 mL ammonia solution 
(SpA, Romil) plus 30 mL acetic acid (SpA, Romil) to 250 mL with UHP water to give a 
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2 M stock. Next, 250 mL of stock solution was diluted to 1 L with UHP water and the 
pH adjusted to 7.2 with acetic acid. Acidified seawater samples were buffered in-line to 
between pH 5.2 – 5.5. The 0.05 M NH4OAc column rinse solution was also prepared 
from a 2 M NH4OAc stock by diluting 50 mL in 1 L UHP water and adjusting the pH to 
5.5 with acetic acid. The eluent, 0.1 M hydrochloric acid (HCl), was prepared by 
diluting 8.33 mL of 12 M ultra-pure sub-boiling distilled HCl (SpA, Romil) to 1 L with 
UHP water. 
 
2.6.3. Procedures 
The procedures and valve timings used in the Co FI-CL method are documented 
in Table 2.4. The peristaltic pumps were set at: 6 rpm = rinse pump, 6 rpm = sample 
pump, 9 rpm = reagent pump to attain the flow rates shown in Figure 2.8. The FI system 
was washed daily with 0.5 M HCl for 30 min in order to wash all trace metal impurities 
from the manifold tubing and column resins. The reagents were then allowed to flow 
through the manifold for 30 – 40 min to ensure stabilization of the CL baseline. The 
system started in the sample loading position whereby Co in the buffered seawater 
sample was recovered (pH 5.2 – 5.5) onto the pre-concentration column for 220 s (~ 2.3 
mL total). When loading was complete the sample pump was turned off and the rinse 
pump turned on. The pre-concentration column was rinsed for 50 s to remove the 
interfering alkaline earth ions Mg(II) and Ca(II) (Shelley et al., 2010). The solenoid 
switching valve allowed flow from these two pumps to be controlled. Next the eluting 
acid passed through the column for 60 s in the opposite flow direction to that of the 
loading and rinse steps, thus liberating Co from the chelating resin into the reagent 
stream travelling towards the PMT. The reagent and eluent pump remained on 
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throughout the analytical cycle in order to maintain a constant CL baseline. The CL 
reaction occurred at 67 °C and pH 10.4 within the 5 m reaction coil immediately prior to 
entering the PMT. Each sample was run in triplicate with one complete analytical cycle 
taking 16.5 min. 
Table 2.4. Valve timings and position for the cobalt(II) FI-CL method. 
Procedure Time (s) 
Valve positions 
(solenoid/6-port) 
Sample preparation  Load/Elute 
Sample load 220  Load/Load 
Column rinse 50  Rinse/Load 
Column eluent 60  Rinse/Elute 
 
The analytical system was calibrated daily by the linear regression of standard 
additions, an example of which is presented in Figure 2.9. The stock standards were 
prepared in UHP water acidified to pH 1.7 (0.024 M HCl, SpA, Romil) by serial 
dilution of a 1000 mg L-1 atomic absorption standard Co(II) (Romil). Working standards 
(additions of 0 – 80 pM) were prepared daily in low-Co seawater (Southwest Atlantic 
Ocean surface seawater collected from a towed fish and filtered (0.2 µm); dCo 16.5 ± 
5.2 pM, n = 15), which was acidified to pH 1.7 (0.024 M HCl, SpA, Romil) prior to use. 
Calibrations were run at the beginning of each sequence of analysis and concentrations 
calculated form peak heights. Standard graphs were linear (r2 > 0.99) over the 
calibration range. 
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Figure 2.9. A typical calibration curve utilised for the determination of dissolved cobalt. 
Error bars represent one standard deviation of three replicate measurements of the same 
standard. 
 
2.6.4. UV-irradiation 
It is well known that, like several other bioactive trace metals, a large fraction (> 
90 %) of dCo in seawater is complexed by uncharacterized organic ligands (Donat and 
Bruland, 1988; Saito and Moffett, 2001; Ellwood and van den Berg, 2001; Bown et al., 
2012). However, in contrast to organic Fe and Zn complexes which appear to fully 
dissociate following acidification to pH 1.7 (Lohan et al., 2005a; Johnson et al., 2007; 
Bowie and Lohan, 2009), the results of UV-irradiation experiments using a variety of 
analytical techniques to determine dCo (e.g. Donat and Bruland, 1988; Vega and van 
den Berg, 1997; Noble et al., 2008; Milne et al., 2010, Shelley et al., 2010) indicate that 
organic Co complexes do not fully dissociate at this pH. This may be due to the 
presence of strong, Co-binding organic ligands in seawater that have high stability 
constants (Ks = 10
16.3, Saito and Moffett, 2001; Saito et al., 2005) compared with the 
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reported Ks values for strong Fe-binding ligands (Ks = 10
13.08, Rue and Bruland, 1995) 
and for strong Zn-binding ligands (Ks = 10
9-11, Ellwood and van den Berg, 2000; Lohan 
et al., 2005b; Croot et al., 2011). Shelley et al. (2010) compared acidified seawater 
samples, collected as part of the SAFe programme (Johnson et al., 2007), that had 
received UV-irradiation to those which had not, using FI-CL. The reported dCo 
concentration in samples UV-irradiated for 3 h (40.9 ± 2.6 pM, n = 9) was found to be 
almost double the concentration measured in non-irradiated samples (25.4 ± 1.2 pM, n = 
8) demonstrating the fact that UV-irradiation is essential for the determination of dCo in 
seawater by FI-CL. 
During this study, seawater samples were UV-irradiated in acid-washed quartz 
vials for 2 h using a 400 W medium-pressure Hg lamp (Photochemical Reactors). 
Further experiments have shown that a 2 h irradiation time is sufficient to fully release 
all dCo from the organic complexes associated with seawater (A. Milne, 2013, personal. 
comm.). After UV-irradiation, samples were left for a minimum 12 h prior to analysis in 
order to eliminate UV-generated free radicals that might interfere with the pyrogallol 
CL reaction.  
 
2.6.5. Analytical figures of merit 
Blanks and detection limits 
The key analytical figures of merit are shown in Table 2.5. In contrast to the FI 
methods for Fe and Zn determination described previously, the Co FI-CL method has a 
low risk of reagent contamination as Co is sparsely used in laboratory environments and 
represents only ~ 0.002 % of the earth’s crust as opposed to the ~ 3.5 % that Fe 
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constitutes (McLennan, 2001). Additionally, the potential for a blank contribution from 
other metal ions has been proven unlikely when determining dCo in seawater using FI-
CL methods (Sakamoto-Arnold and Johnson, 1987; Cannizzaro et al., 2000).  
Table 2.5. Key analytical figures of merit for FI-CL determination of dissolved cobalt. 
Parameter This study Bown et 
al. (2011) 
Shelley et 
al. (2010) 
Cannizzaro 
et al. (2000) 
Sakamoto-Arnold 
& Johnson 
(1987) 
Detection 
limit (pM) 
1.98 3.72 4.50 5.0 8.0 
Blank         
(pM) 
None 
detected 
5.90         
± 1.24 
4.2           
± 1.5 
None   
detected 
None              
detected 
RSD (%) 2.3 (n = 4) 4.1 (n = 6) 4.0 (n = 3) 2.1 (n = 3) 5.0 (n = 80) 
 
The reported blank signals for Co FI-CL systems are therefore extremely low (Table 
2.5). The blank signal was investigated daily prior to each system calibration by running 
a complete analytical cycle with UHP water running through the sample line. In contrast 
to recently published FI-CL systems for the determination of Co (e.g. Shelley et al., 
2010; Bown et al., 2011), this study observed no detectable blank signal. The detection 
limit of this method was estimated as the Co concentration corresponding to 3 times the 
standard deviation of the lowest standard signal for that calibration, resulting in a 
detection limit of 1.98 ± 0.87 pM (n = 15). This detection limit is an improvement on 
those previously reported for FI-CL dCo determination (Table 2.5). 
Accuracy and precision 
The accuracy of this FI method for determining dCo in seawater was assessed by 
the quantification of dCo in surface water (S) and 1000 m water (D1, D2) collected in 
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the oligotrophic North Pacific during the SAFe programme (Johnson et al., 2007) and 
also 2000 m water (GD) collected in the North Atlantic as part of the international 
GEOTRACES programme. The concentration of dCo (± 1 std. dev.) measured in the 
SAFe and GEOTRACES reference samples during this study (S = 4.09 ± 0.36 pM, n = 
3; D1 = 44.26 ± 1.03 pM, n = 4; D2 = 48.46 ± 0.04 pM, n = 2; GD = 73.04 ± 3.51 pM, n 
= 5) were in excellent agreement with the consensus values obtained for the same 
samples by other laboratories using different analytical techniques (S = 5.4 ± 2.2 pM; 
D1 = 43.0 ± 5.6 pM; D2 = 45.4 ± 3.8 pM; GD = 65 ± 8 pM, 
http://www.geotraces.org/science/ intercalibration/322-standards-and-reference-
materials). The reference samples were UV-irradiated and analysed alongside all 
seawater samples for which Co data are presented in this thesis (see Chapter 5). The 
analytical precision of the method was determined from repeat analysis of the SAFe D2 
reference sample during one analytical cycle. The RSD of the mean was ± 2.3 % (n = 4). 
Samples that had an RSD > ± 5 % during this study were re-analysed.   
In addition to the reference samples mentioned above, this study also analysed a 
number of North Pacific GEOTRACES samples that are still being treated as “unknown” 
until more data has been gathered. This process is an important part of the 
GEOTRACES intercalibration exercise that aims to achieve the best sampling and 
handling protocols, thus best possible analytical accuracy, for the suite of elements 
measured by the international trace metal community. What is clear from the data 
currently submitted to the intercalibration study and from Co UV-irradiation studies 
(Shelley et al., 2010) is that the UV-irradiation step is vital to accurately quantify dCo 
in reference and other seawater samples.  
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2.6.6. Discussion 
The Co FI-CL method described here is selective, portable, has short analysis 
time and a limit of detection lower (1.98 pM) than previously reported FI methods 
(Table 2.5). This makes this technique particularly well suited to in situ measurements 
of the low dCo concentrations observed in the open ocean. In contrast to previous Co-FI 
methods (Cannizzaro et al., 2000; Shelley et al., 2010; Bown et al., 2011), this study 
used a three pump manifold which allowed the sample and rinse pumps to be turned off 
when not in use, thus reducing reagent consumption. Using this system, this study 
observed no detectable blank signal. One reason for this may be the use of super-pure 
ammonium solution and acetic acid (Romil) in the preparation of the NH4OAc sample 
buffer and column rinse reagents as opposed to the ammonium acetate crystals (Fisher 
Scientific) used by Shelley et al. (2010), thus reducing the amount of Co loaded onto 
the pre-concentration column during the column rinse step. It should be noted that 
neither study incorporated a clean-up column in the pre-concentration column rinse line. 
This study showed that the removal of the blank signal should lead to enhanced 
sensitivity and allow for a lower detection limit (Table 2.5). 
 
2.7. Determination of dissolved zinc in seawater 
This section describes the optimization of a FI-FL detection system that is 
capable of measuring seawater dZn concentrations in the 0.015 – 10 nM range based on 
the methods of Nowicki et al. (1994), Nolting et al. (2000) and Gosnell et al. (2012). 
These studies are the only reported methods that utilise FI-FL for the determination of 
dZn in seawater. Other studies used either cathodic stripping voltametric techniques (e.g. 
Chapter 2 
89 
 
Bruland, 1989; Lohan et al., 2002; Ellwood and van den Berg, 2000; Croot et al., 2011) 
or land-based ICP-MS methods (e.g. Milne et al., 2010; Jakuba et al., 2008). However, 
FI-FL methods are particularly well suited to shipboard investigations of oceanic dZn 
distribution and therefore beneficial to this study.   
    
2.7.1. FI-FL manifold 
A schematic of the FI manifold used for the determination of Zn is shown in 
Figure 2.10. It consisted of an 8 channel peristaltic pump (Minipuls 3, Gilson) set at 7 
rpm to ensure the flow rates detailed in Figure 2.10, two micro-electronically actuated 
6-port, 2 position injection valves (VICI, Valco Instruments), a fluorimeter (RF-10Axl, 
Shimadzu) with excitation and emission wavelengths set to 377 nm and 495 nm 
respectively, and a chart recorder (Kipp and Zonen). The peristaltic pump tubing used 
was 2-stop accu-ratedTM PVC (Elkay) which was changed weekly. All other manifold 
tubing was 0.8 mm i.d. PFA Teflon (Cole-Palmer).  
 
Figure 2.10. FI-FL manifold for the determination of zinc in seawater. 
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The FI manifold had one 1.85 m mixing coil for the sample/buffer and one ‘French 
Knitted’ 40 cm reaction coil prior to the fluorimeter. As described for the Fe manifold, 
three 2 cm columns, containing Toyopearl AF-Chelate-650 M resin, were incorporated 
in-line; one acrylic ‘clean-up’ column on both the sample buffer and column rinse lines 
to remove trace metal impurities from these solutions and a third chlorotrifluoroethylene 
(CTFE) column (GlobalFIA) attached as a sample loop in the injection valve for the 
pre-concentration of Zn from the sample seawater matrix. The acrylic columns were 
secured with porous HDPE frits (BioVion F, 0.75 mm) whilst the CTFE column was 
secured with porous polyethylene frits (GlobalFIA, 20 µm pore size). The valve control 
software (VICI, Valco Instruments) was operated using a laptop computer (Mercury). 
To minimise contamination, the FI system was flushed daily, and following manifold 
alterations (e.g. pump tubing or connector replacement, with 0.1 M HCl solution). To 
further minimise contamination all reagent lines and the sample line were maintained 
inside a Class-100 laminar flow hood.   
 
2.7.2. Reagents 
All chemicals were obtained from Fisher Scientific unless otherwise stated and 
used as received. The reagents were prepared inside a Class-100 laminar flood hood 
using ultra-high purity (UHP) water (≥ 18.2 MΩ cm, Millipore). The FL producing 
reagent in this method is p-tosyl-8-aminoquinoline (pTAQ, Sigma-Aldrich) which 
forms a stable fluorescent complex with dZn(II). The 40 µM pTAQ reagent was 
prepared by dissolving 0.291 g of pTAQ into 20 mL of non-ionic surfactant base Triton 
X-100 (poly(oxyethylene)isooctylphenol) to form a 0.05 M pTAQ stock. Triton is 
required as pTAQ is insoluble in water between the pH range 3 - 11 (Inman et al., 1989) 
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making direct use of it in UHP water impossible. Several stock solutions were made 2 
months in advance of their use to ensure the complete dissolution of the pTAQ. From 
the stock, 800 µL of pTAQ was added to a 1L solution containing 25 mL of 2 M sodium 
hydroxide (NaOH) and 100 mL of 0.5 M boric acid (H3BO3) to form the 40 µM 
working reagent. The boric acid solution was prepared by dissolving 31 g of H3BO3 into 
1 L of microwave warmed UHP water. Due to the viscous nature of the Triton, shaking 
the 40 µM working pTAQ reagent produced bubbles that could travel through the 
manifold to the detector. The reagent was therefore prepared in advance and allowed to 
settle overnight before use.  The 0.3 M NH4OAc sample buffer and the 0.08 M 
NH4OAc column rinse solutions were prepared by diluting 200 mL ammonia solution 
(SpA, Romil) plus 60 mL acetic acid (SpA, Romil) to 500 mL with UHP water to give a 
2 M stock. Next, 150 mL of stock solution was diluted to 1L with UHP water to form 
the 0.3 M sample buffer whilst 40 mL of stock solution was diluted to 1 L with UHP 
water to form the 0.08 rinse solution. The NH4OAc sample buffer and column rinse 
reagents were adjusted to pH 6.0 and 5.5 respectively with acetic acid. Acidified 
seawater samples were buffered in-line to pH 5.2 by mixing with the sample buffer 
solution. The eluent, 0.08 M hydrochloric acid (HCl), was prepared by diluting 6.7 mL 
super-pure, sub-boiling distilled 12 M HCl (SpA, Romil) to 1 L with UHP water. 
 
2.7.3. Procedures 
The procedures and valve timings used in the Zn FI-FL method are documented 
in Table 2.6. The FI system was washed daily with 0.1 M HCl for 30 min in order to 
wash all trace-metal impurities from the manifold tubing and column resins. The 
reagents were then allowed to flow through the manifold for 30 – 40 min to ensure 
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stabilization of the FL baseline. The system was stabilized in the elute position and the 
elution acid passed over the pre-concentration column. The analytical cycle started 
when valve 2 switched and the buffered seawater sample passed over the pre-
concentration column where Zn was recovered (pH 5.2) for either 120 s (~2 mL total) or 
240 s (~ 4 mL total) depending on the calibration concentration range being used (Table 
2.6). The pre-concentration column was then rinsed for either 30 or 60 s.  
Table 2.6. Valve timings and position for the zinc(II) FI-FL method. 
Procedure Calibration range   
0 – 1 nM 
Calibration range     
0 - 10 nM 
Valve positions 
(V1/V2) 
Sample preparation   Load/Elute 
Sample load 120 s 240 s Load/Load 
Column rinse 30 s 60 s Rinse/Load 
Column eluent 60 s 60 s Rinse/Elute 
 
During the load and rinse steps the eluting acid bypassed the pre-concentration 
column and mixed with the buffered pTAQ reagent flowing towards the fluorimeter to 
generate the baseline FL signal. Following the column rinse step the eluting acid passed 
through the column for 60 s in the opposite flow direction to that of the loading and 
rinse steps, thus liberating Zn from the chelating resin into the reagent stream travelling 
towards the fluorimeter. The FL reaction occurred at pH 8.7 within the 40 cm reaction 
coil immediately prior to entering the fluorimeter. Each sample was run in triplicate 
with one complete analytical cycle taking either 10.5 min or 18 min depending on the 
calibration concentration range. 
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The analytical system was calibrated daily by standard additions, examples of 
which are presented in Figure 2.11. The large range of dZn concentrations observed in a 
typical open ocean vertical Zn profile (0.01 nM to 8 nM) made it necessary to use two 
separate six-point calibrations in order to analyse all samples with the highest possible 
accuracy. For samples collected above 1000 m, a calibration range 0 - 1 nM Zn is 
suitable, whereas for depths ≥ 1000 m a calibration range of 0 – 10 nM Zn is 
appropriate.  
 
 
 
 
 
 
 
 
 
 
 
Figure 2.11. Typical calibration curves for the utilised for the determination of 
dissolved zinc in the range (A) 0 – 1 nM and (B) 0 – 10 nM. Error bars represent one 
standard deviation of three replicate measurements of the same standard.   
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Two stock standards were required, 0.3 µM and 3 µM, which were prepared in 
UHP water acidified to pH 1.7 (0.024 M HCl, SpA, Romil) by serial dilution of a 1000 
mg L-1 Zn(II) atomic absorption standard solution (Romil). Working standards were 
prepared daily in ‘low-zinc’ seawater (Atlantic Ocean surface seawater collected 
regularly from the vicinity of the chlorophyll maximum and filtered (0.2 µm); dZn 0.08 
± 0.05 nM, n = 10), which was acidified to pH 1.7 (0.024 M HCl, SpA, Romil) prior to 
use. Calibrations were run at the beginning of each sequence of analysis and 
concentrations calculated from peak heights. Standard graphs were linear (r2 > 0.99) 
over the calibration ranges. 
 
2.7.4. Cadmium interference 
Due to its proximity to Zn in the periodic table, dissolved cadmium (dCd) also 
forms a fluorescent complex with pTAQ that has an optimal emission at pH 9.2 and 
therefore interferes with the fluorescent signal produced by Zn using this FI-FL method 
(Inman et al., 1989; Nowicki, et al., 1994; Gosnell et al., 2012). Unlike the interfering 
cations of seawater, the problem of dCd interference is not removed by rinsing the 
column with NH4OAc solution and a correction is therefore necessary. Previous Zn FI-
FL studies have reported very different levels of dCd interference when using pTAQ as 
the luminescent molecule, ranging from 30 % (Gosnell et al., 2012) to 70 % (Nowicki 
et al., 1994). Concentrations of dCd in seawater exist at approximately one-tenth the 
concentration of dZn (Bruland et al., 1978; Bruland, 1980). Thus dCd interference 
could be between 3 and 7 % of the total zinc concentration which, if not corrected for, 
could equate to an overestimation of deep water dZn concentrations by up to 0.6 nM.  
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The potential interference of dCd on the observed dZn signal was investigated 
by spiking low-zinc seawater with known Zn and Cd concentrations, singularly and in 
combination (standard stocks were 1000 mg L-1 atomic absorption standard Zn(II) and 
Cd(II) solutions, Romil). The standard matrix and the percentage interference from dCd 
are displayed in Table 2.7.  
Table 2.7. The additions of zinc and cadmium singularly and in combination to 
determine the total equivalent zinc concentration and the percentage cadmium 
interference.  
  
Added Zn (nM) Added Cd (nM) Total equivalent Zn 
± 1 std. dev. (nM) 
Cd interference (%) 
1 0 0.95 ± 0.03 - 
0 1 0.66 ± 0.02 69.0 
2 0 2.06 ± 0.02 N/A 
0 2 1.24 ± 0.04 60.1 
10 0 9.96 ± 0.08 - 
0 10 6.46 ± 0.03 64.9 
2 2 3.35 ± 0.01 67.6 
2 10 8.64 ± 0.13 66.4 
 
Standards of 1 nM, 2 nM and 10 nM Cd yielded fluorescence equivalent to 0.66 nM, 
1.24 nM and 6.46 nM Zn respectively. A combination of 2 nM Cd plus 2 nM Zn yielded 
fluorescence equivalent to 3.35 nM Zn, and a combination of 10 nM Cd plus 2 nM Zn 
yielded fluorescence equivalent to 8.64 nM Zn. Thus, the fluorescent signal from dCd 
observed during this study averaged ~ 66 % that of the equivalent dZn emission. This 
interference is comparable to the 70 % reported by Nowicki et al. (1994) and higher 
than the 30 % reported by Gosnell et al. (2012). With dCd concentrations in the ocean 
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approximately 10 % that of dZn concentrations, the correction used during this study 
was 6.6 %. The dCd concentrations used for this correction were estimated from 
measured phosphate concentrations and the well-known oceanic relationship between 
the two elements (see Boyle, 1988; Cullen, 2006; Lane et al., 2009). This relationship 
can generally be described by two distinct linear relationships with a kink at ~1.3 µmol 
L-1 PO4
3- (Boyle, 1988; de Baar et al., 1994; Löscher et al., 1997) using the equation:  
[Cd] (nM) = 0.21 [PO4
3-] (μM)  
 
Eq. 2.3. 
for PO4
3- concentrations <1.3 µM and:   
[Cd] (nM) = 0.40 [PO4
3-] (μM) - 0.25  
 
Eq. 2.4. 
for PO4
3- concentrations ≥ 1.3 µM. Ideally these corrections should be made using 
measured Cd concentrations due to the significant regional variability in the surface 
water Cd:PO4
3- ratio, thought to be the result of Fe limitation of phytoplankton growth 
(Cullen, 2006). Seawater samples collected from depths shallower than 200 m required 
no correction as the correction value was generally below the detection limit of the Zn 
FI-FL method. 
 
2.7.5. Analytical figures of merit 
Blanks and detection limits 
In common with the Fe FI-CL method described in the previous section, the 
major blank contribution to the Zn FIA method arises from the reagents that can be pre-
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concentrated onto the column resin (i.e. the NH4OAc sample buffer and column rinse 
solutions). Therefore a clean-up column containing Toyopearl resin was incorporated 
into both reagent lines (Figure 2.10). The blank signal was investigated daily prior to 
each system calibration by running a complete analytical cycle with acidified UHP 
water running through the sample line. The mean blank concentration was 0.27 ± 0.06 
nM (n = 12). The daily detection limit was estimated as the Zn concentration 
corresponding to 3 times the standard deviation of the blank signal for that calibration, 
resulting in a detection limit of 0.014 ± 0.017 nM (n = 12). 
Accuracy and precision 
The accuracy of this FI method for determining dZn in seawater was assessed by 
the quantification of dZn in surface water (S) and 1000 m water (D2) collected in the 
oligotrophic North Pacific during the SAFe programme (Johnson et al., 2007). The 
concentration of dZn (± 1 std. dev.) measured in the SAFe reference samples during this 
study (S = 0.06 ± 0.02 nM, n = 7; D2 = 7.72 ± 0.09 nM, n = 12) were in good agreement 
with the consensus values obtained for the same sample by other laboratories using 
different analytical techniques (S = 0.064 ± 0.019 nM; D2 = 7.66 ± 0.28 nM, 
http://www. geotraces.org/science/intercalibration/322-standards-and-reference-
materials). The SAFe reference samples were analysed alongside all seawater samples 
for which Zn data are presented in this thesis (see Chapter 4). The analytical precision 
of the method was determined from repeat analysis of a random seawater sample. The 
RSD of the mean was ± 2.6 % (n = 10). Samples that had an RSD > ± 5 % were 
reanalysed.   
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2.7.6. Discussion 
The Zn FI-FL method described here is well suited to in situ open ocean 
measurements of dZn owing to its portability, rapid analysis time, low limit of detection 
(14 pM) and large linear range (0 – 10 nM). The implementation of an automated 
sample selection valve would further facilitate the use of this method during shipboard 
studies and reduce the risk of contamination associated with transferring the sample line 
from one sample to the next. 
A number of modifications were made to the dZn FI-FL method described by 
Gosnell et al. (2012). Firstly, this study used the commercially available resin 
Toyopearl AF-Chelate-650 M instead of resin immobilized 8-HQ. The synthesis of 8-
HQ is both time consuming and complicated (Landing et al., 1986; Dierssen et al., 2001) 
leading to concerns about resin reproducibility. The Toyopearl resin has recently been 
successfully used in the FI-CL determination of both Fe (de Baar et al., 2008; Klunder 
et al., 2011) and Co (Shelley et al., 2010) without any reported loss of sensitivity 
compared to the well documented 8-HQ resin. The Toyopearl resin was therefore 
preferred during this study to simplify preparation of the analytical system.   
As with the Fe FI-CL system, a weakly acidified ammonium acetate rinse 
solution was chosen to remove interfering seawater cations from the pre-concentration 
column prior to elution. In addition, the NH4OAc rinse eliminates the depression in the 
FL baseline prior to the analytical peak resulting from the differing ionic strengths of 
the rinse and elution solutions. The molarity of the rinse solution (0.08 M) in this study 
was half that used by Gosnell et al. (2012). By reducing the molarity of the ammonium 
acetate rinse solution to that of the HCl elution acid (0.08 M) no reduction in sensitivity 
was observed and therefore the method used lower reagent volumes.  
Chapter 2 
99 
 
Finally, the 0.5 M boric acid solution used in the 40 µM pTAQ preparation was 
half the concentration used by both Nowicki et al. (1994) and Gosnell et al. (2012). 
This eliminated back-pressure resulting from the build-up of boric acid crystals within 
the FI manifold. The reduction in the molarity of the boric acid solution resulted in a 
new reaction pH of 8.7 at which a stable Zn-pTAQ complex was formed. This modified 
reaction pH is higher than previously reported (pH 8.1) but still within the pH window 
of 5 - 9 reported by Nowicki et al. (1994) as having no effect on the fluorescence 
intensity of the Zn-pTAQ complex and no reduction in sensitivity (fluorescence 
emission) of the complex. However, it must be noted that this reaction pH of 8.7 is 
closer to the pH 9.2 considered to be the optimal reaction pH of the interfering Cd(II)-
pTAQ complex (Inman et al., 1989). This may in part explain why this study                          
observed quite high Cd interference (66 % of equivalent Zn fluorescence).  
                                                                                                                                                                                                                                                                                                                                                                                                                                                                                                                                                                                                                                                                                                                                                                                                                                                                                                                                                                                                                                 
2.8. Conclusions 
 The Fe, Co and Zn FI methods described in this chapter are portable, sensitive, 
selective, have low detection limits (30 pM, 2 pM and 15 pM respectively) and short 
analysis times (≤ 18.0 min per analytical cycle) making them particularly suitable for 
use in the laboratory and for shipboard analyses. These FI methods enable near real-
time mapping of spatial and temporal trends in oceanic dissolved Fe, Co and Zn 
distributions, thus they have clear advantages over land-based ICP-MS and time-
consuming CSV techniques. 
The use of the commercially available Toyopearl AF-Chelate-650M resin 
throughout this study provided excellent analytical precision (RSD < 3 % for all three 
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FI methods) and simplified the preparation of the analytical systems. In addition, the use 
of an acidified ammonium acetate rinse, with an ionic strength similar to that of the 
elution acid, allowed the removal of interfering seawater cations from the pre-
concentration column whilst also removing the baseline depressions observed with a 
UHP rinse. This led to an improved signal to noise ratio without significant loss of 
sensitivity (e.g. for Fe FI-CL y = 1.50 with UHP rinse and 1.42 with NH4OAc rinse). A 
minor modification was made to the Zn FI-FL method, whereby the 0.5 M boric acid 
solution was half that reported elsewhere and, which resulted in a reaction pH of 8.7 at 
which the Zn-pTAQ complex was formed. The reduction in boric acid molarity 
eliminated back-pressure, resulting from the build-up of boric crystals within the FI 
manifold, and improved system performance.  
The accuracy of the FI methods was validated by the quantification of SAFe and 
GEOTRACES reference seawater samples. An excellent agreement between the values 
obtained for these samples and the consensus values was observed for all three methods 
(e.g. SAFe D1 (n = 15) this study 0.74 ± 0.10 nM Fe, consensus value 0.67 ± 0.07 nM 
Fe; D1 (n = 4) this study 44.3 ± 1.0 pM Co, consensus value 43.0 ± 5.6 pM; SAFe S (n 
= 7) this study 60.0 pM ± 20 pM, consensus value 64 ± 19 pM.  
The FI methods described in this chapter were successfully used to determine Fe 
throughout the Atlantic Ocean as part of the Atlantic Meridional Transect (see Chapter 
3), and Zn and Co along the Atlantic 40° S latitudinal line as part of the UK 
GEOTRACES programme (see Chapters 4 and 5). 
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Biogeochemistry of iron in the upper water column of the 
Atlantic Ocean: observations from the Atlantic Meridional 
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3.1.  Introduction 
Iron (Fe) is an essential requirement for phytoplankton growth in the world’s 
oceans, playing an important role in biochemical processes such as carbon and di-
nitrogen (N2) fixation (Morel and Price, 2003; Küpper et al., 2008). Despite Fe being 
the fourth most abundant element in the earth crust, dissolved Fe (dFe) is often only 
present at trace concentrations (< 0.5 nM) in oxygenated surface waters of the open 
ocean (Moore and Braucher., 2008; Boyd and Ellwood, 2010; Tagliabue et al., 2012). 
Consequently, Fe is considered to limit primary production in ~ 30 – 50 % of the 
world’s surface waters, specifically the high nitrate, low chlorophyll (HNLC) regions 
of the Southern Ocean, sub-Arctic Pacific and equatorial Pacific (Moore et al., 2002; 
2004; Aumont et al., 2003; Boyd and Ellwood, 2010). 
However, for the majority of the Atlantic Ocean, the rate of primary 
production is largely controlled by the availability of inorganic macronutrients (N and 
P) (Marañón et al., 2003; Gist et al., 2009) delivered predominantly by (a) in-situ 
biological processes (e.g. N2 fixation and remineralisation) or (b) physical processes 
(e.g. upwelling and lateral transport). The fixation of atmospheric N2 is of particular 
importance to primary production being an important process in the delivery of new 
nitrogen to the euphotic zone (Tyrrell, 1999; Karl et al., 2002). For example, N2 
fixation can provide up to 70 % of the nitrogen demand during bloom conditions in 
surface waters of the western tropical North Atlantic (Carpenter et al., 1999). Iron 
limitation can restrict rates of N2 fixation (Mills et al., 2004; Coles and Hood, 2007; 
Moore et al., 2009). Nitrogen fixing cyanobacteria have a cellular Fe requirement that 
is estimated to be between 2.5 and 5.2 times higher than phytoplankton relying on 
ammonium alone (Sanudo-Wilhelmy et al., 2001). This high biological demand for 
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Fe by N2 fixing phytoplankton, along with that of non-N2 fixing phytoplankton, 
indicates that Fe concentrations can influence rates of N2 fixation (Mills et al., 2004; 
Coles and Hood, 2007; Moore et al., 2009), and thus primary production within the 
Atlantic Ocean (Moore et al., 2002; Moore et al., 2006). 
A major source of Fe to Atlantic surface waters is via the wet and dry 
deposition of atmospheric dust (Jickells et al., 2005; Sarthou et al., 2007; Buck et al., 
2010a; Evangelista et al., 2010; Ussher et al., 2013). The principle origin of this dust 
is Northwest Africa, from which an estimated 240 ± 80 Tg (1012 g) is transported 
west annually during the summer months (Kaufman et al., 2005). Of this dust 
transport, approximately 140 ± 40 Tg are deposited into the Atlantic Ocean, the 
majority into waters underneath the Saharan dust belt (~ 0 - 30° N; Jickells et al., 
2005; Mahowald et al., 1999; Kaufman et al., 2005). Despite the fractional solubility 
of Fe in Saharan dust being only ≤ 1 % (Sedwick et al., 2007; Buck et al., 2010a), the 
elevated dust loadings to this region result in the highest surface Fe concentrations 
(Measures et al., 2008; Fitzsimmons et al., 2013; Ussher et al., 2013) and N2 fixation 
rates (Coles and Hood, 2007; Moore et al., 2009) found in the Atlantic open ocean. 
Another source of Fe to remote Atlantic surface waters is through vertical 
mixing. This mechanism reportedly provides between ~ 8 and 31 % of the total 
vertical dFe input flux (upward vertical dFe flux plus atmospheric dFe flux) to the 
Atlantic mixed layer (Ussher et al., 2013). Vertical mixing is particularly important in 
the tropics where high sub-surface dFe concentrations of up to 2 nM are associated 
with remineralisation of Fe-rich organic matter formed in the dust laden surface 
ocean (Bergquist and Boyle, 2006; Measures et al., 2008; Fitzsimmons et al., 2013; 
Ussher et al., 2013). The lateral advection of Fe from shelf regions to the remote 
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Atlantic open ocean is reported to be negligible (Laes et al., 2007; Ussher et al., 2007; 
Fitzsimmons et al., 2013), whilst hydrothermal sources of Fe to the upper water 
column of the Atlantic are also reported to be minimal (Tagliabue et al., 2010; 
Hardardóttir et al., 2009). 
The primary removal mechanism for Fe from the euphotic zone is through 
active biological uptake (Martin and Gordon, 1988) via N2 fixation and primary 
production. In addition to active uptake, there is also passive adsorptive scavenging 
of Fe onto particles (both living and dead) that exist in surface waters (Johnson et al., 
1997; Wu et al., 2001; Bruland and Lohan, 2003). However, dFe is strongly protected 
from scavenging by its complexation with strong Fe-binding organic ligands (> 99 %) 
(Rue and Bruland, 1995; Van den Berg, 1995). 
The Atlantic is an important ocean to study the distribution and cycling of Fe 
for several reasons. Firstly, the Atlantic includes contrasting biogeochemical 
provinces such as the northern and southern hemisphere oligotrophic gyres, and 
temperate eutrophic shelf seas. Second, an extensive oxygen minimum zone (OMZ) 
extends westward from the North African coast to ~ 35° W with oxygen 
concentrations as low as 40 µmol kg-1 (Stramma et al., 2008). This OMZ is 
maintained by a combination of coastal upwelling off Northwest Africa, which 
promotes biological oxygen consumption via respiration in the thermocline 
(Karstensen et al., 2008), and sluggish ocean ventilation, which supplies oxygen 
(Stramma et al., 2008). Finally, and arguably most importantly, the North Atlantic 
Ocean receives approximately half the dust entering the global ocean annually 
through wet and dry atmospheric deposition (Jickells et al., 2005). Since Fe 
constitutes ~ 3.5 % of the mass of mineral matter (Taylor and McLennan, 1985), dFe 
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concentrations in the North Atlantic are likely to be higher than in other oceanic 
regions.  
The Atlantic Meridional Transect (AMT) time series programme provides an 
ideal opportunity to improve our current understanding of Fe cycling in the upper 
Atlantic Ocean and the role of Fe on climate relevant biological processes. This 
chapter reports on the geographical distribution and biogeochemistry of Fe in the 
upper water column along a 12,000 km gyre-centred transect of the Atlantic Ocean. 
In this study, dFe and total dissolvable Fe (TDFe) data are discussed in the context of 
the biogeochemical and physical properties of the different geographic provinces in 
order to investigate the distribution and behaviour of Fe in the upper water column of 
the Atlantic Ocean between ~ 50° N and 40° S. 
 
3.2.  Materials and procedures 
3.2.1. Sampling methods 
Seawater samples were collected from the upper water column (0 - 150 m) at 29 
oceanographic stations during the UK Atlantic Meridional Transect cruise between 
Falmouth, UK and Punta Arenas, Chile (AMT-19; Fig. 3.1). The cruise took place from 
13th October - 28th November 2009 on board the R.R.S. James Cook (JC039). All 
sampling bottles were cleaned according to procedures adopted from the GEOTRACES 
sample handling protocols detailed in Chapter 2.2.  
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Figure 3.1. The stations (red dots) sampled for dissolved iron and total dissolvable iron 
during AMT-19. Geographic provinces are indicated as North Atlantic Drift (NADR), 
North Atlantic Gyre (NATL), North Atlantic Tropical Gyre (NATR), Western Tropical 
Atlantic (WTRA), South Atlantic Gyre (SATL) and South Sub-Tropical Convergence 
(SSTC). The major Atlantic currents shown are the Azores Current (AzC), the North 
Equatorial Current (NES), the North Equatorial Counter Current (NECC), the South 
Equatorial Current (SEC), the South Atlantic Current (SAC), the Brazil Current (BC) 
and the Malvinas Current (MC). Station metadata can be obtained from 
http://www.bodc.ac.uk/projects/uk/amt/. This figure was made using Ocean Data View 
(Schlitzer, 2012). 
 
Seawater samples were collected using six 10 L trace metal clean Teflon coated 
OTE (Ocean Test Equipment) sampling bottles attached to a titanium CTD frame. The 
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sample bottles were remotely closed from the ship during the retrieval of the CTD into 
waters that had not previously been in contact with the frame. Upon recovery, the OTE 
bottles were transferred into a class 1000 clean air container and lightly pressurised with 
high purity nitrogen gas (BOC Gases), which was filtered in-line using a 0.2 µm 
polypropylene housed, glass microfiber filter (HEPA-CAP-36, Whatman). Seawater 
samples were collected for two different size fractions of Fe, defined as: dFe (< 0.2 µm) 
and TDFe (unfiltered seawater). Samples for dFe were filtered through 0.2 µm cellulose 
acetate membrane, polypropylene housed filter capsules (Sartobran-300, Sartorius) into 
60 mL low density polyethylene (LDPE) bottles (Nalgene), whereas TDFe samples 
were collected directly from the OTE sampling bottles into 60 mL LDPE bottles. Each 
sample was acidified to pH 1.8 (0.024 M) by addition of 12 M hydrochloric acid (HCL, 
SpA, Romil) under a class 100 laminar flow hood. The sample bottles were sealed 
tightly and stored in polyethylene zip-lock bags for > 3 months before analysis on land. 
 
3.2.2. Determination of iron in seawater 
Dissolved Fe and TDFe were determined using flow injection with 
chemiluminescence detection (FI-CL) within a Class 1000 clean room facility (ISO 
9001) at the University of Plymouth, UK. The FI method used in this study was based 
on the method originally described by Obata et al. (1993) and modified by de Jong et al. 
(1998) and de Baar et al. (2008). The detailed methodology is described in Chapter 2.5. 
Briefly, measurements were made based on the catalytic oxidation of luminol by 
hydrogen peroxide in the presence of Fe. This method detects Fe(III); therefore this 
study used a hydrogen peroxide oxidation step whereby each sample had an addition of 
H2O2 (30 % v/v, Merck, to make a final concentration of 10 nM) 1 h prior to the 
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determination of Fe(III) as recommended previously (Lohan et al., 2005a; Johnson et al., 
2007). The sample was buffered in-line to pH 3.5 – 4.0 with 0.12 M ammonium acetate 
before being loaded onto a chelating iminodiacetic acid (IDA, Toyopearl AF-Chelate-
650 M) pre-concentration column (Fig. 2.5). The column was rinsed with 0.12 M 
ammonium acetate to remove interfering cations of the seawater matrix before Fe was 
eluted from the column with 0.4 M HCl (SpA, Romil). The HCl eluent entered the 
reaction stream where it mixed firstly with a 0.3 M 5-amino-2,3-dihydrophthalazine-
1,4-dione (luminol: Aldrich) solution containing 0.96 M ammonia hydroxide, and 
secondly with 0.1 M H2O2. Chemiluminescence emission was detected by a Hamamatsu 
low power photomultiplier tube (model H 6240-01) and recorded using LabVIEW v.7.1 
software (Fig. 2.5). 
 The accuracy of the method was assessed daily by the determination of dFe in 
SAFe S and D1 seawater reference materials. The concentrations of dFe (± 1 std. dev.) 
measured in the SAFe reference samples (S = 0.14 ± 0.08 nM; D1 = 0.74 ± 0.10 nM; n 
= 15) were in good agreement with the consensus values (S = 0.09 ± 0.07 nM; D1 = 
0.67 ± 0.07 nM). 
 
3.2.3. Air mass back trajectories 
 Five day air mass back trajectories (AMBTs) were simulated for four North 
Atlantic stations using the NOAA Air Resources Laboratory Hybrid Single-Particle 
Lagrangian Integrated Trajectory Model (HYSPLIT, GDAS data set) (Draxler and 
Rolph, 2013; Rolph, 2013). These four stations represent the four geographic provinces 
(NADR, NATL, NATR and WTRA; Fig. 3.1) that together receive ~ 43 % of the dust 
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flux to the world’s oceans (Jickells et al., 2005). In contrast, the South Atlantic receives 
only ~ 4% of the dust flux and therefore is not represented here. Trajectory arrival 
heights of 400, 800 and 1500 m were selected. The 400 and 800 m arrival heights 
represent air masses that have arrived within the marine boundary layer, the part of the 
atmosphere that has direct contact with the ocean, and hence is where dust deposition 
occurs. The 1500 m arrival height represents air masses that originate at starting 
altitudes within the range of Saharan dust transport (1 – 5 km) (Prospero and Carlson, 
1972; Prospero et al., 1981).    
 
3.2.4. Nitrogen fixation, primary productivity and chlorophyll-a 
For rates of N2 fixation, samples were collected pre-dawn at nine North Atlantic 
stations using the titanium CTD system. Seawater was collected from four light 
penetration depths (97, 33, 20 and 1 % of surface light irradiance), which were 
estimated from in situ irradiance profiles using an Alphatraka MkII transmissometer 
(Helsea Instruments). Sub-samples of 1 L were labelled with 1 mL of 99 % 15N-N2 
(Isotech) and incubated on-board for 24 h under relevant light attenuating filter screens. 
Following incubation, the samples were filtered (0.7 µm Whatman GF/F) and the filters 
oven dried at 60° C overnight. Particulate nitrogen and 15N atom % were determined at 
Plymouth Marine Laboratory, UK, using pre-calibrated (urea standards 0.1 – 0.75 µmol-
N, PDZ-Europa Ltd.) stable isotope mass spectrometry (PDZ-Europa 20-20 and GSL; 
Owens and Rees, 1989) and the rates determined according to Montoya et al. (1996). 
Rates of N2 fixation determined in this manner may prove to be an underestimation due 
to the unequal dissolution of the 15N-N2 bubble (Mohr et al., 2010). Absolute rates may 
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alter between 1.4 (Mulholland et al., 2012) and up to 6 times (Wilson et al., 2012) with 
modified methodology and so rates reported here should be considered conservative. 
For rates of primary productivity (Dr. Claire Widdicombe; PML), seawater was 
collected pre-dawn from six light penetration levels (between 97 % and 1 % surface 
irradiation) using standard 20 L Niskin bottles fitted to a stainless steel CTD rosette. 
Sub-samples of 75 mL were labelled with 10 µL of 14C-HCO3
1- and incubated on-deck 
for 12 – 14 h (local dawn to dusk) under relevant light attenuating filter screens. The 
experiments were terminated by sequential filtration through 2 µm polycarbonate and 
0.2 µm Supor 200 membrane filters and fumed overnight with HCl prior to analysis 
onboard using a Packard Tricarb 2900 liquid scintillation counter. For chlorophyll-a 
determination (Dr. Claire Widdicombe; PML), samples were filtered (0.2 µm 
polycarbonate) and the filters extracted in 10 mL of 90 % acetone overnight at 4 - 20° C 
(Welschmeyer et al., 1994). The chlorophyll-a extract was measured on a pre-calibrated 
(pure chlorophyll-a standard, Sigma) Turner Designs Trilogy 700 fluorimeter.    
  
3.2.5. Nutrients, temperature, salinity and pH 
The dissolved macronutrients silicate, phosphate and nitrate (determined as 
nitrate + nitrite) were determined on-board (Carolyn Harris; PML) using an AA III 
segmented-flow AutoAnalyser (Bran and Luebbe) following colorimetric procedures 
(Woodward and Rees, 2001). These were determined in all samples from the titanium 
CTD rosette and additionally from the stainless steel CTD rosette. Clean sampling and 
analysis procedures for macronutrients were adopted (Hydes et al., 2010). Salinity, 
temperature and depth were measured using a Seabird 911+ CTD mounted to the rosette. 
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Dissolved O2 was determined by a Seabird SBE 43 O2 sensor. Salinity was calibrated 
on-board using an Autosal 8400B salinometer (Guideline) whilst dissolved O2 was 
calibrated by photometric automated Winkler titration (Carritt and Carpenter, 1966).  
Seawater pH was determined on-board on samples collected from the titanium 
CTD rosette by spectrophotometric methods described by Dickson et al. (2007), using 
the sulfonephthalein indicator dye m-cresol purple and a Perkin Elmer Lambda 35 
spectrophotometer. A 2 mM stock solution was prepared by adding 0.977 g m-cresol 
sodium salt to 1 L UHP water. From this stock, 100 µL was added to seawater samples 
before and after a series of absorbance measurements. Initially, seawater sub-samples 
were allowed to acclimatise to room temperature (~ 21° C) over several hours. The 
absorbance measurements were conducted in 10 cm path-length quartz glass cells at 
three wavelengths: a non-absorbing wavelength (730 nm for m-cresol purple) and at the 
wavelengths corresponding to the absorbance maxima of the base (I2-) and acid (HI-) 
forms of the dye (578 and 434 nm respectively). The acid dissociation constant for m-
cresol purple was calculated from the equations of Clayton and Byrne (1993) and pH 
expressed on the total hydrogen ion concentration scale. The pH values were corrected 
to ambient temperature using the CO2SYS software programme (Lewis and Wallace, 
1998) and temperature/salinity data from the titanium CTD.     
   
3.3. Results 
3.3.1. Hydrographic setting and macronutrient distributions  
During this study, the Atlantic Ocean was partitioned into 6 geographic 
provinces (Fig. 3.1, Table 3.1) based on the physical circulation of the ocean described 
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by Longhurst (1998). This approach is intended to highlight the regional oceanographic 
processes that influence the distribution and biogeochemistry of Fe in the Atlantic. The 
provinces are as follows: North Atlantic Drift Region (NADR, 56 - 38º N), North 
Atlantic Gyre (NATL, 38 - 30º N), North Atlantic Tropical Gyre (NATR, 30 -12º N), 
Western Tropical Atlantic (WTRA, 12º N - 10º S), South Atlantic Gyre (SATL, 10 - 33º 
S), and South Sub-Tropical Convergence (SSTC, 33 - 55º S).  
Table 3.1. Description of the biogeochemical provinces sampled during AMT-19. 
Adapted from Longhurst (1998). 
Biogeochemical province Acronym 
Latitudinal 
range 
North Atlantic Drift Region NADR 56 – 38º N 
North Atlantic Gyre NATL 38 – 30º N 
North  Atlantic Tropical Gyre NATR 30 – 12° N 
Western Tropical Atlantic WTRA 12º N – 10º S 
South Atlantic Gyre SATL 10 – 33º S 
South Sub-Tropical Convergence SSTC 33 – 55º S 
 
Within these provinces, the thermohaline structure of the upper water column 
(Fig. 3.2) is determined by the water masses that occupy each region and the relative 
evaporation and precipitation rates. In the North Atlantic, the lowest upper water 
column temperatures (12 - 22° C) were observed within the NADR. Here, the water 
column displayed weak thermohaline stratification, characteristic of high wind stress in 
the NADR during boreal autumn (Longhurst, 1998).  
Moving south into the NATL, the introduction of a warmer (20 - 26° C), more 
saline (S 36 – 37), tropical water mass that originated in the northern margins of the 
Azores Current (Aiken et al., 2000) resulted in a mixed layer depth of between 40 and 
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50 m. This tropical water is also present throughout the NATR where high rates of 
evaporation result in salinity > 37. Consistent with previous AMT observations (Aiken 
et al., 2000; Robinson et al., 2006), this tropical water mass was observed to depths of ~ 
150 m between 20 and 26° N during AMT-19.  
 
Figure 3.2. The distributions of temperature (top), salinity (middle) and dissolved 
oxygen (bottom) in the upper 150 m of the Atlantic Ocean during AMT-19, with the 
biogeochemical provinces marked above (refer to Table 3.1 for acronyms). This figure 
was made using Ocean Data View (Schlitzer, 2012). 
Towards the southern extent of the NATR province, a plume of cooler (< 20° C), 
fresher (S < 36), low oxygen (< 150 µM) upwelled water was clearly visible below 60 
Chapter 3 
114 
 
m (Fig. 3.2). Strong upwelling off the Northwest African Margin results from the 
divergence between the North Equatorial Current and the North Equatorial Counter 
Current at ~ 10° N, and the divergence between the same Counter Current and the South 
Equatorial Current at ~ 2° S (Hastenrath and Merle, 1987; Longhurst, 1998; Aiken et al., 
2000; Fig. 3.1). Within this upwelled water, low oxygen concentrations are maintained 
by biological oxygen consumption via respiration in the thermocline (Karstensen et al., 
2008) and sluggish ocean ventilation (Stramma et al., 2008). The North Atlantic OMZ 
extends from the Northwest African margin to ~ 35° W (Fitzsimmons et al., 2013) and 
extended throughout the tropical Atlantic to the southern boundary of the WTRA during 
AMT-19. As a result, mixed layer depths in the WTRA varied between 30 and 75 m. 
Above the mixed layer, the WTRA surface waters displayed low salinity (S < 36.5) 
relative to the sub-tropical gyres, caused by dilution through an excess of precipitation 
over evaporation (Aiken et al., 2000).  
A surface salinity minimum (S < 35) was observed within the WTRA between 6 
and 8° N to 30 m (Fig. 3.2), a common feature that can arise from either converging air 
masses and subsequent high precipitation rates in the Inter-Tropical Convergence Zone 
(ITCZ) (Bowie et al., 2002a; Ussher et al., 2013), or from Amazon Water transported 
eastwards across the Atlantic by the North Equatorial Counter Current (Aiken et al., 
2000). No elevation in surface silicate concentration (data not shown), which would be 
indicative of Amazon Water, was observed during AMT-19. In addition, two large 
rainfall events were recorded between 6 and 9° N during the cruise, indicating high rates 
of precipitation in the ITCZ as the cause of the WTRA salinity minimum.  
As observed during earlier AMT studies (Robinson et al., 2006), a gradual 
latitudinal decrease in sea surface temperature and salinity was observed in the SATL 
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(10 – 33º S) and into the SSTC (33 – 38º S); a manifestation of the decrease in 
evaporation rates associated with lower temperatures at higher latitudes. An increase in 
the westerly winds as the ship travelled south, coupled with increased downwelling 
associated with the anti-cyclonic circulation of the sub-tropical gyre (Longhurst, 1998; 
Ussher et al., 2013), resulted in a deepening of the SATL mixed surface layer up to 75 
m, and a fully homogenous upper water column (T ~ 16 °C, S ~ 35.5) in the SSTC.  
The distribution of macronutrients along the transect (Fig. 3.3) revealed 
extremely low mixed layer concentrations (nitrate < 1µM and phosphate < 0.1 µM), 
depleted through biological uptake, and three distinct regions where concentrations 
below the mixed layer were elevated. Firstly, within the NADR, macronutrient 
concentrations were elevated below 60 m (nitrate 2.5 - 12 µM and phosphate 0.2 - 0.9 
µM). These elevations continued into the northern section of the NATL before 
becoming depleted to concentrations less than 1 µM nitrate and 0.1 µM phosphate. 
Secondly, macronutrient concentrations were greatly elevated in waters associated with 
the equatorial upwelling (nitrate 2.5 - 23 µM and phosphate 0.2 - 1.5 µM). Finally, 
macronutrient concentrations in the SSTC were elevated below 100 m (nitrate 2.5 - 5 
µM and phosphate 0.2 - 0.5 µM), values similar to those reported for the Southwest 
Atlantic at 40° S by Wyatt et al. (2013; in press) (see Chapter 4), and which may reflect 
mixing with high nutrient sub-Antarctic water associated with the Brazil-Malvinas 
Current convergence and the South Atlantic Current (Fig 3.1). 
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Figure 3.3. Concentrations of macronutrients (nitrate and phosphate) in the upper 150 m 
of the Atlantic Ocean during AMT-19 with the biogeochemical provinces marked above 
(refer to Table 3.1 for acronyms). This figure was made using Ocean Data View 
(Schlitzer, 2012). 
 
3.3.2. Air mass regimes 
 Five-day AMBT’s for the North Atlantic Ocean during AMT-19 (Fig. 3.4) show 
that the cruise track passed under three distinct air mass regimes; North 
Atlantic/European air in the NADR (Fig. 3.4A), North Atlantic/maritime air in the 
NATL and NATR (Fig. 3.4B and C respectively), and Saharan air in the WTRA (Fig. 
3.4D). These air masses and their aerosol chemical constituents have been described 
elsewhere (e.g. Baker et al., 2006; Buck et al., 2010a,b). The 5-day AMBT’s for the 
NADR at 46° N (Fig. 3.4A) showed a cyclonic atmospheric circulation pattern with 
trajectories that pass over Northwest Europe and Scandinavia. Buck et al. (2010a) report 
an aerosol Fe:Al molar ratio of 0.05 for  North Atlantic/European air at 46° N (Table 
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3.2) that is significantly lower than the Saharan dust Fe:Al ratio of 0.26 (Formenti et al., 
2003), apparently a result of aerosol particles depleted in Fe.  
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
Figure 3.4. Five day (120 h) back-trajectory analysis for selected points along the AMT-
19 cruise track: (A) NADR: 46° N 19° W, 17th October 2009, North Atlantic European 
air (B) NATL: 36° N 27° W, 22nd October 2009, North Atlantic/remote air (C) NATR: 
23° N 40° W, 28th October 2009, North Atlantic maritime air (D) WTRA: 10° N 32° W, 
3rd November 2009, Saharan air. Back trajectories converge at arrival heights of 400 m 
(red), 800 m (blue), and 1500 m (green) above the ship’s position. Lower sections of 
each panel show variation in height (m above ground level) of each air parcel over the 
preceding 5 days.  
A B 
D C 
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Further to the south, the 5-day AMBT’s for the NATL at 36° N (Fig. 3.4B) were 
of marine origin and appear to be influenced at their southern extent by prevailing 
westerly winds. However, extending the trajectories to ten days showed that the air 
masses originated over continental North America and may be influenced by polar and 
continental polar air masses. Here, the aerosol molar Fe:Al ratio of 0.40 (Table 3.2) was 
higher than that of Saharan dust, which when considered in conjunction with elevated 
aerosol manganese and vanadium to titanium ratios, has led Buck et al. (2010a) to 
suggest an anthropogenic influence on these air masses. 
Table 3.2. Total aerosol iron, aluminium and silicate concentrations for samples 
collected during CLIVAR A16N. Adapted from Buck et al. (2010a). 
Province 
Latitude 
(°N) 
Total 
aerosol Fe 
(pmol m-3) 
Total 
aerosol Al 
(pmol m-3) 
Total 
aerosol Si 
(pmol m-3) 
Fe:Al 
molar 
ratio 
Fe:Si 
molar 
ratio 
NADR 46 30 620 DL 0.05 N/A 
NATL 36 146 365 795 0.40 0.18 
NATR 23 1904 6737 15007 0.28 0.13 
WTRA 10 1755 6893 16077 0.25 0.11 
DL = below detection limit 
 
Similarly, the air regime within the NATR at 23° N (Fig. 3.4C) had 5-day 
AMBT’s that originated above continental North America. Within the NATR, 
atmospheric transport appears to be strongly influenced by the Bermuda-Azores high 
pressure system (BAH) as the trajectories travel eastward before following an arc-like 
pattern as they decrease in altitude and converge with northeasterly trade winds. At this 
latitude, the aerosol Fe:Al molar ratio of 0.28 (Table 3.2) reported by Buck et al. (2010a) 
is similar to that of Saharan dust suggesting that Saharan dust entrained in the trade 
winds is an important source of Fe to the NATR.    
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The AMBT’s for the WTRA at 10° N (Fig. 3.4D) begin to show air masses 
originating over the African continent. The Saharan air masses associated with the 
WTRA are dominated by the signature of Saharan dust particles with an aerosol Fe:Al 
molar ratio of 0.25 observed at 10° N (Buck et al., 2010a) (Table 3.2). These air masses, 
along with Saharan dust, can be carried to the ocean surface by entrainment with 
descending northeasterly trade winds. (Buck et al., 2010a).  
 
3.3.3. Surface water iron distributions 
The two chemical forms of Fe investigated during this study, defined by 
physical size fractionation (see Chapter 2.3.3), are shown in Figure 3.5. Here, dFe was 
operationally defined as the fraction which passed through a 0.2 μm filter, whilst TDFe 
was defined as the total Fe in an unfiltered seawater sample and includes the fraction of 
reactive Fe solubilised from particles following a 6 month weak acid (0.024 M HCl) 
leach.  
Surface water (≤ 25 m) Fe distributions during AMT-19 displayed distinct 
regional differences between the North and South Atlantic (Fig. 3.5). Elevated surface 
Fe concentrations (dFe = 0.50 – 1.65 nM, TDFe = 0.80 – 1.68 nM) were observed 
within the NATR and the WTRA provinces between ~ 4 and 29° N, a latitudinal range 
in agreement with the known extent of the Saharan dust belt (0 – 30° N; Kaufman et al., 
2005). Within this latitudinal range, two distinct surface Fe maxima were observed (Fig 
3.5). The first Fe maxima, located in the NATR between ~ 20 and 29° N (dFe = 0.68 – 
1.02 nM, TDFe = 0.96 – 1.66 nM), was in the vicinity of elevated rates of surface N2 
fixation (0.3 – 1.1 nmol L-1 d-1; see section 3.3.5, Fig. 3.6). Within this region, dFe 
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represented only 48 ± 26 % of the TDFe pool suggesting that atmospheric dry 
deposition of Fe-rich Saharan dust may be the principal source of Fe to the NATR. The 
second, located in the southern NATR, northern WTRA between ~ 4 - 14° N (dFe = 
0.50 – 1.65 nM, TDFe = 0.83 – 1.68 nM), broadly coincided with the ITCZ surface 
salinity minimum (Fig. 3.2).  
 
Figure 3.5. Concentrations of total dissolved iron overlaid with chlorophyll-a (mg m-3; 
white contours) (top) and total dissolvable iron (bottom) in the upper 150 m of the 
Atlantic Ocean during AMT-19, with the biogeochemical provinces marked above (refer 
to Table 3.1 for acronyms). This figure was made using Ocean Data View (Schlitzer, 
2012). 
 
Here, dFe represented 60 ± 26 % of the TDFe pool indicating that Fe was more soluble 
in the ITCZ than in the NATR immediately to the north. In addition, both dFe and 
TDFe were significantly inversely correlated with salinity in ITCZ surface waters  
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(r2 = 0.46 and 0.41 respectively; n = 13, p < 0.05). Together, these data suggest that the 
atmospheric wet deposition of more soluble Fe (Jickells and Spokes, 2001; Baker et al., 
2007) may be the dominant input mechanism to the ITCZ. The two North Atlantic Fe 
maxima were in excellent agreement with observations from other Atlantic transects 
(e.g. Bowie et al., 2002a; Bergquist and Boyle, 2006; Measures et al., 2008; Ussher et 
al., 2013).  
To the north of 30° N, surface Fe concentrations in the NATL (dFe = 0.16 – 0.55 
nM, TDFe = 0.25 – 1.37) were lower (Fig. 3.5), likely due to a reduced Saharan dust 
input and stronger winter mixing in the NATL compared with weak seasonal mixing in 
the NATR (Longhurst, 1998). A slight surface dFe elevation of 0.58 nM was found in 
the NADR at ~ 46° N, near the approach to the European continental shelf, which 
corresponded to TDFe of 1.92 nM. As discussed further on, it is likely that this elevated 
Fe does not represent a shelf source and instead, may result from a small atmospheric 
dust deposition event. 
The lowest surface Fe concentrations (dFe = 0.14 – 0.32 nM, TDFe = 0.29 – 
0.71 nM) were found in the centre of the SATL (Fig. 3.5), where atmospheric dust 
inputs are minimal (Mahowald et al., 1999; Jickells et al., 2005), and increased 
southwards into the SSTC (dFe = 0.39 – 0.58 nM, TDFe = 0.43 – 0.71 nM) as STSW 
mixed with high Fe sub-Antarctic water associated with the Brazil-Malvinas Current 
convergence (Fig. 3.1). For the SATL and SSTC provinces combined, Fe existed 
predominately in the dissolved phase (dFe contributed 85 ± 5% towards the TDFe pool). 
Interestingly, Ussher et al. (2013) have shown that Fe in the SATL exists largely in the 
soluble size fraction (< 0.02 µm), which may be expected given the minimal 
atmospheric supply and increased dFe residence time (8 - 11 y) compared with the 
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North Atlantic provinces (0.4 – 3 y) reported by these authors. The difference in 
chemical forms of Fe between the North and South Atlantic can therefore be explained, 
for the most part, by the differences in atmospheric fluxes and by different 
biogeochemical processing of Fe in these surface waters. 
 
3.3.4. Sub-surface iron distributions 
The sub-surface (> 25 m) distribution of Fe also displayed strong latitudinal 
gradients (Fig. 3.5). In the North Atlantic, minimum sub-surface Fe concentrations (dFe 
= 0.06 – 0.20 nM, TDFe = 0.16 – 0.39 nM) were observed in the vicinity of the 
chlorophyll-a maximum (0.20 – 0.25 mg m-3). Maximum sub-surface Fe concentrations 
(dFe = 0.79 nM, TDFe = 1.54 nM) were observed in the WTRA, coincident with an 
oxygen minimum of ~ 122 µM (Fig. 3.2). Observations of elevated dFe in this OMZ are 
consistent with similar studies in the North Atlantic (Bergquist and Boyle, 2006; 
Measures et al., 2008; Fitzsimmons et al., 2013; Ussher et al., 2013). This suggests that 
the elevated dFe in the north Atlantic OMZ may be a steady-state feature, possibly 
sustained by remineralisation of Fe-rich organic matter formed in the surface mixed 
layer. Elevated sub-surface dFe concentrations were also found below 100 m in the 
northern NATR, southern NATL waters between 22 and 28° N (0.44 – 0.77 nM; Fig. 
3.5). Here, the dFe fraction represented 69 ± 18 % of the TDFe pool and could therefore 
be a relic of a previous dust deposition event.     
 In the South Atlantic, sub-surface Fe concentrations in the SATL were 
relatively low and less variable (dFe = 0.15 - 0.39 nM, TDFe = 0.25 – 0.59 nM). The 
highest South Atlantic sub-surface Fe concentrations were observed in the SSTC (dFe = 
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0.33 – 0.61 nM, TDFe = 0.33 – 0.73 nM), in close proximity to the chlorophyll-a 
maxima (> 0.25 mg m-3) at these stations (Fig. 3.5).  
 
3.3.5. Nitrogen fixation in the upper water column 
In the North Atlantic Ocean, the upper water column (115 m) integrated N2 
fixation rates were highest between 21 – 23° N (54 – 56 µmol m-2 d-1; Fig. 3.6). These 
values were in excellent agreement with the ~ 50 µmol m-2 d-1 reported by Moore et al. 
(2009) at these latitudes for AMT-17, approximately 4° east of this study. The lowest 
rates of N2 fixation in the upper water column (5 – 11 µmol m-2 d-1) were observed at 
the northern most stations between 33 – 44° N, a latitudinal range where the 
concentrations of Trichodesmium, the major group of N2 fixing phytoplankton in the 
oceans (Capone et al., 1997), are reported to be minimal or absent (Tyrrell et al., 2003).  
 
Figure 3.6. Average surface (25 m) and upper water column (115 m) integrated N2 
fixation rates from nine North Atlantic stations during AMT-19. 
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At individual stations, N2 fixation was generally highest in surface waters (≤ 25 
m), which agrees well with the vertical distribution of Trichodesmium in the water 
column of the North Atlantic (Tyrrell et al., 2003). Within these surface waters, N2 
fixation ranged from 0.1 to 1.1 nmol L-1 d-1 (Fig. 3.6), values once again in close 
agreement with the range reported for AMT-17 at corresponding latitudes (Moore et al., 
2009). The highest surface rates (0.85 – 1.1 nmol L-1 d-1) were observed between 21 – 
23° N, whilst the lowest (0.1 – 0.2 nmol L-1 d-1) were observed between 25 – 29° N. 
Instead, N2 fixation between these latitudes was highest at ~ 40 m (0.2 – 0.7 nmol L-1 d-
1). It should be noted that lower surface rates were also observed during AMT-17 at ~ 28° 
N (Moore et al., 2009). It has been suggested that active buoyancy regulation may allow 
Trichodesmium to migrate vertically (Villareal and Carpenter, 1990) and therefore the 
deeper depth of the N2 fixation maximum between these latitudes may reflect the 
vertical migration of diazotrophs in response to Fe or macronutrient availability (Fig’s 
3.5 and 3.3).  
 
3.3.6. pH distributions in the upper water column  
The latitudinal distribution of seawater pH is shown in Figure 3.7. The surface 
(≤ 25 m) pH ranged from 8.00 to 8.14 along the transect with the highest values of 8.08 
to 8.14 observed in the northern and southern extremes where chlorophyll-a 
concentrations were also high (> 0.25 mg m-3; Fig. 3.5). This implies that the increase in 
pH may be driven by recent biological production, as also observed by Chierici et al. 
(2004) in the Atlantic sector of the Southern Ocean. The lowest surface pH values of 
between 8.00 and 8.05 were found in the SATL and may therefore reflect the low 
biological production in this province along with the control of temperature and salinity 
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on carbon dioxide saturation. Within the WTRA, a small decrease in surface pH of 0.03 
was observed within the centre of the ITCZ that corresponded with reduced salinity of 
34.2 (Fig. 3.2).  
Within sub-surface waters (> 25 m), the highest pH values along the transect 
(8.07 – 8.24) were broadly associated with the chlorophyll-a maximum (Fig. 3.5). The 
lowest sub-surface pH values (7.99 – 8.03) were observed in the NATR between 22 and 
28° N (Fig. 3.7). These low pH values appear to be associated with the introduction of a 
warm tropical water mass (Fig. 3.2) that is thought to originate in the northern margins 
of the Azores Current (Aiken et al., 2000; Fig. 3.1), and which may have very different 
biogeochemical properties. 
 
Figure 3.7. The latitudinal distribution of seawater pH along AMT-19. This figure was 
made using Ocean Data View (Schlitzer, 2012). 
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3.4. Discussion 
3.4.1. Sources of iron to surface waters 
Sources of Fe to Atlantic surface waters include atmospheric dust deposition, offshore 
advection of Fe-rich continental shelf waters and vertical mixing across the thermocline 
(Measures et al., 2008; Ussher et al., 2007; 2013). During AMT-19, NADR surface dFe 
concentrations of 0.17 to 0.58 nM were similar to the 0.14 to 0.60 nM reported by 
Ussher et al. (2007) for Northeast Atlantic surface waters ~ 240 km from the European 
continental shelf. These authors observed a dFe concentration gradient over a relatively 
short distance spanning the shelf break and concluded that minimal horizontal transport 
of dFe from the shelf to the open ocean occurred in this region, despite severe winter 
storms. The present study began trace metal sampling ~ 242 km from the European 
continental shelf and therefore, based on the observations of Ussher et al. (2007), 
assumes no dFe transport from the European shelf margin to the open Atlantic Ocean. 
The southernmost station sampled during AMT-19 was over 1000 km east the South 
American continental shelf, a distance that dFe surface gradients from shelf regions do 
not generally exceed (Elrod et al., 2004; Ussher et al., 2007). This study, therefore, only 
considers atmospheric deposition and upward vertical mixing as sources of Fe to 
surface waters of the Atlantic Ocean along the AMT-19 transect.  
 
3.4.2. Atmospheric deposition of iron to Atlantic surface waters 
 The deposition and dissolution of atmospheric dust is considered the dominant 
source of Fe to remote Atlantic surface waters (Sarthou et al., 2003; Jickells et al., 2005; 
Baker et al., 2006; Buck et al., 2010a,b; Evangelista et al., 2010; Ussher et al., 2013). 
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The geographic variation in surface water dFe along AMT-19 must therefore, 
predominately reflect the balance between atmospheric inputs and removal processes.  
Dust deposition models show that the North Atlantic Ocean receives 
approximately one order of magnitude more dust annually than the South Atlantic 
(Mahowald et al., 1999; Jickells et al., 2005) with the vast majority of this dust Saharan 
in origin. Using such model results, atmospheric dust deposition over the AMT-19 
transect ranges from 10 g m-2 y-1 within the ITCZ to 0.01 g m-2 y-1 in the remote SATL 
(Jickells et al., 2005). However, the fractional solubility of deposited Fe, hence the 
fraction of Fe available for phytoplankton growth, is largely dependent on a number of 
atmospheric and marine controls (Sedwick et al. 2007; Baker and Croot, 2010). 
Recently, an inverse relationship between atmospheric dust concentrations and Fe 
fractional solubility has been noted in Atlantic aerosols (Chen and Siefert., 2004; Baker 
and Jickells, 2006; Sedwick et al., 2007), likely due to atmospheric mixing of low 
solubility lithogenic and high solubility anthropogenic aerosols (Sedwick et al., 2007).   
By using the upper and lower limits of dust deposition (Jickells et al., 2005) and 
the median values of aerosol Fe solubility (Baker et al., 2006) for the different Atlantic 
geographic provinces, assuming an Fe dust content of 3.5 % (Taylor and McLennan, 
1985, McLennan, 2001), this study has estimated an annual flux rate of dFe from dust to 
Atlantic surface waters ranging from 1 to 282 µmol m-2 y-1 (Table 3.3).  
Consistent with the findings of Ussher et al. (2013) and Sarthou et al. (2003) for 
Atlantic transects further to the east, the highest atmospheric dFe flux during AMT-19 
was estimated for the WTRA (6 – 282 µmol m-2 y-1). The AMBT’s for the WTRA 
indicate that the air masses arriving within the marine boundary were Saharan in origin 
(Fig. 3.4D). Whilst the median aerosol Fe solubility of 4.5 % for the WTRA is lower 
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than most Atlantic provinces, the magnitude of the dust flux to this province is such that 
the atmospheric dFe flux (Table 3.3), hence surface dFe concentrations (Fig. 3.5) are 
highest. In addition, two rainfall events were recorded at ~ 9° N and 6° N, which 
support the argument for wet deposition within the ITCZ as the principle source of dFe 
to surface waters of the WTRA during AMT-19. 
Table 3.3. Estimated atmospheric dissolved iron fluxes to Atlantic surface waters using 
the range of modelled dust deposition and median % iron solubility for individual 
provinces.  
Province 
Dust flux    
lower limit       
(g m-2 y-1)a 
Dust flux 
upper limit   
(g m-2 y-1)a 
% Fe 
solubilityb 
dFe flux rate     
(µmol m-2 y-1) 
NADR 0.5 1 15.0 47 – 94 
NATL 0.5 2 7.8 24 – 98 
NATR 0.5 10 1.7 5 – 107 
WTRA 0.2 10 4.5 6 – 282 
SATL 0.01 0.2 8.3 1 – 10 
SSTC 0.2 0.5 4.7 6 – 29 
a Values from Jickells et al. (2005) 
b Median values from Baker et al. (2006)  
 
Wet deposition can strongly influence the trace metal budget and chemistry of 
surface waters within the ITCZ by altering the fractional solubility of Fe in deposited 
aerosols (Jickells and Spokes, 2001; Sathou et al., 2003). The fractional solubility of 
aerosol Fe deposited in rainwater is reported to be higher than that of Fe in aerosols 
deposited by dry deposition (Jickells and Spokes, 2001; Baker et al., 2006), possibly 
due to the relatively low pH of rainwater (Baker and Croot, 2010). During the present 
study a small but perhaps significant pH decrease of 0.03 was observed within the 
centre of the ITCZ at ~ 9° N. This may go some way to explaining why this study 
observed a minimal difference between the dFe and TDFe size fractions for the ITCZ 
during AMT-19 (Fig. 3.5). Within the ITCZ, dFe represented 60 ± 26 % of TDFe 
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compared with 48 ± 26 % of TDFe in surface waters under the influence of dry 
deposition within the NATR/NATL. Thus, consistent with previous studies (e.g. 
Sarthou et al., 2003; Bowie et al., 2002a), this study concludes that wet deposition 
dominates the atmospheric dFe flux in the WTRA province. 
Dry deposition of Saharan dust appears to be an important source of Fe to 
surface waters of the NATR with this study estimating a dFe flux of between 5 and 107 
µmol m-2 y-1. Whilst receiving a similar dust flux to the WTRA, it is the lower aerosol 
Fe solubility estimate for the NATR of 1.7 % that results in a maximum atmospheric 
dFe flux nearly one third of that received by the WTRA (Table 3.3). Within this NATR, 
the Saharan dust plume, which is transported away from the West African coast by 
northeasterly trade winds at heights up to 5 km (Prospero and Carlson, 1972), becomes 
entrained in the BAH at high altitude, forcing a clockwise reduction in plume elevation 
and subsequent intrusion into the marine boundary layer (Buck et al., 2010a). The 
impact of the BAH on atmospheric transport of Saharan plume air masses during AMT-
19 is clearly visible from 5-day AMBT’s for the NATR (Fig. 3.4C).  
The Fe data for the NADR (Fig. 3.5), along with the corresponding AMBT’s 
(Fig. 3.4A), indicate that the slightly elevated surface dFe concentrations (≤ 0.58 nM) in 
this province may have originated from a previous atmospheric deposition event. 
Although dust inputs to the NADR (0.5 – 0.1 g m-2 y-1) are lower in magnitude 
compared to other North Atlantic provinces (Table 3.3), estimated atmospheric dFe 
inputs to the NADR (47 - 94 µmol m-2 y-1)  are still highly variable, likely due to 
atmospheric interactions that influence aerosol Fe solubility (Buck et al., 2010a). The 
AMBT’s indicate that the aerosols would have originated over Northwest Europe and 
Scandinavia and were therefore likely influenced by anthropogenic combustion 
Chapter 3 
130 
 
products. Such mixing between natural and anthropogenic aerosols is reported to 
increase the fractional solubility of aerosol Fe (Sedwick et al., 2007; Buck et al., 2010a; 
Sholkovitz et al., 2012). Iron in aerosols collected over the NADR is therefore often 
more soluble than that reported for aerosols elsewhere in the Atlantic open ocean (Baker 
et al., 2006; Buck et al., 2010a; Sholkovitz et al., 2012). Thus, despite the low dust flux 
to the NADR, the elevated surface dFe concentrations in this province may be 
atmospheric in source.  
The lowest atmospheric dFe flux (1 - 10 µmol m-2 y-1) was estimated for the 
SATL (Table 3.3) where dFe concentrations were also at their lowest (Fig. 3.5). The 
ITCZ effectively forms a barrier between the North and South Atlantic basins that 
prevents the significant transport of Saharan dust southwards. With minimal 
atmospheric input, the low dFe concentrations throughout the upper water column of the 
remote SATL are likely to be sustained by rapid biological removal and downwelling. 
For example, Ussher et al. (2013) report downward vertical mixing across the SATL 
thermocline of 8 m-2 y-1 during AMT-15 and 16. Using this mixing rate, along with an 
average surface mixed layer TDFe concentration of 398 nmol m-3 for the SATL during 
AMT-19 (TDFe being representative of the combined dissolved and particulate Fe 
fractions), this study estimated a downward Fe flux of 3.2 µmol m-2 y-1 across the SATL 
thermocline (Table 3.4). This downward Fe flux is one to two orders of magnitude 
smaller than the mean seasonal atmospheric total Fe flux of 51 - 141 µmol m-2 y-1 
reported for the SATL by Ussher et al. (2013) but compares remarkably well with the 
atmospheric dFe flux of 2.1 – 3.3 µmol m-2 y-1. The fact that the downward flux of Fe 
compares more favourably with the atmospheric dFe input flux and not the atmospheric 
total Fe is not surprising given the temporal variability of lithogenic dust inputs to the 
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South Atlantic, the rapid sinking velocities of lithogenic particles (0.1 – 1.0 m d-1 for 
particles in the 1 - 2 µm diameter size fraction; Jannasch et al., 1996), and thus 
heterogeneity and highly variable residence times of lithogenic particles (100 – 1000 
days) in the upper 100 m. It is therefore appropriate to assume that the SATL low 
surface mixed layer dFe inventory may be balanced in steady state by atmospheric 
soluble Fe inputs and the downward vertical transport of TDFe.  
Further south, the estimated atmospheric dFe influx to surface waters of the 
SSTC of 6 – 29 µmol m-2 y-1 (Table 3.3) is higher than the 5 µmol m-2 y-1 reported for 
the SSTC in the eastern Atlantic (Klunder et al., 2011). Modelled dust deposition to the 
western Atlantic SSTC, predominately Patagonian in origin (Evangilista et al., 2010; 
Johnson et al., 2010), is estimated to be between 0.2 and 5.0 g m-2 y-1, roughly an order 
of magnitude higher than the flux to the eastern Atlantic SSTC (Mahowald et al., 1999; 
Jickells et al., 2005). However, the marginal difference between the surface water dFe 
and TDFe concentrations in this province (dFe represents 85 ± 5 % of TDFe) (Fig. 3.5) 
suggests that instead of atmospheric supply, the elevated dFe concentration likely arose 
from the mixing of sub-tropical gyre water with colder, fresher, relatively high Fe sub-
Antarctic waters associated with the Brazil-Malvinas Current convergence.   
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Table 3.4. Estimated vertical iron fluxes between the mixed layer and below in Atlantic provinces during AMT-19 using iron data from this 
study and the calculated subduction rates of Ussher et al. (2013) for AMT-16. aAlso shown is the mean seasonal atmospheric wet and dry 
dissolved iron flux from AMT-16 (Ussher et al., 2013).  
 
Province 
Subduction 
rate  
(m y-1) 
Mean mixed 
layer dFe 
(nmol m-3) 
Mean mixed    
layer TDFe  
(nmol m-3) 
Mean dFe  
below 
mixed layer          
(nmol m-3) 
Mean TDFe 
below  
mixed layer             
(nmol m-3) 
Upward         
dFe flux     
(µmol m-2 y-1) 
Downward 
TDFe flux 
(µmol m-2 y-1) 
Wet and dry 
atmospheric 
dFe flux     
(µmol m-2 y-1)a 
NADR -2.0 315 815 298 459 0.60 0.0 12.8 
NATL 1.9 320 945 272 628 0.0 1.80 12.0 
NATR 2.3 719 1163 501 855 0.0 2.67 14.2 
WTRA -14.3 415 778 421 747 6.03 0.0 38.3 
SATL 8.0 305 398 260 298 0.0 3.18 3.3 
SSTC -3.0 489 581 420 466 1.26 0.0 9 
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3.4.3. Upward vertical flux of iron to Atlantic surface waters 
Previous estimates suggest that upward vertical mixing from the North Atlantic 
OMZ provides a significant source of dFe to the WTRA surface mixed layer (≤ 27 % of 
the combined upward vertical mixing and atmospheric dFe flux; Ussher et al., 2013). 
During AMT-19, dFe concentrations below the mixed layer in the WTRA averaged 421 
nmol m-3 (Table 3.4). By using the upward vertical mixing rate of 14 m y-1 for the 
WTRA, reported by Ussher et al. (2013) for AMT-16, this study estimated an upward 
vertical dFe flux of 6.0 µmol m-2 y-1 (Table 3.4). Assuming a mean seasonal 
atmospheric dFe flux of 38.3 µmol m-2 y-1 to surface waters of the WTRA (Ussher et al., 
2013) this would suggest that upward vertical mixing provided approximately 14 % of 
the combined dFe input flux during AMT-19.  If as suggested, the elevated dFe 
concentrations in these low oxygen waters are stable in location and magnitude (Ussher 
et al., 2013; Fitzsimmons et al., 2013) then future deoxygenation of this OMZ 
(Stramma et al., 2009), and the subsequent stabilisation of soluble Fe(II) (Rue et al., 
1997), may increase the dFe inventory in sub-surface, and thus surface waters of the 
tropical North Atlantic. Similarly, upward vertical mixing has also been reported for the 
NADR and SSTC provinces (Ussher et al., 2013). Within these provinces, the upward 
vertical dFe flux across the thermocline during AMT-19 was estimated to be 0.6 and 1.3 
µmol m-2 y-1 respectively (Table 3.4), thus providing a source of dFe, albeit minimal, to 
the phytoplankton community at the base of the shallow mixed layer (Fig’s 3.2 and 3.5).          
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3.4.4. Dissolved iron in sub-surface waters 
The dFe maxima reported for the North Atlantic OMZ (0.75 - 1.50 nM: this 
study; Bergquist and Boyle, 2006; Measures et al., 2008; Fitzsimmons et al., 2013; 
Ussher et al., 2013) are low in concentration compared with the values reported for the 
suboxic waters of the tropical Southeast Pacific near Chile (3.4 nM; Blain et al., 2008), 
and near Peru (3.8 nM; Bruland et al., 2005). In both of these cases, it is likely that Fe(II) 
contributed significantly to the measured dFe, stabilised by the extremely low oxygen 
concentrations (< 5 µM), and for the Chilean upwelling, cold water (< 9° C). In contrast, 
the oxygen concentrations in the North Atlantic OMZ during AMT-19 were at least 50 
µM higher, reaching concentrations > 50 µM at 150 m, whilst water temperatures were 
warmer at > 12.2° C. Consistent with the redox conditions of Fe in hypoxic and suboxic 
waters (Rue et al., 1997), the dFe in the North Atlantic OMZ is likely to be mainly 
Fe(III), with lower overall dFe concentrations. 
The elevated dFe in the North Atlantic OMZ could result from a combination of 
inputs from (a) the dissolution of Fe from atmospheric dust particles, followed by the 
transfer of this signal to the OMZ via high rates of biological uptake and organic carbon 
(Corg) remineralisation, and (b) from the lateral mixing of dFe released from reducing 
sediments along the Northwest African shelf. The latter hypothesis however, has 
recently been rejected based on the distributions of dissolved manganese and its 
apparent minimum concentrations in the North Atlantic OMZ as opposed to maximum 
dFe concentrations (Measures et al., 2008; Fitzsimmons et al., 2013). 
To investigate the role of remineralisation further, this study calculated Fe:Corg 
ratios below the mixed layer by converting apparent oxygen utilisation (AOU = O2,sat – 
O2,meas: calculated using Ocean Data View 4 software, Schlitzer, 2012), into 
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remineralised Corg (Feely et al., 2004) using an -O2:Corg ratio of 1.6 typical of marine 
phytoplankton (Martin et al., 1987). A direct comparison of dFe below the surface 
mixed layer and estimated Corg (Fig. 3.8) showed that Fe:Corg ratio for the OMZ of 9.5 
µmol mol-1 was within the range of 1.5 – 18 µmol mol-1 reported for oceanic 
phytoplankton (Sunda, 1997; Ho et al., 2003). 
 
Figure 3.8. Relationship between dissolved iron and remineralised organic carbon (Corg) 
in the North Atlantic OMZ and NATR/NADR provinces. Also indicated are the upper 
and lower Fe:Corg ratios reported for open ocean phytoplankton (Sunda, 1997; Ho et al., 
2003). 
 
The Fe:Corg ratio was in agreement with Fe:Corg ratios reported by other workers 
(9.6 – 12.4 µmol mol-1) and suggests that a significant fraction of the dFe in the North 
Atlantic OMZ would have been remineralised from biogenic matter. In contrast, this 
Fe:Corg ratio is 4 – 6 times higher than the ratios observed in the Fe limited, HNLC 
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equatorial Pacific and Southern Oceans (Sunda, 1997). The enriched Fe:Corg ratios of 
the North Atlantic most likely reflect the differences in cellular Fe requirements of 
phytoplankton growing under Fe replete conditions compared to those in Fe deplete 
HNLC regions. For example, culture experiments have shown that cellular Fe:Corg ratios 
increase in oceanic phytoplankton with increasing external Fe concentration (Sunda and 
Huntsman, 1995b; Berman-Frank et al., 2001). For Trichodesmium, a prevalent 
phytoplankton in surface waters of the tropical North Atlantic (Tyrrell et al., 2003), an 
elevated Fe:Corg ratio of ~ 30 µmol mol
-1 has been reported for cells growing at ~ 0.6 
nM Fe (Berman-Frank et al., 2001), reflecting the high cellular Fe demand for N2 
fixation. Thus, whilst the Fe:Corg signature of the OMZ may only reflect the Fe:Corg of 
the particulate sinking fraction (the largest cells) and the scavenging effect on this ratio 
is unknown, i.e. numerous carrier phases and types of associations are possible between 
trace metals and particles and therefore the fate of Fe associated with sinking particles is 
unclear (Planquette et al., 2009), the calculated Fe:Corg ratio suggests that the main 
source of Fe enrichment in the OMZ is the remineralisation of high Fe:Corg particulate 
matter.     
Within the NATL/NATR between 22 – 28° N, an elevated Fe:Corg ratio of 39 
µmol mol-1 (Fig. 3.8) was observed in sub-surface waters (< 100 m) indicating a 
potential lithogenic source of dFe. Here, the dFe fraction represented 69 ± 18 % of the 
TDFe pool. The most likely source of this elevated dFe is subduction out of the mixed 
layer. By using the subduction rates of 1.9 and 2.3 m-2 y-1 calculated by Ussher et al. 
(2013) for these provinces, this study estimated a downward vertical TDFe flux between 
the mixed layer (30 – 70 m) and the thermocline of 1.8 – 2.7 µmol m-2 y-1 (Table 3.4). 
Atmospheric deposition in the North Atlantic gyre is highly variable within timescales 
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shorter that surface water dFe residence times (Sarthou et al., 2003; Ussher et al., 2013) 
and therefore, the elevated sub-surface Fe:Corg ratio for this region could be a relic from 
a previous atmospheric deposition event.  
 
3.4.5. The biological role of iron in Atlantic surface waters 
 The uptake of Fe by phytoplankton in surface waters and subsequent export is an 
important process for Fe removal from the euphotic zone (Martin and Gordon, 1988; 
Coale et al., 2005). Consequently, sub-surface dFe minima are commonly associated 
with the chlorophyll-a maximum following the direct partitioning of Fe into living 
material (Measures et al., 2008) as indicated by Fe:Corg. Along the AMT-19 transect, the 
sub-surface dFe minimum generally followed the chlorophyll-a maximum at the base of 
the mixed layer (Fig. 3.5). The exception to this was the SSTC province whereby 
elevated chlorophyll-a concentrations sat above elevated macronutrient concentrations 
but were in the direct vicinity of elevated dFe introduced with sub-Antarctic surface 
waters. The position of the chlorophyll-a maximum along the transect suggests that this 
feature is heavily dependent on the availability of nutrients, including Fe, and the flux 
of these nutrients across the thermocline, and effectively forms a barrier to the large-
scale vertical diffusion of nutrients to the mixed layer.  
 Within the North Atlantic, mixed layer dFe concentrations were negatively 
correlated with chlorophyll-a within the NADR (r2 = 0.54, p < 0.01, n = 12) and NATR 
(r2 = 0.72, p < 0.01, n = 11), indicating that phytoplankton play an important role in 
removing dFe from sub-surface waters of these provinces. Primary productivity in 
North Atlantic provinces has been shown to be more dependent on phytoplankton 
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physiology than biomass (Marañón et al., 1999), specifically at high latitudes, and it is 
therefore not surprising that low rates of primary productivity (< 2 mg m-3 d-1) were 
associated with the NADR and NATR chlorophyll-a maximum during AMT-19. Instead, 
the highest rates of primary productivity in the North Atlantic were observed in the 
upper 5 - 25 m, particularly in the WTRA (> 10 mg m-3 d-1).  
 It is estimated that picophytoplankton account for > 60 % of total photosynthesis 
in the Atlantic Ocean (Maranon et al., 1999). Consistent with these findings, the 
concentration of the picophytoplankton Synechococcus in the North Atlantic was found 
to be highest (28 x 103 cells mL-1) in the upper 25 m of the WTRA. It is well 
documented that Synechococcus are ubiquitous in the open ocean, even in regions 
where the Fe concentrations are extremely low and suspected to be limiting (Behrenfeld 
and Kolber, 1999). This phenomenon is reportedly through the adaptive expression of 
Fe stress-induced proteins (Webb et al., 2001), and indeed, Synechococcus cellular 
concentrations were rarely below 1000 cells mL-1 during AMT-19. The elevated primary 
production and Synechococcus abundance within the WTRA are therefore likely linked 
to the elevated surface dFe concentrations that occur in this province (Fig. 3.5) through 
an increased atmospheric deposition flux to surface waters (Table 3.3).    
In addition to surface dFe concentrations, the distribution of primary 
productivity may be linked to the nitrogen dynamics of Synechococcus and the 
distribution of N2 fixing cyanobacteria. For example, the release of fixed nitrogen may 
have a direct impact on the surrounding phytoplankton community, especially in 
nitrogen limited regions. In the North Pacific, large blooms of Trichodesmium have 
been observed to exist concurrently with an abundance of Synechococcus (8 – 10 x 103 
cell mL-1) that is 3 – 4 times higher than is typically found in oceanic waters (Campbell 
Chapter 3 
139 
 
et al., 2005). In the Atlantic, the latitudinal distribution of Trichodesmium indicates 
maximum concentrations in the surface waters of the WTRA (Tyrrell et al., 2003), a 
province for which the present study estimates high rates of atmospheric dFe flux (6 – 
282 µmol m-2 y-1; Table 3.3). Assuming that elevated dFe is supporting N2 fixation in 
these surface waters (Moore et al., 2009), the elevated primary productivity observed in 
the WTRA may be in part due to the elevated fixed nitrogen available to Synechococcus. 
The subsequent removal of dFe from surface waters would likely result in short 
residence times, on the order of months to years, in this highly productive province.   
 
3.4.6. Iron residence times in the mixed layer  
The major source for dFe to the mixed layer in the Atlantic Ocean is clearly 
through atmospheric dust deposition at the surface (Table 3.3). As shown in this study, 
Fe may also be supplied to the mixed layer by upwelling which, like the atmospheric 
flux, shows distinct regional differences between the North and South Atlantic (Table 
3.4). To investigate this further, surface mixed layer residence times were calculated for 
the different Atlantic regions (Table 3.5).  
Table 3.5. Estimated dissolved iron residence times in the mixed layer of Atlantic 
provinces during AMT-19.  
Province 
Mixed layer 
depth        
(m) 
Mean mixed 
layer dFe 
(nmol m-3) 
Integrated 
mixed layer 
dFe       
(nmol m-2) 
Net input flux      
(µmol m-2 y-1) 
Residence 
time          
(y) 
NADR 40 315 12600 13.4 0.9 
NATL 45 320 14400 12.0 1.2 
NATR 36 719 25884 14.2 1.8 
WTRA 58 415 24070 44.3 0.5 
SATL1 68 305 20740 3.3 6.3 
SATL2 30 489 14670 10.3 1.4 
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To calculate these residence times, the surface mixed layer integrated dFe 
inventory for each province was combined with the net dFe input flux (the sum of both 
seasonal atmospheric dFe fluxes (Ussher et al., 2013) and the dFe fluxes to the surface 
mixed layer due to upward vertical mixing calculated during this study; see Table 3.4). 
Here, downward vertical fluxes are treated as null as residence times are steady state 
between the sum of input and output fluxes and therefore, if there is net downwelling, 
this becomes part of the output and need not be considered. The resulting residence 
times were estimated to be between 0.5 and 6.3 y along the transect (Table 3.5).   
A marked difference in mixed layer residence times was observed between the 
North and South Atlantic gyres, from 1.2 – 1.8 y in the NATL and NATR provinces to 
6.3 y in the SATL province. The difference in residence times between the northern and 
southern gyres is likely caused by the lower atmospheric Fe inputs and more efficient 
biological uptake and recycling in the SATL. For example, Ussher et al. (2013) 
suggested that the lower proportion of Fe associated with particles and colloids in the 
SATL, and the efficient biological recycling of soluble Fe, resulted in greater residence 
times relative to the North Atlantic gyre. This hypothesis is supported by observations 
of lower particle export in the South Atlantic relative to the North Atlantic (Charette and 
Moran, 1999).  
In contrast, the lowest residence time was found in the WTRA due to high inputs 
of Fe (associated with lithogenic particles and colloids; Bergquist and Boyle, 2007; 
Ussher et al., 2013) and a high particulate organic carbon flux (Charette and Moran, 
1999). The overall north-south trend in mixed layer dFe residence times for the Atlantic 
Ocean was in agreement with the estimated 0.5 – 12.9 y by Ussher et al. (2013), and 
was also similar to that observed for 230Th and 234Th residence times in Atlantic surface 
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seawater which ranged from ~ 0.3 – 2.6 y in the sub-tropical gyres and decreased 
markedly to 0.4 – 1.6 y in the WTRA (Hsieh et al., 2011).  
 
3.5. Conclusions 
 This chapter presents dFe and TDFe data from the upper water column of the 
Atlantic Ocean as part of the AMT-19 time series programme. Surface water Fe 
distributions displayed distinct regional differences between the North and South 
Atlantic gyres with high Fe concentrations (dFe 1.65 nM) in waters underneath the 
influence of the Saharan dust belt (~ 4 – 29° N) and low Fe concentrations (dFe 0.14 
nM)  in the South Atlantic. The basin-scale differences in the Atlantic surface Fe 
inventory are consistent with the modelled ~ 10 fold difference in dust fluxes between 
the North and South Atlantic (Jickells et al., 2005; Mahowald et al., 2009).  
Towards the northern extent of the dust belt, dFe represented only 48 ± 26 % of 
the TDFe pool indicating that atmospheric dry deposition of Fe-rich Saharan dust was 
the principal source of Fe to this region. Here, N2 fixation rates were elevated (0.3 – 1.1 
nmol L-1 d-1) but decreased with decreasing dFe concentrations north of 29° N. These 
data suggest that the large variability in North Atlantic surface Fe concentrations were 
sufficient to influence N2 fixation in the different Atlantic geographic provinces. At the 
southern extent of the dust belt, this study revealed wet deposition in the ITCZ as the 
principle source of Fe to surface waters. This hypothesis is supported by inverse linear 
Fe-salinity correlations, rainfall data and surface pH minima. Here, dFe represented 60 % 
of the surface TDFe pool indicating that the deposition of more soluble Fe in the ITCZ 
acts as an important source of bioavailable Fe to phytoplankton in this region, likely 
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influencing the increased surface water primary productivity. As such, the residence 
time for dFe in the WTRA was short at 0.5 y, consistent with a reported high particulate 
organic carbon flux (Charette and Moran, 1999). 
By utilising AOU to calculate remineralised organic carbon, this study revealed 
the elevated dFe concentrations in the North Atlantic OMZ would indeed have largely 
arisen from remineralised organic matter, based on a Fe:Corg ratio of 9.5 µmol mol
-1 
within the range reported for oceanic phytoplankton (Sunda, 1997; Ho et al., 2003). 
Thus, the elevated dFe in the North Atlantic OMZ is fuelled by high atmospheric 
deposition fluxes. Conversely, this study showed that upward vertical mixing from the 
OMZ into the surface mixed layer was an important source of dFe providing ~ 6 µmol 
m-2 y-1. If enhanced dFe concentrations in these low oxygen waters are stabilised, as 
suggested (Fitzsimmons et al., 2013; Ussher et al., 2013), then future deoxygenation of 
this OMZ (Stramma et al., 2009) may significantly increase the dFe inventory in the 
tropical and sub-tropical North Atlantic. 
The southern extent of the ITCZ effectively acted as a barrier to the atmospheric 
transport of Saharan dust, thus Fe, to the South Atlantic. The low surface concentrations 
of the South Atlantic gyre are therefore likely sustained by rapid biological removal, 
efficient recycling and downwelling. This study estimated a downward mixing TDFe 
flux of 3.2 µmol m-2 y-1 across the SATL thermocline that is comparable with the 
reported mean seasonal atmospheric dFe input of 2.1 – 3.3 µmol m-2 y-1 (Ussher et al., 
2013). The SATL low surface mixed layer dFe inventory may therefore be in steady 
state with a calculated residence time of 6.3 y consistent with low particulate organic 
carbon fluxes (Charette and Moran, 1999).  
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Biogeochemical cycling of dissolved zinc along the 
GEOTRACES South Atlantic transect GA10 at 40o S 
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Abstract 
The biogeochemical cycle of zinc (Zn) in the South Atlantic, at 40º S, was 
investigated as part of the UK GEOTRACES programme. To date there is little 
understanding of the supply of Zn, an essential requirement for phytoplankton growth, 
to this highly productive region. Vertical Zn profiles displayed nutrient-like 
distributions with distinct gradients associated with the water masses present. Surface 
Zn concentrations are among the lowest reported for the world’s oceans (< 50 pM). 
Highest Zn concentrations were found in Antarctic Bottom Waters (> 8 nM). A strong 
Zn-Si linear relationship was observed (Zn (nM) = 0.065 Si (µM), r2 = 0.97, n = 460). 
Our results suggest that the use of a global Zn-Si relationship would lead to an 
underestimation of dissolved Zn in deeper waters of the South Atlantic. By utilizing Si* 
as a tracer for Sub-Antarctic Mode Water (SAMW), our data indicate that the 
preferential removal of Zn in the Southern Ocean prevented a direct return path for 
dissolved Zn to the surface waters of the South Atlantic at 40o S, and potentially the 
thermocline waters of the South Atlantic sub-tropical gyre. The importance of Zn for 
phytoplankton growth was evaluated using the Zn-soluble reactive phosphorus (SRP) 
relationship and estimated free Zn2+ concentration. We hypothesize that the low Zn 
concentrations in the South Atlantic may select for phytoplankton cells with a lower Zn 
requirement. In addition, a much deeper kink at ~ 500m in the Zn:SRP ratio was 
observed compared to other oceanic regions. 
 
4.1. Introduction 
Trace metal micronutrients such as zinc (Zn) play a key role in the productivity 
of the oceans. Zinc is an essential co-factor in many phytoplankton enzymatic processes 
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(Anderson et al., 1978; Vallee and Auld, 1990; Morel and Price, 2003), and as such is 
essential for phytoplankton growth. Zinc is used for the uptake of carbon dioxide (CO2) 
via the enzyme carbonic anhydrase (Morel et al., 1994; Tortell et al., 2000; Hu et al., 
2003) and for organic phosphorus acquisition via the enzyme alkaline phosphatase 
(Shaked et al., 2006). In addition, Zn is utilised in both nucleic acid transcription and 
repair proteins (Montsant et al., 2007). The vertical profile of Zn in the world’s oceans 
resembles those of the major nutrients due to biological uptake and utilization (Bruland, 
1980; Ellwood, 2008; Lohan et al., 2002; Croot et al., 2011; Jakuba et al., 2012). The 
Zn associated with biota and particulates can either be recycled in surface waters, or 
exported and remineralised at depth. As Zn is essential for phytoplankton growth, it has 
an impact on the global biological carbon pump. The stoichiometric relationship 
between Zn and the major nutrients, such as silicate and phosphate, is an important 
control on the efficiency and size of this pump. 
In oceanic surface waters, Zn concentrations are < 0.1 nM, with approximately 
98 % of this pool chelated by strong organic ligands (Bruland, 1989; Ellwood and van 
den Berg, 2000; Lohan et al., 2005b). This reduces the bioavailable free Zn2+ to 
concentrations < 2 pM, which have been shown to limit phytoplankton growth in 
culture experiments (Anderson et al., 1978; Brand et al., 1983; Sunda and Huntsman, 
1992; 1995a; de La Rocha et al., 2000; Saito and Goepfert, 2008). A Zn concentration 
of 0.8 pM reduced the activity of carbonic anhydrase in phytoplankton, potentially 
limiting CO2 uptake and growth (Morel et al., 1994; Tortell et al., 2000). Alkaline 
phosphatase plays an important role in allowing microorganisms to acquire phosphorus 
from organic compounds in oligotrophic regimes (Riegman et al., 2000; Dyhrman and 
Palenik, 2003). The activity of alkaline phosphatase in phytoplankton was also reduced 
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when grown at 0.4 pM Zn (Shaked et al., 2006). In diatoms, the uptake of silicate has 
also been shown to be inhibited by low Zn concentrations (Rueter and Morel, 1981; de 
La Rocha et al., 2000) with possible changes to community structure as a result 
(Leblanc et al., 2005). Diatoms are responsible for the majority of carbon exported from 
the surface to the deep ocean (Nelson et al., 1995; Tortell et al., 2000). Therefore a 
community shift, and/or change in silicification rates, under low Zn conditions may 
alter the silicate to carbon uptake ratio of the phytoplankton community. This in turn 
has clear implications for the efficiency of the biological carbon pump. 
The low Zn concentrations found in open-ocean surface waters are low enough 
to limit phytoplankton growth based on results from laboratory culture studies (Sunda 
and Huntsman, 1992; 1995a; Saito and Goepfert, 2008). However, the relatively few 
shipboard incubation experiments that have been conducted with natural assemblages 
showed minimal effects of Zn additions on the bulk phytoplankton community (Coale et 
al., 2003; Crawford et al., 2003, Leblanc et al., 2005; Lohan et al., 2005b; Jakuba et al., 
2012). Consequently, the potential for Zn limitation of phytoplankton growth is still 
under debate. One possible explanation for the lack of observed Zn limitation during 
field studies is biochemical substitution. Some phytoplankton have been shown to have 
a requirement for Zn that can be largely alleviated by either cobalt (Co) or cadmium (Cd) 
in times of Zn stress (Sunda and Huntsman, 1995a; Yee and Morel, 1996; Lee and 
Morel, 1995; Saito and Goepfert, 2008). Furthermore, the evidence for Zn limitation in 
the oceans may be obscured by the more widespread occurrence of Fe limitation.  
What is clear is that our understanding of the impact that dissolved Zn might 
have on open-ocean primary productivity levels has been hindered by the relative 
paucity of reliable Zn data. As Zn is a ubiquitous contaminant and frequently used on 
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marine vessels and equipment, accurate data can only be obtained by adopting strict 
ultra-clean precautions and protocols during both sampling and analytical procedures 
(Bruland et al., 1979; de Baar et al., 2008). Currently, there are no Zn data for the South 
Atlantic Ocean, although Croot et al. (2011) have reported Zn data from ten profiles 
along the Zero Meridian between the Antarctic continent and 46° S. 
The present study focused on determining the biogeochemical cycle of dissolved 
Zn along 40° S in the Atlantic Ocean between South Africa and Uruguay. The South 
Atlantic is characterised by surface waters that are micronutrient deplete compared with 
the North Atlantic (Bowie et al., 2002a; Ussher at al., 2013) and yet they exhibit 
considerable surface productivity at 40° S. The enhanced productivity along this Section 
is hypothesised to be derived from the mixing of macronutrient rich waters of the 
Antarctic Circumpolar Current (ACC) to the south with the phosphate enhanced but 
nitrate and silicate depleted Sub-Tropical Surface Water (STSW) of the South Atlantic 
Gyre to the north. However, there is little understanding of the supply of Zn in this 
region. 
 
4.2. Materials and procedures 
4.2.1. Sampling methods 
 Seawater samples were collected from 26 stations during two UK-
GEOTRACES cruises between South Africa and South America (Section GA10, Fig. 
4.1). The first cruise (D357) took place from 18th October – 22nd November 2010, on 
board the R.R.S. Discovery, whilst the second cruise (JC068) took place from 24th 
December 2011 – 27th January 2012 on the R.R.S. James Cook. For the D357 cruise, 
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only samples collected below 1000 m are presented due to the impact of seasonal 
biological uptake and regeneration processes on Zn concentrations in the upper water 
column.  
 
Figure 4.1. The stations sampled for dissolved zinc along Section GA10 during 2 UK 
GEOTRACES cruises D357 (circled) and JC068. The 3 stations closest to South Africa 
were reoccupied during JC068. Station metadata can be obtained from 
http://www.bodc.ac.uk/geotraces/. This figure was made using Ocean Data View 
(Schlitzer, 2012). 
All sampling bottles were cleaned according to the procedures detailed in the 
GEOTRACES sample handling protocols (Cutter et al., 2010). Seawater samples were 
collected using a titanium CTD frame fitted with twenty four, 10 L trace metal clean 
Teflon coated OTE (Ocean Test Equipment) samplers deployed on a plasma rope. Upon 
recovery, the OTE bottles were transferred into a class 1000 clean air container and 
lightly pressurized (1.7 bar) with high purity compressed air, which was filtered in-line 
using a 0.2 µm cellulose acetate filter capsule (Sartobran P-300, Sartorius). Samples for 
Chapter 4 
149 
 
dissolved Zn were filtered through 0.8/0.2 µm AcroPak Supor polyethersulfone 
membrane filter capsules (Pall) into 125 mL low density polyethylene bottles. Each 
sample was acidified to pH 1.7 (0.024 M) by addition of 12 M hydrochloric acid (HCl, 
UpA, Romil) under a class 100 laminar flow hood. Vertical profile sampling was 
augmented by high-resolution underway surface samples. Surface seawater was pumped 
into the trace metal clean laboratory using a Teflon diaphragm pump (Almatec A-15, 
Germany) connected by acid-washed braided PVC tubing to a towed ‘fish’ positioned at 
approximately 2 – 3 m. Underway samples were filtered in-line and acidified as 
described for samples collected from the titanium sampling system.  
 
4.2.2. Determination of zinc in seawater 
Dissolved Zn analysis was carried out in an over-pressurised class 1000 clean air 
container on-board ship. Dissolved Zn was determined using flow-injection with 
fluorimetric detection (FI-FL), as first described by Nowicki et al. (1994) and modified 
by Gosnell et al. (2012). Briefly, the sample was buffered in-line to pH 5.2 with 0.3 M 
ammonium acetate before being loaded onto a chelating iminodiacetic acid (IDA, 
Toyopearl AF-Chelate-650 M) pre-concentration column. The column was rinsed using 
0.08 M ammonium acetate to remove the seawater matrix cations before Zn was eluted 
from the column with 0.08 M HCl (SpA, Romil). The HCl eluent entered the reaction 
stream where it mixed with a 40 µM p-tosyl-8-aminoquinoline (pTAQ: Aldrich) 
solution containing 2 M ammonium hydroxide and 0.5 M boric acid. The emission of 
the fluorescent complex was detected by a Shimadzu RF-10Axl fluorimeter with 
excitation and emission wavelengths set to 377 nm and 495 nm respectively. 
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Zinc concentrations were quantified using the method of standard additions to 
low-Zn (0.08 ± 0.05 nM, n = 10) seawater. Due to the large range of Zn concentrations 
observed (0.015 - 8.6 nM), it was necessary to use two separate calibration ranges. For 
samples collected from 0 to 900 m, a calibration range of 0.2 to 1 nM was used, 
whereas for depths ≥ 1000 m, Zn standards ranged from 1 to 10 nM.  All samples and 
standards were analysed in triplicate. 
The accuracy of the method was assessed by the quantification of Zn in surface 
water (S) and 1000 m water (D2) collected during the SAFe programme (Johnson et al., 
2007). The concentration of Zn measured in the SAFe reference samples during this 
study yielded values (± 1 std. dev.) of 0.060 ± 0.020 nM (n = 7) for S and 7.72 ± 0.09 
nM (n = 12) for D2 and were in good agreement with the reported consensus values (S 
= 0.064 ± 0.019 nM; D2 = 7.54 ± 0.14 nM). 
Cadmium is known to also form a fluorescent complex with the reagent pTAQ. 
The potential interference from this element on the observed Zn signal was therefore 
investigated using Cd additions to low-Zn seawater. The interference from Cd 
contributed up to 67 % of the Zn fluorescence signal. This is comparable to the 70 % 
reported by Nowicki et al. (1994) and higher than the 30 % reported by Gosnell et al. 
(2012). As dissolved Cd exists in seawater at approximately one-tenth the concentration 
of Zn (Bruland et al., 1978; Bruland, 1980), this resulted in a correction factor of ~ 6.7 % 
being applied.  
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4.2.3. Nutrients, phytoplankton pigments, temperature and salinity 
 The dissolved macronutrients silicate, phosphate, nitrate (determined as nitrate + 
nitrite, but referred to throughout the paper as nitrate) were determined in all samples 
for which Zn was determined and in samples from the stainless steel rosette. These were 
determined on-board by Malcolm Woodward (PML) using an AA III segmented-flow 
AutoAnalyzer (Bran & Luebbe) following colorimetric procedures (Woodward and 
Rees, 2001). Clean sampling and analysis procedures were adopted according to 
international GO-SHIP protocols (Hydes et al., 2010). Salinity, temperature and depth 
were measured using a CTD system (Seabird 911+). Dissolved O2 was determined by a 
Seabird SBE 43 O2 sensor. Salinity was calibrated on-board using discrete samples 
taken from the OTE bottles using an Autosal 8400B salinometer (Guildline) whilst 
dissolved O2 was calibrated using a photometric automated Winkler titration system 
(Carrit and Carpenter , 1966). Biological data for this study was provided by Dr. 
Heather Bouman and Tom Browning (University of Oxford, UK). For chlorophyll-a 
analysis, samples were filtered (0.7 µm Whatman GF/F) and then the filters were 
extracted in 90 % acetone overnight (Holm-Hansen et al., 1965). The chlorophyll-a 
extract was measured on a pre-calibrated (spinach chlorophyll-a standard, Sigma) 
Turner Designs Trilogy fluorimeter. Phytoplankton pigment samples (0.5 – 2 L) were 
filtered (0.7 µm Whatman GF/F), flash frozen in liquid nitrogen and stored at - 80°C 
prior to analysis using a Thermo HPLC system. The matrix factorization program 
CHEMTAX was used to interpret the contribution of taxonomic groups to total 
chlorophyll-a (Mackey et al., 1996).  
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4.3. Results 
4.3.1. Hydrographic setting and macronutrient distributions 
The thermohaline structure of the South Atlantic water column at 40° S is 
determined largely by water masses that have their origins in the high-latitude regions 
of the Northern and Southern Hemispheres (Fig. 4.2A, B). It is at this latitude that the 
cold and fresh Sub-Antarctic Surface Water (SASW) meets the relatively warm and 
salty STSW of the South Atlantic gyre. Along the transect, SASW with potential 
temperature (Ө) < 15 °C and salinity < 35, occupies large areas within the Cape Basin 
whereas STSW with Ө > 15 °C and salinity > 35 is more prominent within the 
Argentine Basin (Fig. 4.2A, B). The SASW has higher macronutrient concentrations 
(nitrate > 2.5 µM and silicate > 1.2 µM) compared with those found within the STSW 
(< 0.1 µM nitrate and < 1 µM silicate) (Fig. 4.2C, D, E). 
Between South Africa and 10° E, the leakage of warm (Ө 15 - 23 °C) and salty 
(S > 35) waters from the Agulhas Current (AC) was clearly visible at depths to 200 m 
(Fig. 4.2A, B). Nitrate and phosphate concentrations within the AC were extremely low 
(0.02 µM and 0.1 µM respectively) (Fig. 4.2C, D). The Brazil Current (BC) was also 
clearly distinguishable by the intrusion of warm (Ө 15 - 25 °C) and salty (S 35 - 37) 
water to depths of 200 m (Fig. 4.2A, B). The macronutrient concentrations in the BC 
were similar to those found within the STSW. Inshore from the BC at 54° W, salinity 
decreased to 28.5 due to freshwater discharge from the Rio de la Plata estuary. High 
silicate and nitrate concentrations (22.2 µM and 13.9 µM respectively) were observed 
within the vicinity of the low salinity signal.  
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Figure 4.2. Distributions of (A) potential temperature, (B) salinity, (C) nitrate, (D) 
phosphate and (E) silicate used to indicate the major water masses at 40° S. 
Abbreviations in alphabetical order: AABW: Antarctic Bottom Water; AAIW: Antarctic 
Intermediate Water; AC: Agulhas Current; BC: Brazil Current; NADW: North Atlantic 
Deep Water; SASW: Sub-Antarctic Surface Water; STSW: Sub-Tropical Surface Water; 
UCDW: Upper Circumpolar Deep Water; WSDW: Weddell Sea Deep Water. This 
figure was made using Ocean Data View (Schlitzer, 2012). 
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The two primary intermediate water masses are Antarctic Intermediate Water 
(AAIW) and Upper Circumpolar Deep Water (UCDW) (Fig. 4.2A). AAIW is thought to 
be formed by upwelling of circumpolar deep water in either the southeast Pacific Ocean 
(McCartney, 1977; Talley, 1996) or in the winter waters of the Bellingshausen Sea 
(Santoso and England, 2004; Naveira Garabato et al., 2009) and was identified along 
the transect by its salinity minimum (S < 34.4) between 500 and 1250 m. Below this, the 
UCDW, the upper branch of circumpolar deep water that arises from the mixing of 
upwelled water circulating in the ACC, was located at depths between 1250 and 1750 m. 
Nitrate and phosphate concentrations within these intermediate waters increased with 
depth to ~32 µM and ~2.25 µM respectively at 1750 m (Fig. 4.2C, D). It is these 
intermediate waters, along with the thermocline waters, that constitute the main return 
branch of the South Atlantic thermohaline overturning circulation (Donners and 
Drijfhourt, 2004; McDonagh and King, 2005). 
The abyssal layer at this latitude was filled by cold, nutrient-rich bottom waters 
formed around Antarctica, often referred to collectively as Antarctic Bottom Water 
(AABW) (Fig. 4.2A - E). AABW macronutrient concentrations were the highest 
observed with nitrate, phosphate and silicate concentrations of ~36 µM, ~2.6 µM and 
~129 µM respectively. Located between the AABW and the intermediate waters of the 
UCDW was the southward flowing NADW, identified by its deep salinity maximum (S > 
34.75) and reduced macronutrient concentrations (Fig. 4.2A - E). 
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4.3.2. Distribution of dissolved zinc in the South Atlantic 
The vertical profiles of dissolved Zn showed typical nutrient-like distributions 
for all stations with low Zn concentrations (0.015 - 0.90 nM) in the upper 500 m 
increasing to values around 8 nM in AABW (Fig. 4.3). Concentrations of Zn in NADW 
ranged from 4-5 nM. A slight reduction in Zn was observed within the core of the 
NADW compared with the Zn-enriched Southern Ocean waters that encompass it. This 
reduction varied between 0.1 and 0.5 nM along the Section with the exception of two 
stations in the west Argentine Basin where Zn concentrations decreased by 1.3 nM.  
 
Figure 4.3. Concentrations of dissolved zinc in the upper 500 m (upper plot) and full 
depth (lower plot). Water mass abbreviations are outlined in Figure 4.2. This figure was 
made using Ocean Data View (Schlitzer, 2012). 
The surface waters were sampled in late December and January and therefore 
represent austral summer conditions. The concentrations of Zn in the upper surface 
layer (10 – 25 m) averaged 0.13 ± 0.09 nM except for stations closest the South African 
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and South American continents where Zn concentrations of 0.40 nM and 1.15 nM 
respectively were observed. A sub-surface Zn minimum (0.090 ± 0.07 nM, n = 15) was 
observed at most stations at depths between 25 and 100 m. The Zn minimum was 
generally located within the vicinity of the chlorophyll-a maximum, but no relationship 
(p > 0.05) was observed between Zn and chlorophyll-a concentration in the Cape Basin. 
However, for the Argentine Basin, a significant negative correlation between Zn and 
chlorophyll-a concentration was observed (r2 = 0.91, p < 0.01, n = 11). 
Zinc concentrations obtained from the underway sampling system (2 - 5 m) were 
within the range of the averaged upper 25 m samples from the CTD. The highest Zn 
concentrations were found on the Uruguayan Shelf (0.70 - 1.25 nM) and coincided with 
elevated silicate concentrations and a decrease in salinity from 32.6 to 29.4, indicating 
that this region is influenced by freshwater inputs from the Rio de la Plata.  
Within the Cape Basin, the stations closest the South African continent 
displayed the highest upper surface layer Zn concentrations, averaging 0.39 ± 0.01 nM, 
whilst surface concentrations for the open-ocean Cape Basin averaged 0.05 ± 0.04 nM. 
Below the upper surface layer, Zn concentrations at all stations increased to ~ 0.50 nM 
at 500 m, before increasing through the salinity minimum of AAIW to reach values of ~ 
3 nM at 1000 m. Below the AAIW, Zn was elevated to ~ 4 nM within the UCDW and 
remained fairly constant (4 – 5 nM) throughout the underlying NADW. Below the 
NADW, the northward flowing, cold and nutrient rich AABW was channelled between 
the South African continental slope and the mid-Atlantic ridge, elevating the Zn 
concentrations to > 7 nM at all stations.  
Within the Argentine Basin, the stations closest to the South American continent 
displayed the highest upper surface layer Zn concentrations for the entire transect (1.25 
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nM). Zinc concentrations for the open-ocean Argentine Basin averaged 0.15 ± 0.10 nM. 
The Argentine Basin sub-surface minimum of 0.11 ± 0.07 nM was more than double 
that of the Cape Basin. Unlike the Cape Basin, the Zn concentrations in the Argentine 
Basin did not increase uniformly to 0.5 nM at 500 m but instead were quite variable in 
their distribution, reaching concentrations between 0.6 and 0.9 nM (Fig. 4.3). Like the 
upper water column, the Zn distribution in the intermediate and deep waters of the 
Argentine Basin was not as longitudinally uniform as those in the east (Fig. 4.3). The 
Zn concentrations in the NADW and AABW were similar to those found in the Cape 
Basin. The introduction of Weddell Sea Deep Water (WSDW; ϴ < 0° C, Fig. 4.2A), a 
form of AABW that originates from large-scale mixing in the Weddell Basin (Orsi et al., 
1999; Naveira Garabato et al., 2002; Huhn et al., 2008), to the Argentine Basin below 
4500 m and the subsequent upwelling of NADW as AABW travelled north over the 
Southern Ocean ridge systems resulted in higher Zn concentrations at 3000 m relative to 
the Cape Basin (Fig. 4.3). At two stations above the South American continental slope, 
Zn concentrations as low as 1.7 nM were observed between 1750 and 3000 m (Fig. 4.3), 
which coincided with reduced potential temperature, salinity and macronutrient values 
(Fig. 4.2A - E), indicating the mixing of different water masses.  
 
4.3.3. The zinc-silicate relationship in the South Atlantic 
As widely reported for the ocean environment (Bruland and Franks, 1983; 
Martin et al., 1989; Lohan et al., 2002; Ellwood, 2008; Croot et al., 2011), the full 
water column dissolved Zn profile is similar to that of dissolved silicate (Fig. 4.2E and 
4.3). However, unlike Zn, which decreased to near-zero concentrations at the surface, 
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silicate concentrations at the majority of stations were homogenous within the top ~50 
m, suggesting that Zn may become limiting to phytoplankton growth before silicate.  
Using the complete data set, a significant Zn versus Si correlation, Zn (nM) = 
0.065 Si (µM) + 0.209 (r2 = 0.97, n = 460) was observed (Fig. 4.4).  The highest Zn:Si 
ratios were observed in the intermediate waters (66 µmol mol-1) that originate in the 
silicate-deplete regions of the Southern Ocean, whilst the lowest ratios were observed in 
the upper 500 m (25 µmol mol-1), where Zn concentrations were extremely low, and in 
AABW (20 µmol mol-1), where silicate concentrations were relatively high.  
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Figure 4.4. Concentrations of dissolved zinc versus dissolved silicate for the complete 
dataset. The Zn:Si ratio varies according to the water mass analysed: upper 500 m 
(squares: 0.025x + 0.111); the intermediate waters of AAIW and UCDW (red circles: 
0.066x + 0.283); NADW (grey circles: 0.034x + 2.71); AABW (triangles: 0.020x + 
5.129). 
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4.3.4. The zinc-soluble reactive phosphorus relationship in the South Atlantic 
Similar to that observed for silicate, a relationship between dissolved Zn and 
SRP was observed for the complete data set (Fig. 4.5A), consistent with biological 
uptake and vertical export of Zn. The slope of the Zn to SRP ratio reflects the aggregate 
stoichiometry of biological processes (Saito et al., 2010).  
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Figure 4.5. Concentrations of dissolved zinc versus soluble reactive phosphorus (SRP) 
for (A) the complete Section and (B) the upper 500 m (open circles) and between 500 
and 1250 m (AAIW, filled squares). 
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As shown in Figure 4.5B, the Zn versus SRP relationship has a ‘kink’ at 500 m, (< 1.5 
µM PO4
3-) resulting in a Zn:SRP ratio of 349 µmol mol-1. Whilst in the AAIW (500 - 
1250 m) a Zn:SRP ratio of 4604 µmol mol-1 was observed.  
 
4.4. Discussion 
4.4.1. Zinc in South Atlantic surface waters  
The concentrations of Zn in the upper 25 m of the open South Atlantic Ocean 
(0.13 ± 0.09 nM) are much lower than the 0.5 – 0.7 nM reported for both the open North 
East Atlantic and Atlantic sector of the Southern Ocean (Nolting et al., 2000; Croot et 
al., 2011), and are more typical of the concentrations reported for the North East Pacific 
(Lohan et al., 2002; Jakuba et al., 2012), the Pacific sector of the Southern Ocean 
(Coale et al., 2005) and the Indian Ocean (Gosnell et al., 2012). Zinc concentrations 
observed within the upper 25 m of the central Cape Basin are some of the lowest values 
reported for the world’s oceans. Such low concentrations may be explained by a 
combination of the origins of the surface waters present at 40° S and the biological 
removal of Zn. As the SASW waters travel north into the South Atlantic, the 
concentrations of both Zn and silicate decrease due to the constant export of biogenic 
particles, including diatom frustules (Löscher, 1999). The incorporation of Zn and 
silicate into diatom opal (Ellwood and Hunter, 2000a; Anderson et al., 2011) results in a 
deeper regeneration cycle than those of nitrate and phosphate (Bruland and Franks, 
1983; Collier and Edmond, 1984). In the central Cape Basin, chlorophyll-a was > 0.5 
mg m-3 in the upper 25 m. The sub-surface Zn minimum for the Cape Basin coincided 
with the chlorophyll-a maximum, indicating that uptake by phytoplankton, and export 
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from surface waters, is an important mechanism for Zn removal from the mixed layer. 
This observation is consistent with the findings of Löscher (1999) and Croot et al. (2011) 
who also reported low sub-surface Zn concentrations in the vicinity of elevated 
chlorophyll concentrations for the Southern Ocean.  
In contrast to the Cape Basin, chlorophyll-a concentrations in the upper 25 m of 
the Argentine Basin were lower (~ 0.2 mg m-3) whilst Zn concentrations were slightly 
higher, hence phytoplankton growth and productivity may have been primarily limited 
by the low macronutrient concentrations of the STSW. Another possible explanation for 
the slightly elevated Zn in the surface waters of the Argentine Basin is the deposition of 
atmospheric dust transported from the Patagonian Desert. Atmospheric sources are 
hypothesised to provide a minimal supply of soluble Zn to these waters (R. Chance, 
2012, personal comm.). A second possible source of Zn is through the upwelling of Zn-
rich waters from below. The upwelling of AAIW into the upper 500 m due to the 
introduction of WSDW in the deep Argentine Basin resulted in elevated Zn 
concentrations of 0.1 - 0.3 nM at 50 to 100 m  (Fig. 4.3), which could potentially 
penetrate into the upper 25 m. 
Coastal waters were enriched with Zn within the upper 25 m compared with the 
open-ocean. The South African coastal stations had upper surface Zn concentrations 
similar to those reported for surface waters of the AC in the Indian Ocean, off South 
Africa (Gosnell et al., 2012). Reduced macronutrient and chlorophyll-a concentrations 
in the AC prevented the depletion of Zn in these waters. Higher Zn concentrations were 
observed on the Uruguayan Shelf and coincided with a decrease in salinity and an 
increase in temperature and macronutrient concentrations, most notably silicate. These 
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elevated Zn and silicate concentrations result from the discharge of freshwater from the 
Rio de la Plata estuary.  
 
4.4.2. Zinc in South Atlantic deep waters  
The distribution of Zn in the deep waters (> 1750 m) at 40˚ S is primarily 
influenced by the inflow of NADW and AABW. The intrusion of NADW is clearly 
identified by lower Zn (Fig. 4.3) and nitrate (Fig. 4.2C) concentrations as it moves 
southwards between 1750 - 3500 m depth in the Cape Basin and 1750 – 3000 m depth 
in the Argentine Basin. The Zn concentrations observed in the NADW are consistent 
with the values of 4.2 – 4.5 nM reported for the NADW by Croot et al. (2011), for a 
Southern Ocean station north of the Antarctic Polar Front at 50˚ S, 0˚ W.  
High Zn concentrations averaging 7.2 nM were observed in the AABW of the 
Cape Basin below 3000 m (Fig. 4.3). Our data are higher than the values reported by 
Croot et al. (2011), who did not observe Zn concentrations above 6.2 nM, and compare 
more closely with the values of 7 – 8 nM, reported by Löscher (1999) for lower 
circumpolar deep water. Local enrichments in Zn concentration between 8 - 8.6 nM 
were observed within the deep Cape Basin at depths just above the sea floor, which 
coincided with elevated silicate concentrations of 107 µM. This suggests that the re-
suspension of opal-rich sediments may be an important source of Zn and silicate to the 
water column in this region.  
Within the Argentine Basin the introduction of WSDW (Fig. 4.2A) forces 
AABW to upwell and subsequently Zn concentrations were higher at 3000 m depth in 
the Argentine Basin compared with the Cape Basin (Fig. 4.3). Croot et al. (2011) 
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observed no elevation in deep water Zn concentration associated with the Bouvet Ridge 
system to the south of our transect which may have been a possible source of Zn to the 
deep waters of the Cape Basin at 40˚ S as it travelled north with AABW. Furthermore, 
we observed no Zn inputs from the mid-Atlantic Ridge, suggesting that hydrothermal 
activity is not a significant source of dissolved Zn to the South Atlantic Ocean and 
Atlantic sector of the Southern Ocean, as reported for Fe (Klunder et al., 2011) and Mn 
(Middag et al., 2011). 
 
4.4.3. The zinc-silicate relationship in the South Atlantic 
The overall Zn:Si ratio of 65 µmol mol-1 observed during this study (Fig. 4.4) is 
similar to the 77 µmol mol-1 reported for the Southern Ocean (Ellwood, 2008) and the 
59 µmol mol-1 reported for both the Drake Passage (Martin et al., 1990a) and Indian 
Ocean (Gosnell et al., 2012). The ratio observed in the upper water column (25 µmol 
mol-1) is similar to that reported for the highly-productive surface waters of the Ross 
Sea (17 µmol mol-1) by Fitzwater et al. (2000). Culture studies have shown that the 
majority of Zn in diatoms is incorporated into organic material (> 97%), yet the Zn:Si 
ratio in the opal of diatom frustules is positively correlated with the availability of free 
Zn2+ in the growth media (Ellwood and Hunter, 2000a). The physiological mechanisms 
that determine why Zn and silicate should be correlated in the oceans are unclear. Initial 
studies have shown that silicate uptake by diatoms is inhibited by a Zn deficiency 
(Rueter and Morel, 1981; de La Rocha et al., 2000). Recent studies have shown that Zn 
facilitates the uptake of silicate at low silicate concentrations by its presence in the 
active centre of silicon containing trans-membrane proteins (Grachev et al., 2005, 2008). 
Danilovtseva et al. (2009) suggest that it may be polyamine-Zn complexes located 
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within the active centres of these transport proteins that aid the assimilation of silicate 
from seawater by silicifying organisms. 
The observed trends in Zn:Si ratios from seawater have been used to estimate 
the changes in trace metal availability in surface waters (Ellwood and Hunter, 2000b; 
Hendry and Rickaby, 2008; Andersen et al., 2011). Benthic foraminifera Zn:Ca ratios 
have been shown to reflect bottom water Zn concentrations and can therefore be used as 
a sensitive paleo-tracer for the glacial-interglacial interactions between NADW and the 
Southern Ocean derived deep waters (Marchitto et al., 2000, 2002). However, owing to 
a lack of deep water Zn data, the validation of this hypothesis is dependent on the 
estimation of bottom water Zn concentrations using a global deep water (> 1000 m) Zn-
silicate relationship (Zn = 0.052[Si] + 0.79) and measured silicate concentrations 
(Marchitto et al., 2000). Our new, large data set suggests that this approach may result 
in an underestimation of Zn concentrations in the bottom waters of the South Atlantic 
and subsequently an underestimation of the Zn concentrations in past oceans. By 
applying our AABW relationship of Zn = 0.02[Si] + 5.13 to the measured silicate values, 
we estimate a mean AABW Zn concentration of 7.40 ± 0.21 nM compared with the 
measured concentration of 7.44 ± 0.44 nM. This is higher than the 6.69 ± 0.56 nM 
estimated by the global deep water relationship of Marchitto et al. (2000). Our data 
therefore highlights the requirement for more concomitant deep water Zn and silicate 
data to accurately determine the relationship between present and past ocean Zn 
biogeochemistry. 
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4.4.4. The biological control on zinc distribution in the South Atlantic 
Correlations between Zn and SRP have been reported as evidence for biological 
uptake and remineralisation (Sunda and Huntsman, 1995a). Studies in the North Pacific, 
the Southern Ocean and the Ross Sea have shown that the Zn:SRP ratio exhibits a 
distinct kink in its profile between 20 and 150 m (1.2 – 1.5 µM PO43-) (Sunda and 
Huntsman, 1995a; Saito et al., 2010; Jakuba et al., 2012). The Zn:SRP ratio in this 
study also showed a kink at ~1.5 µM SRP but at a much greater depth of ~ 500 m (Fig. 
4.5B). The relationships found above and below the kink were similar to values from 
the sub-Arctic North Pacific, with a Zn:SRP ratio of 349 µmol mol-1 in waters above 
500 m and 4604 µmol mol-1 in the AAIW that sits immediately below.  
An explanation for the apparent kinks in these linear relationships is still under 
debate due to our limited knowledge of Zn biogeochemistry, which is hindered by a 
paucity of Zn data. The mechanisms proposed for this kink include: (1) the excess 
uptake of Zn by phytoplankton at the base of the euphotic zone followed by export and 
remineralisation of high Zn:SRP particulate material in deeper waters (Saito et al., 
2010). The presence of Zn-binding ligands in excess of the Zn concentration may also 
contribute to this effect as the free Zn2+ concentration will decrease concurrently, and (2) 
the influence of Fe limitation, which decreases P uptake whilst maintaining metal 
uptake rates, resulting in increased cellular metal:P ratios through a process termed 
‘growth-rate dilution’ (Sunda and Huntsman, 2000; Cullen et al., 2003; Cullen, 2006). 
Both mechanisms would result in elevated Zn:SRP ratios in phytoplankton that should 
consequently deplete Zn relative to SRP in the upper water column, followed by export 
and remineralisation below the euphotic zone. 
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 According to the Redfield theory (Redfield et al., 1963), if phytoplankton are 
primarily responsible for the relative changes in Zn:SRP ratios then these values 
presumably reflect the Zn:SRP ratio in phytoplankton responsible for the removal of 
these elements. The Zn:SRP ratios observed in the South Atlantic can therefore be 
compared with the trace metal requirements of phytoplankton grown in cultures under 
growth-rate-limiting conditions (Sunda and Huntsman, 1992; 1995a) and subsequently 
used to interpret the biological impact that Zn concentrations have in this region. Based 
on analyses of pigment markers, the dominant phytoplankton species within the open 
South Atlantic Ocean during this study were estimated to be haptophytes (approx. 51 % 
of total chlorophyll-a). In contrast, diatoms made up approximately 11 % of total 
chlorophyll-a in the open-ocean (approx. 13 – 23 % of total chlorophyll-a). Our upper 
500 m Zn:SRP ratio of 349 µmol mol-1 was in excess of the minimum Zn concentration 
required for optimal growth by the small open-ocean diatom Thalassiosira oceanica (~ 
110 µmol mol-1) but not the haptophyte Emiliania  huxleyi (~ 1100 µmol mol-1).  
Using the variations in Zn:SRP, we estimated free Zn2+ concentrations (Sunda 
and Huntsman, 1992; 1995a) of 0.6 – 80 pM, which are similar to the sub-Arctic North 
Pacific (Jakuba et al., 2012) but lower than the Zn-ligand saturated, high Zn surface 
waters of the Southern Ocean (Zn2+ >100 pM) (Croot et al., 2011). At free Zn2+ 
concentrations of 1 pM, the growth rate of the haptophytes E. huxleyi and Phaeocystis 
antarctica as well as the coastal diatoms T. pseudonana and T. weissflogii were limited 
in culture studies (Sunda and Huntsman, 1992; 1995a; de La Rocha et al., 2000; Saito 
and Goepfert, 2008). These results suggest that the extremely low Zn concentrations in 
the South Atlantic Ocean may influence phytoplankton species composition by 
selecting for phytoplankton cells which have a lower cellular requirement for Zn. This is 
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in contrast to the observed phytoplankton distribution, where the highest haptophyte 
abundance corresponded with the lowest Zn concentrations. The haptophytes E. huxleyi 
and P. antarctica, as well as several diatoms, have been shown to substitute Co for Zn 
and vice versa in growth-limiting culture experiments (Sunda and Huntsman, 1995a; 
Saito and Goepfert, 2008). There is also evidence for this substitution in oceanic 
environments (Jakuba et al., 2008) and may be occurring in this region.  
During our study, a weak but significant relationship (r2 = 0.21, p < 0.05, n = 21) 
was observed between the open-ocean Zn concentration and the marker pigment for 
diatom distribution (total chlorophyll-a normalized fucoxanthin). This may be in part 
due to the low cellular Zn requirement of open-ocean diatom species such as T. 
oceanica (Sunda and Huntsman, 1992; 1995a), which is a likely evolutionary adaptation 
to more oligotrophic and Zn-deplete waters. Only at the lowest Zn concentrations (~ 15 
pM) observed for the South Atlantic would the estimated free Zn2+ concentration (~ 0.6 
pM) be potentially growth limiting to T. oceanica.  
 
4.4.5. The Southern Ocean control on zinc distribution in the upper 500 m  
An intriguing result of this study is the extremely low Zn and silicate 
concentrations within the upper 500 m (Fig. 4.2E and 4.3). This is in contrast to both 
nitrate and phosphate (Fig. 4.2C, D) whose concentrations increase significantly below 
50 m. One explanation for this may be that unlike nitrate and phosphate, Zn and silicate 
are not being returned to the upper 500 m at 40˚ S by Southern Ocean mode waters. The 
Southern Ocean is a critical region for the biological carbon pump, strongly influencing 
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both integrated global export (Sarmiento et al., 2004; Palter et al., 2010) and the overall 
efficiency of the pump (Sarmiento and Orr, 1991; Marinov et al. 2006, 2008). 
Sub-Antarctic Mode Water (SAMW) has been identified as the main conduit 
returning nutrients from the surface waters of the frontal Southern Ocean to the 
thermocline waters of the Southern Hemisphere (Toggweiler et al., 1991; Sarmiento et 
al., 2004; Palter et al., 2010), accounting for about three quarters of biological 
production north of 30˚ S (Sarmiento et al., 2004). One unusual characteristic of 
SAMW are low silicate:nitrate ratios, generally attributed to the preferential removal of 
silicate by diatoms under Fe limitation (Franck et al., 2000; Timmermans et al., 2004). 
Given the high Zn requirement by diatoms for silicate uptake, and the strong oceanic 
Zn:Si relationship, it is reasonable to assume that the removal of silicate in the SAMW 
formation regions would also result in the removal of Zn from these surface waters.  
In Figure 4.6, we have utilised the Si* tracer of SAMW (Si* = Si(OH) – NO3-), 
(Sarmiento et al., 2004) to map this water mass at 40° S. Negative Si* values  between 
100 and 1000 m indicate that this tracer included the upper portion of AAIW, which is 
formed immediately to the south of SAMW in the Southern Ocean. Similar to Si, Zn 
concentrations in SAMW are extremely low, suggesting that SAMW was not a 
significant return path for Zn or silicate from the Southern Ocean. Instead, Zn was 
returned primarily within AAIW between 500 and 1250 m depth. This argument is 
strengthened by the kink in the Zn:SRP ratio being observed at 500 m rather than at the 
shallower depths reported for other oceanographic regions. Below 500 m, our AAIW 
Zn:SRP ratio of 4604 µmol mol-1 is slightly higher than the 3800 µmol mol-1 reported 
for the AAIW formation region of the Southern Ocean (Croot et al., 2011).  
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Figure 4.6. Vertical profiles of dissolved zinc (filled circles) and silicate (open circles), 
nitrate (filled circles) and soluble reactive phosphorus (SRP; open circles), Si* (filled 
circles) and temperature (black line) from stations 3 (Cape Basin) and 16 (Argentine 
Basin). SAMW is indicated by Si* < 0 (dashed line). 
The difference between these ratios may reflect the export of Zn-rich biogenic particles 
out of SAMW as this water mass travels north and their subsequent remineralisation in 
the underlying AAIW, further reducing the potential for SAMW to return Zn efficiently 
to the upper thermocline waters of the South Atlantic Ocean.     
The Si* tracer can also be used to provide further insight into the nutrient status 
of diatoms in the South Atlantic. Diatoms with adequate light and nutrients (including 
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Fe) are reported to contain silicate and nitrate in a mole ratio of about 1:1 (Ragueneau et 
al., 2000), which requires Si* ≥ 0 (Sarmiento et al., 2004). The presence of negative Si* 
SAMW at the base of the thermocline at non-coastal stations along this transect (Fig. 
4.6) is associated with a Si:N ratio of ≤ 0.5, suggesting low diatom production. Using 
our data at 40º S we hypothesize that the potential for low diatom production in this 
region, and most likely throughout the open South Atlantic Ocean, may be in-part 
facilitated by the availability of dissolved Zn, which is maintained at extremely low 
concentrations by the lack of a significant Southern Ocean return path with SAMW. 
 
4.5. Conclusions 
We present dissolved Zn data for 556 discrete samples, the largest Zn data set 
reported to date. Surface Zn concentrations of 0.015 - 0.39 nM are among the lowest 
reported for the world’s oceans, indicating the absence of a significant source of Zn to 
these waters and the potential for Zn limitation of phytoplankton growth. Here we 
suggest using the Si* tracer, that the low surface Zn concentrations are sustained by the 
lack of a return path from the Southern Ocean that returns high nitrate and phosphate 
concentrations to the thermocline waters at this latitude. Despite this, phytoplankton 
groups with cellular Zn requirements in excess of that available in the surface waters 
were dominant along the transect suggesting the potential co-substitution of Zn for 
alternative trace metals. The kink in the Zn-SRP relationship at ~ 500 m indicates that 
Zn is returned at this depth primarily by AAIW and that the kink is a result of the 
relative differences in biological utilization between water masses. A strong relationship 
between Zn and silicate, Zn (nM) = 0.065 Si (µM) + 0.209 (r2 = 0.97, n = 460), was 
observed. Separate linear relationships observed between Zn and silicate for NADW 
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and AABW highlight the need for more deep Zn concentration data for estimating deep 
water Zn concentrations in paleo-oceanography.  
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5.1. Introduction 
The trace metal micronutrient Co plays an important role in the productivity of 
ocean ecosystems. The role of Co in most phytoplankton is to serve as a metal centre in 
CA, which catalyses inorganic carbon acquisition (Morel et al., 1994; Lane and Morel, 
2000; Saito et al., 2002) (Table 1.1 and Fig. 1.2). In addition, Co is a also required for 
the de novo biosynthesis of vitamin B12 by marine prokaryotes (Martens et al., 2002; 
Bertrand et al., 2007; Panzeca et al., 2008), which is an essential requirement for up to 
70 % of phytoplankton species (Swift, 1981; Croft et al., 2005). Thus, the availability of 
Co in the oceans may influence the composition of phytoplankton assemblages in the 
oceans.  
The vertical profile of dCo in the oceans generally falls into the hybrid-type 
category since its oceanic distributions are often controlled by a combination of 
nutrient-like processes in surface waters and scavenging processes in intermediate and 
deep waters (Noble et al., 2008; Saito et al., 2010; Bown et al., 2011; Shelley et al., 
2012) (see Chapter 1.2.4.). The co-oxidation of Co by Mn-oxidising bacteria is reported 
to be one important scavenging mechanism for the removal of Co from seawater (Tebo 
et al., 1984; Moffett and Ho, 1996). It is hypothesized that organic speciation may 
protect Co from scavenging in the interior ocean (Saito and Moffett, 2001; Saito et al., 
2005), particularly in low oxygen waters which may promote stabilisation of the Co(II) 
redox state (Bown et al., 2012). Conservative Co behaviour has been reported for the 
Weddell Gyre, hypothesized to reflect a balance between the production and removal of 
Co-binding ligands in surface waters (Bown et al., 2012). The sources of Co-binding 
ligands are not well characterised, but are suggested to be released as a by-product of 
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vitamin B12 biosynthesis by cyanobacteria (Saito and Moffett, 2001; Saito et al., 2005; 
2010), which are scarce in the Southern Ocean (Bertrand et al., 2007).  
In oceanic surface waters, dCo concentrations can be < 10 pM (e.g. Martin et al., 
1989; Bown et al., 2011; Noble et al., 2012). Moreover, between 60 and 99.9 % of the 
total dCo pool is organically complexed (Ellwood and van den Berg, 2001; Bown et al., 
2012) potentially reducing the bioavailable free Co ion (Co2+) to concentrations < 0.01 
pM. Consequently, low surface ocean dCo concentrations have been shown to limit 
phytoplankton growth in both culture experiments (Sunda and Huntsman, 1995a; Saito 
et al., 2002; Saito and Goepfert, 2008) and field studies with natural assemblages 
(Bertrand et al., 2007; Panzeca et al., 2008). At Co2+ concentrations of 1 pM, the 
growth of the coastal diatom Thalassiosira pseudonana and the haptophyte E huxleyi 
was limited in culture, whereas for the oceanic diatom T. oceanica and the haptophyte 
Phaeocystis antarctica growth limiting Co2+ concentrations appear to be much lower at 
< 0.2 pM (Sunda and Huntsman, 1995a; Saito and Goepfert, 2008). Hence, the 
distribution and biogeochemistry of Co in the world’s oceans is an area of marine trace 
metal research that is now receiving a great deal of attention.           
The water column biogeochemistry of Co has been shown to be linked to that of 
Zn through similar biochemical functions in phytoplankton (Saito and Moffett, 2002; 
Jakuba et al., 2008; Saito et al., 2010). Both elements, as well as cadmium (Cd), are 
capable of biochemical substitution in the active centre of CA enzymes in 
phytoplankton in order to maintain enzymatic activity (Price and Morel, 1990; Yee and 
Morel, 1996; Lane and Morel, 2000; Saito et al., 2008) (see Chapter 1.2.2.). Such 
biochemical substitution appears to be an important adaptation to life in trace metal 
depleted surface waters of the oceans. Physiological evidence of this Co-Zn substitution 
Chapter 5 
175 
 
has been demonstrated in the centric marine diatoms T. weissflogii, T. oceanica and T. 
pseudonana as well as the haptophytes P. antarctica and E. huxleyi with each having a 
preference for one element over the other (Price and Morel, 1990; Sunda and Huntsman, 
1995a; Saito and Goepfert, 2008; Xu et al., 2008). In stark contrast, the marine 
picocyanobacteria (e.g. Prochlorococcus and Synechococcus) have an absolute cellular 
Co requirement and appear to be incapable of Co-Zn biochemical substitution (Sunda 
and Huntsman, 1995a; Saito et al., 2002). The relative proportion of Co to Zn may 
therefore favour the growth of certain species over others (Sunda and Huntsman, 1995a; 
Jakuba et al., 2008; Saito and Goepfert, 2008; Saito et al., 2010). This has clear 
implications for primary productivity, which is largely controlled by diatoms and 
cyanobacteria, and the efficiency of the oceanic biological carbon pump, which is 
largely controlled by the dominance of diatoms versus coccolithophores (Nelson et al., 
1995; de La Rocha, 2003).  
Correlations between Co and soluble reactive phosphate (SRP) have been 
reported as evidence for biological uptake and remineralisation (e.g. Sunda and 
Huntsman, 1995a; Noble et al., 2008; Saito et al., 2004; 2010). These findings are 
similar to correlations observed between other trace metals and macronutrients, such as 
Zn or Cd with SRP or Zn with Si (e.g. Lohan et al., 2002; Cullen et al., 2003; Jakuba et 
al., 2008; Saito et al., 2010; Wyatt et al., 2014). The slopes of these metal-SRP 
relationships in the upper water column reflect their relative biological utilisation and 
have proven useful in identifying the nutritional role of trace metals in diverse oceanic 
regimes including the Gulf of Alaska, the Peru upwelling region, the Northwest and 
Equatorial Atlantic, the Southern Ocean and the Ross Sea (Sunda and Huntsman, 1995a; 
Saito and Moffett, 2002; Jakuba et al., 2008; Saito et al., 2004; 2010; Bown et al., 
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2011). Thus, metal-SRP vector analysis provides an important tool for determining the 
role of Co and/or Zn distributions for phytoplankton community structure.  
The present study examines the temporal and spatial relationship between Co 
and Zn distributions and the subsequent impact on phytoplankton assemblages along the 
GEOTRACES Section GA10 in the South Atlantic Ocean. The surface waters of this 
region exhibit considerable productivity, hypothesised to be derived from the mixing of 
macronutrient rich Sub-Antarctic Surface Water (SASW) to the south with the 
macronutrient depleted waters of the Sub-Tropical Surface water (STSW) to the north. 
However, there is little to no understanding of trace metal cycling in this region. To date, 
the few published data sets from large-scale studies in the South Atlantic report low 
dCo concentrations ranging from ~ 6 to 110 pm (Table. 1.5) across diverse regimes such 
as the South Atlantic sub-tropical gyre, the Southeast Atlantic OMZ and the Atlantic 
sector of the Southern Ocean (Bowie et al., 2002a; Pohl et al., 2010; Bown et al., 2011; 
Noble et al., 2012). In contrast, the Zn data set presented here adds to that already 
reported by Wyatt et al. (2014) (see Chapter 4) and represents the only large–scale data 
set from the South Atlantic Ocean to date.   
 
5.2. Materials and procedures 
5.2.1. Sampling methods 
 Seawater samples were collected from 26 stations during two UK-
GEOTRACES cruises between South Africa and South America (Section GA10, Fig. 
5.1). The first cruise (D357) took place during austral spring 2010, sampling the 
Southeast Atlantic from 18th October to 22nd November 2010 on board the R.R.S. 
Chapter 5 
177 
 
Discovery. For the D357 cruise, two transects were completed between Cape Town, 
South Africa and the zero meridian that represent early austral spring (D357-1) and late 
austral spring (D357-2) respectively. The second cruise (JC068) took place during 
austral summer 2011/2012, sampling from Cape Town along the 40º S parallel to 
Montevideo, Uruguay between 24th December 2011 and 27th January 2012 on the R.R.S. 
James Cook.  
 
Figure 5.1. The stations sampled for dissolved cobalt and zinc along Section GA10 
during 2 UK GEOTRACES cruises D357 (red circles) and JC068. The 3 stations closest 
to South Africa were reoccupied during JC068. The major South Atlantic currents 
influencing the hydrography of the Section are shown: AC: Agulhas current; ACC: 
Antarctic Circumpolar Current; BC: Brazil Current; MC: Malvinas Current. Station 
metadata can be obtained from http://www.bodc.ac.uk/geotraces/. This figure was made 
using Ocean Data View (Schlitzer, 2012). 
All sampling bottles were cleaned according to the procedures detailed in the 
GEOTRACES sample handling protocols (Cutter et al., 2010). Seawater samples were 
collected and treated using procedures described by Wyatt et al. (2014) (see Chapter 4). 
Chapter 5 
178 
 
Briefly, a titanium CTD frame fitted with twenty four trace metal clean Teflon coated 
OTE (Ocean Test Equipment) samplers were used to collect seawater. Upon recovery, 
the OTE bottles were transferred into a class 1000 clean air container and lightly 
pressurized (1.7 bar) with high purity compressed air. Samples for dissolved Co and Zn 
were filtered through 0.8/0.2 µm AcroPak Supor polyethersulfone membrane filter 
capsules (Pall) into 125 mL low density polyethylene bottles. Each sample was acidified 
to pH 1.7 (0.024 M; HCl, UpA, Romil) under a class 100 laminar flow hood.  
 
5.2.2. Determination of cobalt and zinc in seawater 
Dissolved Co (dCo) analysis was carried out within a Class 1000 clean room 
facility (ISO 9001) at the University of Plymouth, UK. Dissolved Co was determined in 
UV irradiated samples using FI-CL (see Chapter 2.6) as described by Shelley et al. 
(2012). The measurements are based on the catalytic oxidation of pyrogallol by 
hydrogen peroxide in the presence of Co. The samples were buffered in-line to pH 5.2 – 
5.5 with 0.5 M ammonium acetate (SpA, Romil) before being loaded onto a Toyopearl 
AF-Chelate-650 M pre-concentration column (Fig. 2.8). The column was rinsed using 
0.05 M ammonium acetate to remove the seawater matrix cations before Co was eluted 
from the column with 0.1 M HCl (SpA, Romil). The HCl eluent entered the reaction 
stream where it mixed with a 50 mM pyrogallol (1,2,3-trihydrobenzene) solution 
containing 0.025 M cetyltrimethylammonium (CTAB) and 10 % v/v hydrogen peroxide 
(30 %, Fisher Scientific). Chemiluminescence was detected by a Thorn EMI PMT. 
Cobalt concentrations were quantified using the method of standard additions (20 – 120 
pM) to low-Co seawater (16.5 ± 5.2 nM, n = 15). All samples and standards were 
analysed in triplicate.  
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The accuracy of the analytical method was assessed by the quantification of dCo 
in surface (S) and 1000 m water (D1, D2) collected during the SAFe programme 
(Johnson et al., 2007) and also 2000 m water (GD) collected as part of the international 
GEOTRACES programme (see Chapter 2.6.5). The concentrations of dCo (± 1 std. dev.) 
measured in reference samples during this study (S = 4.1 ± 0.4 pM, n = 3; D1 = 44.3 ± 
1.0 pM, n = 4; D2 = 48.5 ± 0.04 pM, n = 2; GD = 73.0 ± 3.5 pM, n = 5) were in good 
agreement with the reported consensus values (S = 4.8 ± 1.2 pM; D1 = 45.4 ± 4.7 pM; 
D2 = 45.7 ± 2.9 pM; GD = 65.2 ± 1.2 pM, http://www.geotraces.org/science/ 
intercalibration/322-standards-and-reference-materials). 
Dissolved Zn (dZn) was determined using FI-FL, modified from the method of 
Nowicki et al. (1994) (see Chapter 2.7.), and described previously for this 
GEOTRACES Section by Wyatt et al. (2014) (see Chapter 4).  
 
5.2.3. Pigment analyses and enumeration of phytoplankton groups 
Biological data for this study was provided by Dr. Heather Bouman and Tom 
Browning (University of Oxford, UK). Phytoplankton pigment samples (0.5 – 2 L) were 
filtered (0.7 µm Whatman GF/F), flash frozen in liquid nitrogen and stored at - 80°C. 
Pigments were then extracted into 90 % acetone by sonification prior to analysis using a 
Thermo HPLC system. Pigments were identified using diagnostic retention times and 
comparison of individual pigment absorption spectra with a library of known spectra. 
Chlorophyll-a and pigment mixture standards were included in each run to calibrate 
retention times for the pigments. For the interpretation of metal pigment relationships, 
all pigments were normalised to total chlorophyll-a. The matrix factorization program 
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CHEMTAX was used to interpret the contribution of taxonomic groups to total 
chlorophyll-a (Mackey et al., 1996). Starting pigment ratios for the different taxonomic 
groups were obtained from Wright et al. (1996) for Southern Ocean-type waters and 
Veldhuis and Kraay (2004) for gyre type waters present in the South Atlantic. 
Concentrations of eukaryotic nanophytoplankton, picophytoplankton, Synechococcus 
and Prochlorococcus were enumerated using a FACSort flow cytometer (Becton 
Dickenson, Oxford, UK) according to the methods described in Davey et al. (2008) and 
Zubkov et al. (2003). Initially 2 mL of seawater sample was fixed with 1 % 
paraformaldehyde and incubated in the dark at room temperature for 10 min before 
being flash frozen in liquid nitrogen and stored at - 80°C. Samples were analysed 4 to 5 
months later by analytical flow cytometry using particle counts and measured 
chlorophyll fluorescence (> 650 nm), orange fluorescence (585 ± 21 nm), and side 
scatter. Samples were analysed twice for 3 minutes at a flow rate of ~170 µL min-1. 
Phytoplankton cells were identified and enumerated using WinMDI Version 2.8 (Joseph 
Trotter) flow cytometry analysis software.  
 
5.2.4. Nutrients, temperature and salinity 
 The dissolved macronutrients silicate, SRP, nitrate (determined as nitrate + 
nitrite) were determined in all samples for which dCo and dZn were determined. 
Analyses were determined on-board by Malcolm Woodward (PML) as described in 
Chapter 4. Clean sampling and analysis procedures were adopted according to 
international GO-SHIP protocols (Hydes et al., 2010). Salinity, temperature and depth 
were measured using a CTD system (Seabird 911+) as described in Chapter 4.  
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5.3. Results  
5.3.1. Hydrographic setting and biogeochemical features 
 The water masses along the D357 and JC068 transects were identified by their 
characteristic thermohaline, oxygen and macronutrient properties (Orsi et al., 1995; 
Sarmiento et al., 2004; Ansorge et al., 2005; Johnson et al., 2008; Naveira Garabato et 
al., 2009). Figures 5.2 and 5.3 show these properties during D357-1 (early spring 2010) 
and D357-2 (late spring 2010) respectively along with the identified water masses. A 
detailed description of the hydrography during JC068 (summer 2011/12) is provided by 
Wyatt et al. (2014) (see Chapter 4) and the properties used to identify water masses 
along this transect shown in Figure 4.2. 
Surface waters 
During the two D357 (spring) transects, the surface waters at stations closest to 
South Africa were influenced by the Agulhas Current (AC) to depths of ~ 200 m with 
elevated potential temperature (Ө 15 – 18 ºC) and salinity (S 35 – 36) (Fig’s 5.2A, B 
and 5.3A, B). These AC temperatures are lower than the Ө 15 – 23 ºC observed during 
JC068 (summer; Fig. 4.2A). Within offshore waters of the open Cape Basin, 
temperature and salinity decreased to Ө < 15º C, S < 35 during all three transects due to 
mixing with SASW travelling north from the Antarctic Circumpolar Current (ACC) 
(Fig’s 4.2A, B, 5.2A, B and 5.3A, B). The influence of the AC appears to extend further 
westward to ~ 9° E during D357-2 compared to ~ 14° E during D357-1 and JC068, 
likely a result of the rapid and marked intra-seasonal variability in the Agulhas 
retroflection and leakage regions (de Ruijter et al., 1999; Lutjeharms, 2006). 
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Figure 5.2. Distributions of (A) potential temperature, (B) salinity, (C) oxygen, (D) 
nitrate and (E) phosphate during D357-1 (early spring) used to indicate the major water 
masses. Abbreviations in alphabetical order: AABW: Antarctic Bottom Water; AAIW: 
Antarctic Intermediate Water; AC: Agulhas Current; NADW: North Atlantic Deep 
Water; SASW: Sub-Antarctic Surface Water; UCDW: Upper Circumpolar Deep Water. 
This figure was made using Ocean Data View (Schlitzer, 2012). 
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Figure 5.3. Distributions of (A) potential temperature, (B) salinity, (C) oxygen, (D) 
nitrate and (E) phosphate during D357-2 (late spring) used to indicate the major water 
masses. Abbreviations in alphabetical order: AABW: Antarctic Bottom Water; AAIW: 
Antarctic Intermediate Water; AC: Agulhas Current; NADW: North Atlantic Deep 
Water; SASW: Sub-Antarctic Surface Water; UCDW: Upper Circumpolar Deep Water. 
This figure was made using Ocean Data View (Schlitzer, 2012). 
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Within the Argentine Basin during JC068, the surface waters at stations closest 
South America were influenced by the Rio de la Plata estuary where salinity < 29 (Fig. 
4.2B). Beyond the South American continental shelf margin the Brazil Current (BC: Ө 
15 - 25º C, S 35 - 37) was observed to depths of ~ 200 m. Within offshore waters of the 
open Argentine Basin, surface water temperature (Ө >15 º C) and salinity (S > 35) was 
higher than its Cape Basin counterpart due to mixing with STSW travelling south from 
the South Atlantic sub-tropical gyre.  
Sub-surface waters 
Below the surface, Sub-Antarctic Mode Water (SAMW), the main conduit 
returning nutrients from the frontal Southern Ocean to the thermocline waters of the 
Southern Hemisphere (Sarmiento et al., 2004; Palter et al., 2010), was identified 
between 100 – 500 m during all three transects by a negative Si* (Si* = Si(OH) – NO3-). 
Between 500 and 1250 m, Antarctic Intermediate Water (AAIW) was identified by its 
salinity minimum (S < 34.4) (Fig’s 5.2B and 5.3B), Ө 2.8 – 3.0º and SRP 1.25 – 2.25 
µM. Located below Antarctic Intermediate Water, a layer of Upper Circumpolar Deep 
Water (UCDW: Ө 2.8 – 3.0º C, S 34.4 - 34.8) was found between 1250 and 1750 m, 
characterised by low oxygen (158 - 176 µmol kg-1) (Fig’s 5.2C and 5.3C) and a SRP 
maximum (> 2.25 µM) (Fig’s 5.2E and 5.3E). 
   The abyssal layer at this latitude was occupied by cold and fresh Antarctic 
Bottom Water (AABW: Ө < 1º C, S < 34.8, SRP 2.25 - 2.60 µM) (Fig’s 5.2A, B, E and 
5.3A, B, E), which has its origins in the Southern Ocean. The AABW was located at 
depths of ~ 4500 m in the Cape Basin and ~ 4000 m in the Argentine Basin. Located 
between AABW and UCDW, North Atlantic Deep Water (NADW) is characterised by 
its deep salinity maximum (S > 34.8) and SRP minimum (< 2.25). 
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5.3.2. Dissolved cobalt and zinc in the upper water column: vertical profiles and 
spatial/temporal differences 
The upper water column vertical profiles of dissolved Co and Zn from 6 stations 
during D357-1 (early spring), and 6 stations during D357-2 (late spring), are presented 
in Figure 5.4A – F and G – L respectively.  
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Figure 5.4. Vertical profiles of total dissolved cobalt (circles) and zinc (triangles) and 
temperature (red line) from early spring (D357-1; plots A – F) and late spring (D357-2; 
plots G – L) in the South Atlantic Ocean. Moving through the plots right to left is the 
equivalent to travelling along the D357 transect east to west. Plots A – B and G – I 
therefore represent stations sampled within the Agulhas Current during D357-1 and 
D357-2 respectively (note the different x axes), whilst plots C – F and J – L represent 
offshore stations.   
 
During D357-1 (early spring), the concentrations of dissolved Co and Zn in the 
biologically active upper 150 m showed a distinct longitudinal gradient, with elevated 
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trace metal concentrations in AC waters (Co 20.2 - 62.8 pM and Zn 0.27 - 4.57 nM) 
(Fig. 5.4A – B) and markedly reduced concentrations in the open ocean (Co 1.0 - 34.9 
pM and Zn 0.06 - 0.76 nM) (Fig. 5.4C – F). Previous observations of elevated Co and 
particulate aluminium within AC waters (Jeandel et al., 2010; Bown et al., 2011) 
indicate that these elevated metal concentrations could result from either atmospheric 
deposition and/or the transportation of particles from the Agulhas Bank.  
Along the D357-1 (early spring) transect, both Co and Zn were positively 
correlated with salinity (r2 = 0.38 and 0.31 respectively; n = 43, p < 0.01) in the upper 
200 m (Fig. 5.5), the depth range of the AC Ө 15° C isotherm. This suggests that lateral, 
advective mixing of more-saline, high Co and Zn, AC waters with fresher, lower Co and 
Zn, open ocean waters may be an important control on the surface distributions of these 
metals within the Cape Basin prior to the on-set of the spring bloom.  
 
 
Figure 5.5. The relationship between salinity and dissolved (A) cobalt and (B) zinc in 
the upper 200 m of the Cape Basin during D357-1 (early spring). The correlation 
coefficients are 0.38 for Co vs salinity and 0.31 for Zn vs salinity (n = 43, p < 0.01). 
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During D357-2 (late spring), the longitudinal metal gradients were not as clearly 
defined owing to a reduction in surface Co and Zn concentrations within the AC (1.3 - 
42.9 pM and 0.16 - 1.82 nM respectively) (Fig. 5.4G – I), whilst open ocean 
concentrations were similar to those observed during early spring (Co 1.7 - 30.1 pM and 
Zn 0.08 - 0.84 nM respectively) (Fig. 5.4J – L). The lower metal concentrations in the 
AC likely resulted from biological removal between the early and late spring by 
phytoplankton, with an estimated Co and Zn drawdown of 1.12 x 10-6 mol m-2 and 8.93 
x10-5 mol m-2 respectively over these 4 weeks.   
 During JC068 (summer), the concentrations of Co and Zn within the upper 150 
m of the AC ranged 18 - 50 pM and 0.03 - 0.40 nM respectively. Despite a slightly 
higher concentration range, the integrated Co inventory for the upper 150 m of the AC 
was lower than that calculated for the D357-2 (late spring) transect. Similarly, the 
calculated Zn inventory for the AC was almost 7 fold lower than that calculated for the 
late spring transect. Whilst realising that other factors affect the Co and Zn 
concentrations in surface waters, if we assume that spring and summer metal 
concentrations were relatively constant between the D357 and JC068 cruises, then we 
can estimate a drawdown in the AC of 1.71 x 10-6 mol m-2 Co and 9.41 x 10-5 mol m-2 
Zn between the D357-2 (late spring) and JC068 (summer) transects.  
Within the Cape Basin open ocean, the JC068 (summer) Co concentrations 
ranged 2.8 – 37 pM, whilst Zn concentrations ranged 0.015 – 0.39 nM. The estimated 
drawdown of Co and Zn between the D357-2 and JC068 transects is 1.80 x 10-7 mol m-2 
and 5.92 x 10-5 mol m-2 respectively. By using the ratio of Co and Zn to SRP from the 
Cape Basin open ocean to calculate metal:C ratios based on Redfield C:P stoichiometry 
of 106:1, and the robust relationship between metal:C ratios and the free metal ion 
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concentrations found in eukaryotic phytoplankton cultures (Sunda and Huntsman, 
1995a), this study estimated maximum free Co2+ and Zn2+ concentrations for this region 
of ~ 10 and 70 pM respectively. The estimated minimum free Zn2+ concentration was ~ 
0.1 pM, a concentration at which the growth rate of certain phytoplankton, with the 
exception of T. oceanica, have been limited in culture studies (Sunda and Huntsman, 
1992, 1995a; de La Rocha et al., 2000; Saito and Goepfert, 2008). Similarly, the 
estimated free Co2+ concentration of ~ 0.08 pM was below that required for the growth 
of certain eukaryotic phytoplankton but not the picocyanobacterium Synechococcus, 
which has an absolute but lower Co requirement (Sunda and Huntsman, 1995a). 
Following depletion of Co and Zn during the preceding months, the low concentrations 
observed in the Cape Basin open ocean during the summer may therefore co-limit 
phytoplankton growth.  
In the Argentine Basin (JC068), similar to the Cape Basin, the concentrations of 
Co and Zn in the biologically active upper 150 m showed a distinct longitudinal 
gradient. Elevated metal concentrations were observed at stations closest South America 
(Co 106 pM and Zn 1.15 nM), associated with reduced salinity (S = < 29) from the Rio 
de la Plata estuary, whilst concentrations were markedly reduced in open ocean waters 
(Co 4.2 – 47.6 pM and Zn 0.015 - 0.42 nM). Concentrations of Zn were particularly low 
in offshore waters associated with the BC (0.015 – 0.23 nM), a western boundary 
current that transports warm, salty waters southwards from the South Atlantic sub-
tropical gyre (Jullion et al., 2010) (Fig. 5.1). Cobalt was negatively correlated with 
salinity in the upper 150 m throughout the BC and onto the South American continental 
shelf (r2 = 0.37, p < 0.01, n = 20) with a stronger correlation observed for the top 5 m (r2 
= 0.94, p < 0.01, n = 11). This feature supports the hypothesis of marginal inputs, 
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dominated by the Rio de la Plata, and a degree of conservative mixing as reported for 
Co in the northeast and northwest Atlantic (Kremling and Streu, 2001; Saito and 
Moffett, 2002). Extrapolation of the surface salinity-Co regression to zero salinity 
provides an estimate of the Rio de la Plata Co concentration if mixing were completely 
conservative. The calculated zero salinity end member for Co had a value of 411 pM, 
almost half the estimated 790 pM Co for zero-salinity in the northwest Atlantic (Saito 
and Moffett, 2002). In contrast, whilst elevated Zn concentrations at South American 
coastal stations corresponded to reduced salinity and increased Si concentrations, and 
therefore likely arose from lithogenic inputs from the Rio de la Plata (Wyatt et al., 2014) 
(see Chapter 4), Zn showed non-conservative behaviour due to rapid removal of Zn at 
coastal stations, coincident with a large diatom bloom.  
The integrated 150 m Co and Zn inventories for the Argentine Basin open ocean 
(2.09 x 10-6 mol m-2 and 1.54 x 10-5 mol m-2 respectively), which exclude the low Zn 
concentrations in the BC, were higher than that of the Cape Basin open ocean (1.72 x 
10-6 mol m-2 and 1.15 x 10-5 mol m-2 respectively). As well as fluvial inputs, other 
processes that may influence the inter-basin open ocean differences in metal 
concentrations include biological utilization (discussed further later), vertical/lateral 
mixing and atmospheric deposition. Previous studies have shown cross frontal mixing 
in the Argentine Basin at the SAMW/AAIW level associated with interaction within the 
Brazil-Malvinas confluence (Boebel et al., 1999; Jullion et al., 2010). These patches of 
mixing are discernible for extended periods and drift over long distances into the 
Argentine Basin. Thus, the elevated 150 m Co and Zn inventories for the Argentine 
Basin open ocean may result from the mixing of SAMW and AAIW with surface waters. 
This argument is supported by elevated Co and Zn concentrations observed in the upper 
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150 m  at 28° W and 42° W that corresponded to salinity < 34.4 (AAIW) at 400 m and 
300 m respectively and negative Si* (SAMW) at 63 m and 45 m respectively.  
During the present study, the aerosol deposition flux of soluble Co and Zn to the 
South Atlantic open ocean ranged from 4 - 94 pmol m-2 d-1 and 4 - 21 nmol m-2 d-1 
respectively (R. Chance, 2013, personal comm.), with slightly higher rates of deposition 
occurring in the Argentine Basin. However, these values are much lower than the 
deposition fluxes reported for other regions of the Atlantic Ocean (Jickells et al., 1987; 
Bown et al., 2011; Shelley et al., 2012). In addition, such deposition over a 3 month 
period would only contribute for a maximum increase of 0.2 pM Co and 45 pM Zn in 
the mixed layer of the Argentine Basin, hence representing 0.2 % and 4.4 % of the 
mixed layer concentration measured. The contribution of dust dissolution to the mixed 
layer Co inventory of the Argentine open ocean is lower than the ≤ 2 % reported by 
Bown et al. (2011) for Southeast Atlantic stations close to South Africa and 
considerably lower than the ≤ 25 % estimated for the North Atlantic (Thuróczy et al., 
2010) where atmospheric dust inputs from Northwest Africa are high (see Chapter 
1.3.2). Similarly, the contribution of dust dissolution to the mixed layer Zn inventory of 
the Argentine Basin of 4.4 % is significantly lower than the estimated ≤ 100 % in the 
North Atlantic (Thuróczy et al., 2010). Atmospheric deposition therefore does not 
appear to be a significant source of Co and Zn to surface waters of the open Argentine 
Basin compared with inputs from the Rio de la Plata and upwelled water from below. 
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5.3.3. Dissolved cobalt and zinc in sub-surface waters 
In Figure 5.6, the full water column dissolved Co and Zn data from D357-1 
(early spring) (Fig. 5.6A, B) and D357-2 (late spring) (Fig. 5.6C, D), along with the full 
water column Co and Zn data from all 19 stations during JC068 (summer) (Fig. 5.6E, F), 
were used to create quasi-zonal sections.  
The trace metal concentrations below the euphotic zone are largely controlled by 
the different water masses that occupy the South Atlantic at 40° S as shown for Zn by 
Wyatt et al. (2014) (see Chapter 4). The distributions of Co and Zn in sub-surface 
waters were therefore similar during all three transects. The concentrations of Co in the 
Cape Basin increased with depth to between 50 and 80 pM in the low-oxygenated 
UCDW (1250 and 1750 m) (Fig. 5.6A, C, E). Organic complexes are reported to 
represent more than 75 % of Co in these waters (Bown et al., 2012), which would 
promote the stabilization of the soluble Co(II) redox state favoured by the low oxygen 
waters. Furthermore, elevated dCo concentrations have been reported in oxygen 
minimum zones of the South Atlantic/Benguela upwelling region (Noble et al., 2012), 
the Costa Rica Dome and the Peru upwelling region (Saito et al. 2004; 2005), likely a 
result of reduced scavenging rates under low oxygen conditions (Noble et al., 2012). At 
stations closest South Africa, elevated Co concentrations (50 – 70 pM) extended to 
3000 m. Similar concentrations of dCo (45 – 55 pM) (Bown et al., 2011), along with 
elevated dFe (Chever et al., 2010) and particulate Al (Jeandel et al., 2010), have 
previously been reported for similar depths within these waters and suggest a significant 
lithogenic source of Co from the South African continental margins.  
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Figure 5.6. Zonal sections of dissolved cobalt and zinc during the early spring (D357-1; plots A and B), late spring (D357-2; plots C and D) 
and summer (JCO68; plots E and F). This figure was made using Ocean Data View (Schlitzer, 2012).
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In the deep waters, Co concentrations during all three cruises displayed 
scavenged-like distributions. Cobalt concentrations decreased to between 30 and 40 pM 
below 3500 m in AABW, values which are in agreement those reported previously for 
the Southeast Atlantic (37 – 42 pM; Bown et al., 2011) and the South Atlantic 
subtropical gyre (25 – 50 pM; Noble et al., 2012).  
The Zn concentrations below 150 m in the Cape Basin, during all three transects, 
did not increase significantly until 500 m (Fig. 5.6B, D, F). The biogeochemical cycle 
of Zn along the JC068 transect has indicated that the preferential removal of Zn with 
silicate by diatoms in the Southern Ocean may prevent a direct return path for Zn to the 
upper water column of the South Atlantic Ocean within SAMW (Wyatt et al., 2014) 
(see Chapter 4). Below 500 m the Zn concentrations increased with depth in a typical 
nutrient fashion to maximum values of 6 – 8 nM in AABW.  
The Co and Zn concentrations below 150 m in the Argentine Basin were broadly 
similar to that observed in the Cape Basin (Fig. 5.6E, F). However, the introduction of 
deep waters from the Weddell Gyre to the Argentine Basin (Naveira Garabato et al., 
2002; Huhn et al., 2008) results in AABW nearer 3500 m compared to ~ 4000 m in the 
Cape Basin. Similarly, frontal mixing at the NADW/UCDW and AAIW/SAMW levels 
appears to result in elevated Co and Zn concentrations at depths of 500 m in the 
Argentine Basin compared to the Cape Basin (Fig. 5.6E, F).    
 
5.3.4. Correlations of cobalt and zinc with soluble reactive phosphorus 
 Figure 5.7 shows the relationship between the complete vertical and horizontal 
distributions of SRP and dissolved Co and Zn in the South Atlantic Ocean at 40° S.  
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Figure 5.7. The relationship between soluble reactive phosphorus (SRP) and dissolved 
cobalt and zinc in the South Atlantic Ocean. Cobalt and SRP were linearly correlated in 
the upper 1250 m (< 1.7 - 2 µM SRP) during (A) the D357-1 (early spring; r2 = 0.46; n 
= 79, p < 0.01) and D357-2 (late spring; r2 = 0.57; n = 84, p < 0.01) transects and (B) the 
JC068 (summer; r2 = 0.62; n = 196, p < 0.01) transect. Zinc and SRP are decoupled in 
the upper 500 m during (C) the D357-1 (early spring) and D357-2 (late spring) transects 
due to coastal zinc inputs to the Agulhas Current (highlighted). During JC068 (summer), 
zinc and SRP were correlated (r2 = 0.12; n = 57, p < 0.01) in the upper 500 m (< 1.5 µM 
SRP). Note that the elevated zinc concentrations associated with the Rio de la Plata 
have been excluded.  
 
 
Whilst the Co-SRP relationship was linear over the upper 1250 m during all three 
transects (Fig. 5.7A, B), for comparison with Zn further on, this study utilises the linear 
Co-SRP relationships from just the upper 500 m (Table 5.1). 
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Table 5.1. Regression slopes of Zn and Co versus PO4
3- (µmol mol-1) in the upper water column for different oceanic regimes. 
Geographic location 
Depth range 
(m) 
Zn (nM) 
ΔZn:ΔP               
(µmol mol-1) 
r2 Co (pM) 
ΔCo:ΔP    
(µmol mol-1) 
r2 ΔZn:ΔCo Reference 
SE Atlantic (D357-1) < 500 0.02 – 2.27a 550 0.25 1 - 65 17.9 0.20 30.7 This study 
SE Atlantic (D357-2) < 500 0.08 – 1.01a 407 0.19 1 - 60 22.0 0.26 18.5 This study 
SE Atlantic (JC068) < 500 0.01 – 0.67 127 0.12 2 – 66 17.5 0.27 7.3 This study 
SW Atlantic (JC068) < 500 0.01 – 1.41 390 0.57 4 - 76 20.4 0.52 19.1 This study 
SE Atlantic < 150    15 - 45 49.3 0.91  Bown et al. (2011) 
NE Atlantic 20 - 150 0.25 – 0.61 593 0.91 40 - 49 9.94 0.91 59.7 Martin et al. (1993) 
NE Atlantic 20 - 150 0.15 – 0.58 1885 0.99 21 - 44 45.0 0.78 41.9 Martin et al. (1993) 
N Atlantic Surface  7870      Bruland & Franks (1983) 
N Atlantic < 375  1861      Bruland & Franks (1983) 
Equatorial Atlantic  5    5 - 87 560 0.63  Saito & Moffett (2002) 
Sargasso Sea  10 0.07 – 1.32 1461 0.72 4 - 111 137 0.78 10.7 Jakuba et al. (2008) 
NE Pacific < 200 0.08 – 0.37 383 0.91     Bruland (1980) 
NE Pacific (T5) 50 - 150 0.06 – 0.22 251 0.99 8 - 32 39.8 0.98 6.3 Sunda & Huntsman (1995a)b 
NE Pacific (T6) 50 - 150 0.14 – 0.26 370 0.92 28 - 40 35.5 0.99 10.4 Sunda & Huntsman (1995a)b 
NE Pacific (T8) 8 - 50 0.06 – 0.32 254 0.70 25 - 55 38.4 0.98 6.6 Sunda & Huntsman (1995a)b 
NE Pacific < 200     25.0   Martin & Gordon (1988) 
Peru upwelling 5    21 - 315 248 0.83  Saito et al., (2004) 
Hawaiian Islands < 250    11 – 47 37 0.91  Noble et al. (2008) 
Hawaiian Islands < 350    3 - 97 29 0.63  Noble et al. (2008) 
S Ocean   (Atlantic sector) < 150    27 - 49 48.0 0.87  Bown et al. (2011) 
S Ocean   (Atlantic sector) < 500  4857 0.73     Croot et al. (2011) 
Ross Sea 0.5 - 40 0.24 – 3.95 509 0.95     Saito et al. (2010)c 
Ross Sea 20 - 375 0.78 – 7.11 7580 0.72     Saito et al. (2010)c 
Ross Sea 5 - 500    19 - 71 37.6 0.87 17d Saito et al. (2010) 
a Range excludes elevated Zn values for the AC.  
b Data from Martin et al. (1989), stations T5, T6 and T8. 
c Data from Fitzwater et al. (2000). 
d ΔZn:ΔCo determined from linear Zn:P between 0.5 – 40 m and linear Co:P between 5 – 500 m. 
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The slopes of these relationships were 17.9 µmol mol-1 (r2 = 0.20; n = 58, p < 
0.01) for D357-1,  22.0 µmol mol-1 (r2 = 0.26; n = 61, p < 0.01) for D357-2, 17.5 µmol 
mol-1 (r2 = 27; n = 56, p < 0.01) for the Cape Basin during JC068 and 20.4 µmol mol-1 
(r2 = 0.52; n = 91, p < 0.01) for the Argentine Basin during JC068. These values are 
lower than the dissolved Co:P ratios of 25 – 41 µmol mol-1 reported for the Northeast 
Pacific, the Southeast Atlantic, the Ross Sea (Martin and Gordon, 1988, Sunda and 
Huntsman, 1995a, Noble et al., 2008; Saito et al., 2010; Bown et al., 2011), and one 
order of magnitude lower than the 137 – 560 µmol mol-1 reported for the oligotrophic 
Sargasso Sea, the Eastern Tropical Pacific and the Equatorial Atlantic (Saito and 
Moffett, 2002; Saito et al., 2004; Jakuba et al., 2008; Table 5.1). 
Below ~ 1750 m the Co-SRP relationship displayed a distinct curve during all 
three transects (Fig. 5.7A, B), where Co was removed, without stoichiometric removal 
of SRP, due to scavenging processes such as abiotic particle adsorption or biotic Mn co-
oxidation (Tebo et al., 1984; Moffett and Ho, 1996). This scavenging of Co occurred at 
a greater depth than the mesopelagic depths (500 – 800 m) reported for the Northeast 
Pacific (Martin et al., 1989; Noble et al., 2008), and compares more favourably with the 
Southeast Atlantic (Noble et al., 2012), and the Atlantic sector of the Southern Ocean 
(Bown et al., 2011). For the South Atlantic at 40° S, scavenging coincides with the 
lower boundary of low oxygen (158 - 176 µmol kg-1) UCDW. Within the core of South 
Atlantic UCDW, 75 % of dCo is reported to be organically complexed (Bown et al., 
2012), which would result in only a quarter of labile Co being available for bacterial 
oxidation or passive scavenging. This suggests that the deeper depth at which 
scavenging is observed at 40° S is largely controlled by the presence of low oxygen 
UCDW and a high degree of organic complexation. 
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The Zn-SRP relationship for the South Atlantic during all three transects 
exhibited a number of distinct kinks in its linear profile (Fig. 5.7C, D). The shallowest 
kink in the Zn-SRP relationship during all three transects was observed at ~ 500 m (~ 
1.5 µM SRP). This Zn-SRP kink was also observed in the North Pacific, the Southern 
Ocean and the Ross Sea (Martin et al., 1989; Saito et al., 2010; Jakuba et al., 2012), but 
at much shallower depths between 20 and 150 m (1.2 – 1.5 µM PO43-). The deeper 
depth of the South Atlantic Zn-SRP kink is hypothesized to reflect the extremely low 
Zn concentrations in the upper water column, and the lack of a direct return path for Zn, 
unlike SRP, from the Southern Ocean within SAMW between 100 and 500 m (Wyatt et 
al., 2014) (see Chapter 4). 
Within the Cape Basin, the Zn-SRP relationship in the upper 500 m during the 
D357 (spring) transects are decoupled, presumably due to the elevated coastal inputs of 
Zn compared to SRP. These values were therefore excluded from the Zn:SRP 
correlation. Subsequently, the Zn-SRP relationship was linear in the upper 500 m during 
D3571 (early spring; r2 = 0.25; n = 43, p < 0.01), D357-2 (late spring; r2 = 0.19; n = 40, 
p < 0.01) and JC068 (summer; r2 = 0.12; n = 57, p < 0.01). The slopes of these 
relationships decreased between the transects from 550 µmol mol-1 to 407 µmol mol-1 
and finally 127 µmol mol-1 respectively (Table 5.1). During JC068 (summer), Zn was 
tightly correlated with SRP in the upper 500 m of the Argentine Basin (r2 = 0.57; n = 75, 
p < 0.01) with an elevated slope of 390 µmol mol-1 compared to the Cape Basin. These 
values are significantly lower than the 1460 – 7870 µmol mol-1 reported for the 
oligotrophic North Atlantic and Sargasso Sea (Bruland and Franks, 1983; Jakuba et al., 
2008; Table 5.1) and compare more favourably with the 250 – 509 µmol mol-1 reported 
for the Ross Sea and Northeast Pacific (Martin et al., 1989; Saito et al., 2010).  
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5.3.5. Phytoplankton community structure 
During D357-1 (early spring), the highest concentrations of total chlorophyll-a 
were observed in AC waters (0.06 - 0.43 mg m-3), whilst reduced concentrations were 
found in the Cape Basin open ocean (0.06 – 0.36 mg m-3). Using pigment ratios for 
different taxonomic groups, the phytoplankton assemblage was estimated to be 
dominated by Phaeocystis type haptophytes, which contributed 79 ± 11 % and 53 ± 9 % 
towards chlorophyll-a in AC waters and open ocean waters respectively. Emiliania 
huxleyi type haptophytes were found to be extremely low in the AC (< 1 % chlorophyll-
a) but contributed 19 ± 10 % towards chlorophyll-a in open ocean waters. In contrast, 
diatoms contributed 8 ± 5 % towards chlorophyll-a in AC waters but were extremely 
low offshore (< 1 % chlorophyll-a). Of the picocyanobacteria, Synechococcus was more 
abundant than Prochlorococcus in both the AC (6.6 – 25.9 x 103 cells mL-1 vs. 3.2 – 
17.8 x 103 cells mL-1) and open ocean waters (5.87 – 61.4 x 103 cells mL-1 vs. 3.2 – 31.5 
x 103 cells mL-1). 
During D357-2 (late spring), total chlorophyll-a concentrations along the 
transect were elevated relative to those observed during the early spring (0.28 – 0.45 mg 
m-3 in the AC and 0.08 – 0.61 mg m-3 in the Cape Basin open ocean). The 
phytoplankton assemblage during this period was also by dominated by Phaeocystis 
type haptophytes, which contributed 69 ± 14 % and 79 ± 8 % towards chlorophyll-a 
within AC waters and open ocean waters respectively. Diatom contribution was 
elevated to 10 ± 8 % chlorophyll-a in AC waters and was 7 ± 5 % chlorophyll-a in open 
ocean waters, whilst E. huxleyi type haptophytes represented < 4 % chlorophyll-a along 
the transect. The abundance of Prochlorococcus varied little between the two D357 
transects, whilst the abundance of Synechococcus was approximately 3 fold higher 
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within AC waters during D357-2 (2.61 – 79.1 x 103 cells mL-1) but decreased in open 
ocean waters (3.0 – 43.8 x 103 cells mL-1).  
During JC068 (summer), total chlorophyll-a concentrations for the AC and the 
Cape Basin open ocean ranged between 0.03 and 1.02 mg m-3 and between 0.02 and 
0.77 mg m-3 respectively, representing the highest chlorophyll concentrations observed 
for the Southeast Atlantic during this study. The contribution of Phaeocystis type 
haptophytes to the phytoplankton assemblage within AC waters was markedly reduced 
during JC068 (18 ± 8 % chlorophyll-a) and instead, a community shift towards E. 
huxleyi type haptophytes (20 ± 4 % chlorophyll-a), chrysophytes (20 ± 2 % chlorophyll-
a) and diatoms (16 ± 4 % chlorophyll-a) was observed. This was also observed in the 
open ocean where the contribution of Phaeocystis type haptophytes was reduced to 41 % 
chlorophyll-a, whilst the contribution of E. huxleyi type haptophytes (37 ± 18 % 
chlorophyll-a), prasinophytes (9 ± 5 % chlorophyll-a) and dinoflagellates (8 ± 4 % 
chlorophyll-a) was elevated. The abundance of Synechococcus ranged between 0.2 x 
102 cells mL-1 and 109.4 x 105 cells mL-1 along the transect with remarkably similar 
concentrations in both AC and open ocean waters. In contrast, Prochlorococcus was 
markedly higher during JC068 in both AC waters (1.3 x 102 cells mL-1 to 403.1 x 105 
cells mL-1) and open ocean waters (0.3 x 102 cells mL-1 to 9.7 x 104 cells mL-1).  
Within the Argentine Basin, the JC068 (summer) total chlorophyll-a 
concentrations were highest in the open ocean (0.02 – 1.46 mg m-3). The phytoplankton 
assemblage of these open ocean waters was estimated to be dominated by E. huxleyi 
type haptophytes (24 % chlorophyll-a), whilst chrysophytes (20 % chlorophyll-a), 
diatoms (16 % chlorophyll-a), and Phaeocystis type haptophytes (15 % chlorophyll-a) 
also contributed significantly to the community structure. At stations closest South 
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America, total chlorophyll-a concentrations were 0.03 – 0.92 mg m-3. Diatoms 
contributed 24 % to chlorophyll-a, with Phaeocystis and E. huxleyi type haptophytes 
contributing 19 % and 13 % respectively. In agreement with the known distribution and 
abundance of Trichodesmium in the Atlantic Ocean (Tyrell et al., 2003), this 
cyanobacterium contributed 6 % to chlorophyll-a at coastal stations. The abundance of 
Synechococcus was elevated in both the open ocean and coastal regimes ranging 1.79 x 
102 cells mL-1 to 2.4 x 105 cells mL-1, whilst Prochlorococcus abundance was elevated 
to 0.3 x 102 cells mL2 to 4.2 x 105 cells mL-1 in open ocean waters but was reduced to 
1.1 x 103 cells mL-1 to 1.8 x 105 cells mL-1 in coastal waters. 
 
5.4. Discussion 
5.4.1. Metal-SRP vector analysis: the nutritional role for cobalt and zinc 
The slopes of metal-SRP relationships can reflect the tug-of-war between biotic 
and abiotic processes on trace metal biogeochemistry (Cullen et al., 2006; Noble et al., 
2008; Saito et al., 2010; Wyatt et al., 2014). Phytoplankton uptake and subsequent 
remineralisation of biomass would result in the removal and addition Zn, Co and SRP, 
and therefore would strengthen metal-SRP relationships. Abiotic trace metal inputs 
from the atmosphere or coastal sources, and the removal of metals from seawater by 
scavenging processes, may alter metal concentrations without a stoichiometric change 
in SRP, and therefore destroy metal-SRP correlations. This type of metal-SRP vector 
analysis has proven useful in identifying the biological utilisation of either Co or Zn in 
shallow waters of the Northeast and Equatorial Pacific (Sunda and Huntsman, 1995a; 
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Saito et al., 2004; Noble et al., 2008), the Southeast Atlantic (Bown et al., 2011) and the 
Ross Sea (Saito et al., 2010).   
During this study, the Co:SRP ratio in the upper 500 m showed a temporal and 
spatial consistency ranging between 17.5 and 22.0 µmol mol-1; Table 5.1. In contrast, 
the decrease in the upper water column Zn:SRP ratio of the Cape Basin between the 
D357-1 (early spring; 550 µmol mol-1), D357-2 (late spring; 407 µmol mol-1) and JC068 
(summer; 127 µmol mol-1) transects suggests that the nutritional demand for Zn may 
decline with decreasing Zn concentrations, whereby Co may have a greater relative 
nutritional value. This study represents the first investigation of phytoplankton 
nutritional stoichiometric plasticity in response to changes in Co and Zn concentrations 
over seasonal time scales. The biochemical substitution of Co and Zn within enzymes 
means that the phytoplankton community composition will likely change to reflect the 
changing metal concentrations and therefore the relative nutritional role of Co and Zn 
needs to be considered.  
Within the Cape Basin, the metal-SRP ratios provide evidence for a greater 
nutritional reliance on Zn relative to Co. This is based on stoichiometric ratios for 
dissolved Zn:SRP/Co:SRP (ΔZn:ΔCo) of 31:1, 19:1 and 7:1 for the three transects 
respectively (Table 5.1). In addition, these data suggest that on a seasonal basis, the 
nutritional reliance on these trace metals changes from a greater role for Zn to an 
environment where Co plays a relatively more important role. One explanation for this 
behaviour is the drawdown of Zn in the presence of phytoplankton with high Zn:SRP 
ratios followed by Zn depletion. This hypothesis is supported by a positive x-axis 
intercept for the D357-1 (early spring) Zn:SRP regression followed by positive y-axis 
intercept for both the D357-2 (late spring) and JC068 (summer) relationships. The 
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JC068 utilisation ratio of ΔZn:ΔCo 7:1 compares favourably with the ΔZn:ΔCo 6 – 10:1 
reported for phytoplankton in the Zn deplete (0.06 – 0.32 nM) sub-Arctic Pacific (Sunda 
and Huntsman, 1995a). By contrast, higher Zn utilisation ratios of ΔZn:ΔCo 17 – 60:1 
have been reported for Ross Sea and Northeast Atlantic phytoplankton (Martin et al., 
1993; Saito et al., 2010) where surface Zn concentrations were in excess of 0.24 nM. 
Together, these data provide evidence that the removal of Zn between the D357 and 
JC068 transects results in a greater nutritional role for Co in the Cape Basin compared 
to that previously reported for the Atlantic Ocean. Cobalt may therefore play an 
extremely important role in controlling phytoplankton species composition and 
distribution within this region.     
Within the Argentine Basin, the reliance on Zn relative to Co (ΔZn:ΔCo 19:1) 
during JC068 (summer) was almost 3 times greater than the 7:1 observed for the Cape 
Basin (Table 5.1). The South Atlantic east-west gradient in Zn and Co utilisation may 
be explained by the relative differences in surface metal concentration during this 
transect and the interdependent cellular Zn and Co requirements of phytoplankton. As 
stated earlier, the JC068 integrated 150 m Co and Zn inventories for the Argentine 
Basin open ocean were higher than that of the Cape Basin open ocean. However, the 
inter-basin difference for Zn (0.39 x 10-5 mol m-2) is an order of magnitude greater than 
that of Co (0.37 x 10-6 mol m-2). Laboratory based cultures studies have demonstrated 
that for eukaryotic phytoplankton, elevated free Zn2+ ion concentrations resulted in 
reduced Co2+ uptake rates and vice versa (Sunda and Huntsman, 1995a; Ho et al., 2003). 
Thus, we should expect to see relatively high ΔZn:ΔCo utilisation ratios in the 
Argentine Basin compared to the Cape Basin. The nutritional role for Zn within the 
Argentine Basin was greater at coastal stations (ΔZn:ΔCo 57) compared to the open 
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ocean (ΔZn:ΔCo 16). At these coastal stations, marginal inputs from the Rio de la Plata 
resulted in a Zn:SRP ratio of 439 µmol mol-1 (r2 = 0.60; n = 19, p < 0.01), a ratio that is 
comparable to the 509 µmol mol-1 reported for the Zn rich, diatom dominated Ross Sea 
(see above). 
 
5.4.2. Cobalt and zinc controls on phytoplankton diversity in the South Atlantic 
 Culture studies have revealed that metal requirements differ amongst 
phytoplankton taxa (Sunda and Huntsman, 1995a; Webb et al., 2001; Ho et al., 2003) 
and that the dominance or limitation of certain phytoplankton species has implications 
for biological uptake and export of carbon (Nelson et al., 1995; Tortell et al., 2000; 
Poulton et al., 2006). As such, the nutritional role for Co and Zn needs to be considered 
alongside phytoplankton diversity to determine how seasonal changes in metal 
concentration may favour the growth of certain species.  
As stated above, this study observed a nutritional reliance on Zn relative to Co in 
the euphotic zone of the Cape Basin during the two D357 spring transects (Table 5.1). 
Despite this, no relationship was observed during either transect between Zn and 
Phaeocystis type haptophytes, phytoplankton with a cellular preference for Zn (Saito 
and Goepfert, 2008) and which dominated the phytoplankton assemblages. Instead, 
during D357-2 (late spring), both Co and Zn were positively correlated in the AC with 
fucoxanthin (r2 = 0.55; n = 8, p < 0.05 and r2 = 0.81; n = 6, p < 0.01 respectively) (Fig. 
5.8E, F), a diatom indicator pigment that is also found in haptophytes. In addition, Zn 
and Si were inversely related within AC waters (r2 = 0.26; n = 19, p < 0.05) during this 
period. These data suggest that the drawdown of Co and Zn from AC waters between 
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the two D357 transects may be predominantly associated with diatoms instead of 
Phaeocystis, as reported for the Ross Sea (Saito et al., 2010). This hypothesis is 
supported by the work of Saito and Goepfert (2008) who report Co and Zn half-
saturation constants for maximum growth of the coastal diatom T. pseudonana (1.2 x 
10-12 pM and 3.6 x 10-12 pM respectively) that are approximately one order of 
magnitude greater than that of the haptophyte P. antarctica (9.5 x 10-13 pM and 1.9 x 
10-13 pM respectively).  
Whilst diatoms appear to play an important role in removing Co from the Cape 
Basin, this study suggests Co removal by picocyanobacteria, as well as other 
phytoplankton phyla may also occur. This hypothesis is based on an inverse relationship 
between Co and Synechococcus in both AC waters (r2 = 0.67; n = 10, p < 0.01) (Fig 
5.8A) and open ocean waters (r2 = 0.24; n = 17, p < 0.05) during D357-1. Within AC 
waters, the abundance of Synechococcus increased between the two D357 transects and 
consequently. Consequently a stronger Co Synechococcus relationship was observed 
within this region during D357-2 (r2 = 0.76; n = 7, p < 0.01) (Fig. 5.8B). In addition, Co 
and Zn within the AC during this period were strongly inversely correlated with 
violaxanthin (r2 = 0.94; n = 8, p < 0.01 and r2 = 0.64; n = 6, p < 0.05 respectively) (Fig. 
5.8C, D), a diagnostic marker pigment for chlorophytes. Synechococcus has an absolute 
cellular Co requirement and a low Co:P ratio of ~ 13 µmol mol-1 required for maximum 
growth (Sunda and Huntsman, 1995a). Similarly low cellular Co:P ratios of ~ 10 µmol 
mol-1 and  ~ 8 µmol mol-1 have been reported for the chlorophytes Dunaliella tertiolecta 
and Nannochloris automus respectively (Ho et al., 2003). These values are well below 
the Co:SRP ratios of 17.9 – 22.0 µmol mol-1 reported here for the euphotic zone of the 
Cape Basin during the spring transects (Table 5.1).  
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Figure 5.8. Comparison of total dissolved metals and phytoplankton signatures in the Cape 
Basin. (A - B) Co versus Synechococcus abundance in AC waters during D357-1 (r2 = 0.67, 
p < 0.01) and D357-2 (r2 = 0.76, p < 0.01). (C – D) Co and Zn versus the green algae 
indicator pigment chlorophyll-normalised violaxanthin within AC waters during D357-2 (r2 
= 0.94, p < 0.01 and r2 = 0.64, p < 0.05 respectively). (E – F) Co and Zn versus the diatom 
indicator pigment chlorophyll-normalised fucoxanthin within AC waters during D357-2 (r2 
= 0.55, p < 0.05 and r2 = 0.81, p < 0.01 respectively). (G – H) Co and Zn versus the green 
algae indicator pigment chlorophyll-normalised violaxanthin at open ocean stations during 
JC068 (r2 = 0.68, p < 0.01 and r2 = 0.61, p < 0.05 respectively). 
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These observations imply that picocyanobacteria, Synechococcus in particular, and 
chlorophytes may also play an important role in removing Co from the euphotic zone. 
Conversely, this suggests that low concentrations of Co may regulate growth rate and 
biomass of Synechococcus in the Southeast Atlantic, which may have implications for 
the primary productivity of this region. 
During the JC068 (summer) transect, the nutritional reliance on Co is markedly 
increased within the Cape Basin (ΔZn:ΔCo 7, Table 5.1), possibly due to the removal of 
Zn by diatoms between the spring and summer months (e.g. 9.41 x 10-5 mol m-2 in AC 
waters) and a subsequent phytoplankton community shift to E. huxleyi type haptophytes, 
which have a cellular preference for Co (Sunda and Huntsman, 1995a). Despite this, no 
relationship between either metal and phytoplankton was observed within AC waters. In 
comparison to AC waters, Co in the Cape Basin open ocean was strongly inversely 
related with the fractional contributions of E. huxleyi type haptophytes (r2 = 0.50; n = 12, 
p < 0.05) as well as Synechococcus abundance (r2 = 0.59; n = 10, p < 0.05). In addition, 
both Co and Zn were strongly inversely correlated with violaxanthin (r2 = 0.68; n = 11, 
p < 0.01 and r2 = 0.61; n = 9, p < 0.05 respectively) in this region (Fig. 5.8G, H). Whilst 
being a diagnostic marker pigment for chlorophytes, violaxanthin, is also found in 
prasinophytes, which contributed almost 10 % towards the chlorophyll-a standing stock 
in the open ocean. The cellular metal ratios for these phytoplankton, bar the 
cyanobacterium that has an absolute Co requirement, have been reported between 1 and 
10 µmol mol-1 Zn:Co, similar to the summer utilisation ratio of ΔZn:ΔCo 7:1 reported 
for the Cape Basin during this study. These data indicate that whilst we observed a 
small preference for Zn over Co in Cape Basin open ocean waters during JC068, the 
extremely low Zn concentrations appear to be driving phytoplankton community 
Chapter 5 
207 
 
structure towards that with primary cellular Co requirements, such as E. huxleyi and 
Synechococcus (Sunda and Huntsman, 1995a), and that with lower cellular Zn 
requirements such as oceanic prasinophytes and dinoflagellates (Ho et al., 2003). This 
has clear implications for the efficiency of the oceanic biological carbon pump given 
that its efficiency is heavily influence by the dominance of E. huxleyi (Nelson et al., 
1995; de La Rocha, 2003). 
Within the Argentine Basin, the ΔZn:ΔCo 57:1 utilisation ratio at coastal 
stations indicated that the nutritional role for Zn relative to Co was higher at these 
stations compared to any other part of the transect. At these stations, both chlorophyll-a 
concentration (0.92 mg m-3) and the contribution of diatoms (24 % to chlorophyll-a) 
were elevated. Cobalt and Zn were positively correlated with chlorophyll-a (r2 = 0.67; n 
= 9, p < 0.01 and r2 = 0.64; n = 7, p < 0.05 respectively) (Fig. 5.9A, B) and the diatom 
marker pigment chlorophyll-normalised fucoxanthin (r2 = 0.63; n = 9, p < 0.05 and r2 = 
0.39; n = 7, p < 0.05 respectively) (Fig. 5.9C, D). Note that the elevated 1.15 nM Zn 
sample at the station closest the South American continent corresponded to elevated Si 
concentration and appeared strongly influenced by the Rio de la Plata, hence this value 
did not fit the expected biological pattern and has been excluded from such relationships. 
The negative coastal relationships suggest that removal of Zn and Co by diatoms 
occurred in the time preceding our study. This is supported by satellite derived 
chlorophyll-a concentrations (NASA, MODIS; data not shown), which indicate post-
bloom conditions at the time these coastal stations were sampled. 
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Figure 5.9. Comparison of total dissolved metals and phytoplankton signatures in the 
Argentine Basin during the summer transect (JC068). (A – B) Cobalt and zinc versus 
total chlorophyll-a at coastal stations (r2 = 0.67, p < 0.01 and r2 = 0.64, p < 0.05 
respectively). (C –D) Cobalt and zinc versus the diatom indicator pigment chlorophyll-
normalised fucoxanthin at coastal stations (r2 = 0.63, p < 0.05 and r2 = 0.39, p < 0.05 
respectively). (E) Cobalt versus Synechococcus abundance at open ocean stations (r2 = 
0.22, p < 0.05). (F) Cobalt versus dinoflagellate contribution to total chlorophyll-a at 
open ocean stations (r2 = 0.19, p < 0.05).  
 
Stations in the Argentine Basin open ocean exhibited a similar pattern to stations 
in the Cape Basin open ocean. Despite a ΔZn:ΔCo 19:1 utilisation ratio in the euphotic 
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zone, Zn was not correlated with phytoplankton measurements. Instead, Co was weakly 
negatively correlated with Synechococcus abundance (r2 = 0.22; n = 21, p < 0.05) (Fig. 
5.9E) and dinoflagellate contribution to total chlorophyll-a (r2 = 0.19; n = 22, p < 0.05) 
(Fig. 5.9F). Thus, despite the apparent nutritional reliance on Zn in the South Atlantic 
open ocean, it appears that the low Zn concentrations in the euphotic zone resulted in a 
phytoplankton community that have low or absent cellular Zn requirements, such as 
dinoflagellates and Synechococcus respectively, or the ability to co-substitute Co and 
Zn, such as E. huxleyi.  
 
5.5. Conclusions 
 This chapter presents dissolved Co and Zn data for three transects in the South 
Atlantic Ocean and provides evidence that the biogeochemical cycle of Co in this region 
is linked with that of Zn. The highest Co and Zn concentrations (62.8 pM and 4.57 nM 
respectively) during this study were observed in AC waters during the early spring 
indicating the AC as a significant source of trace metals to surface waters of the Cape 
Basin during this period. This study suggests a drawdown of Zn in surface waters of the 
Cape Basin between the spring and summer transects (9.41 x10-5 mol m-2 in AC waters 
and 5.92 x 10-5 mol m-2 in open ocean waters) that results in potentially growth limiting 
concentrations of Zn. Despite this, phytoplankton groups with cellular requirements in 
excess of that available in surface waters were dominant during the summer suggesting 
the potential for biochemical co-substitution, hence an increased biological role for Co.  
This study observed a seasonal shift in the nutritional reliance on Co and Zn 
(defined by their linear stoichiometric relationship with SRP) from a large role for Zn in 
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the Cape Basin during the early spring to an environment where Co plays a relatively 
more important role during the summer. This change in nutritional reliance occurred in 
symmetry with a shift in phytoplankton community structure away from Phaeocystis 
type phytoplankton towards that with either an absolute or lower cellular Co 
requirement, such as Synechococcus, or phytoplankton with the ability to biochemically 
co-substitute Co and Zn, such as E. huxleyi. Subsequently, linear relationships between 
these phytoplankton and Co were observed in the Cape Basin during the summer JC068 
transect indicating that when Zn concentrations are depleted, Co may play an important 
role in determining phytoplankton community structure in the Southeast Atlantic Ocean. 
In the Argentine Basin, the nutritional reliance on Zn relative to Co was three 
fold greater than observed for the Cape Basin with the greatest role for Zn observed at 
diatom dominated coastal stations where coastal inputs were elevated. Inverse linear 
relationships observed between both Co and Zn and fucoxanthin at these stations 
indicated the removal of these trace metals occurred in the time preceding this study. 
Despite the larger nutritional role for Zn in the Argentine Basin open ocean compared to 
that of the Cape Basin, linear relationships between Zn and phytoplankton were absent. 
In contrast, Co was linearly related to phytoplankton with absent or low cellular Co 
requirements. Thus, it appears that, whilst there is an overall greater nutritional reliance 
on Zn in the South Atlantic at 40° S, the low Zn concentrations in open ocean surface 
waters may help control the distribution and dominance of key phytoplankton phyla 
such as diatoms, haptophytes and picocyanobacteria. This has clear implications for 
primary productivity and the efficiency of the oceanic biological carbon pump, which is 
largely controlled by the relative dominance of such phytoplankton.  
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6.1. Introduction 
 The trace metal micronutrients iron (Fe), zinc (Zn) and cobalt (Co) were the 
focus of this thesis. The diversity of roles for Fe, Zn and Co in phytoplankton 
biochemistry (Morel et al., 2003; Morel and Price, 2003) has highlighted the need to 
bring together qualitative and quantitative studies on their biogeochemical cycling in the 
world’s oceans. The research in this thesis has contributed to our knowledge of Fe 
cycling in the Atlantic Ocean in contrasting oceanographic regimes. This work has 
generated new data on Zn and Co distributions in the South Atlantic Ocean and has 
provided new insights into the physico-chemical and biological influences that interact 
to control their biogeochemistry where there was previous little understanding. 
To achieve the objective of this research, the approach included trace metal 
clean sampling, analytical measurements of Fe, Zn and Co, incubation experiments to 
determine di-nitrogen (N2) fixation rates, and data analysis, synthesis and interpretation. 
This work underlined the importance of integrating cross-disciplinary results (e.g. 
chemical, physical and biological measurements) to interpret the biogeochemistry of Fe, 
Zn and Co in the oceanographically diverse Atlantic Ocean.  
During this research, samples were collected on three UK led research cruises to 
different regions of the Atlantic Ocean. AMT-19 was a large-scale, gyre centred cruise 
between 50° N to 40° S that also sampled across the temperate, sub-tropical and tropical 
North and South Atlantic. Here, dissolved Fe (dFe) and total dissolvable Fe (TDFe) 
were determined in samples from the upper water column to examine the 
biogeochemical cycling of Fe. The UK GEOTRACES Section A10 consisted of two 
separate research cruises located in the South Atlantic along the productive 40° S 
parallel where a there is little to no understanding of trace metal cycling. This research 
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provided the first large-scale exploration of the vertical and horizontal distributions of 
dissolved Zn and Co in this region. 
 
6.2. Conclusions 
6.2.1. Biogeochemistry of iron in the upper water column of the Atlantic Ocean: 
observations from the Atlantic Meridional Transect 
Chapter 3 demonstrated that a number of distinct mechanisms interact to control 
the unique distributions of Fe in the upper water column (≤ 150 m) of the Atlantic 
Ocean. Such mechanisms include (1) dissolution of atmospheric Fe in surface waters, 
(2) biological uptake and internal recycling in the surface mixed layer, (3) 
remineralisation below the surface mixed layer and finally (4) vertical mixing across the 
thermocline.  
Overall the data from this chapter showed distinct basin-scale differences in the 
Atlantic surface Fe inventory, with elevated dFe concentrations in the North Atlantic 
gyre (0.50 – 1.65 nM) compared with the South Atlantic gyre (0.14 – 0.32 nM) and a 
sharp dFe gradient observed at ~ 4° N. Such basin-scale differences are consistent with 
the ~ 10 fold difference in modelled atmospheric dust inputs between the North and 
South Atlantic (Jickells et al., 2005; Mahowald et al., 2009). Specifically, this study 
emphasised the importance of dry and wet Saharan dust deposition for the delivery of 
bioavailable dFe to the sub-tropical and tropical North Atlantic respectively, and 
showed that these mechanisms had a profound effect on climate relevant processes such 
as N2 fixation in the North Atlantic.  
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Towards the southern extent of the Saharan dust belt, the converging wind 
systems of the northern and southern hemisphere in the Inter-Tropical Convergence 
Zone (ITCZ; 4 – 10° N) led to heavy rainfall and surface water dFe maxima. The wet 
deposition of more soluble Fe in the ITCZ was confirmed by a comparison between dFe 
and TDFe data in the vicinity of a salinity (S = 34.2) and pH (8.04) minimum. Here, dFe 
represented 60 ± 26 % of the TDFe pool compared with only 48 ± 26 % between 20 and 
29° N where atmospheric dry deposition of Fe was elevated. It is therefore, not 
surprising that that the maximum rates of N2 fixation in the Atlantic open ocean have 
been observed in the vicinity of the ITCZ (Moore et al., 2009).  
Whilst highlighting the importance of the ITCZ for the supply of Fe to surface 
waters of the tropical North Atlantic, the work in Chapter 3 also showed that the ITCZ 
acted as a barrier to the transport of lithogenic dust particles, thus Fe, to the South 
Atlantic. This work showed that the low surface concentrations of the South Atlantic 
gyre are therefore likely sustained by rapid biological removal, efficient recycling and a 
downwelling TDFe flux of 3.2 µmol m-2 y-1 comparable to atmospheric inputs. In that 
regard, the low surface mixed layer dFe inventory of the South Atlantic gyre may 
therefore be in steady state with a calculated residence time of 6.3 y consistent with low 
particulate organic carbon fluxes (Charette and Moran, 1999).  
 
6.2.2. Biogeochemical cycling of dissolved zinc and cobalt along the 
GEOTRACES South Atlantic transect GA10 at 40° S 
Chapters 4 and 5 provided for the first time the distribution and biogeochemistry 
of the key micronutrients Zn and Co along the productive 40° S parallel in the South 
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Atlantic. This work demonstrated that Zn and Co in the bioactive surface waters were 
elevated at stations closest to South Africa and South America due to marginal inputs 
from the Agulhas Current (AC) and Rio de la Plata estuary respectively. Within the 
open ocean, Zn and Co concentrations in the surface layer were observed at potentially 
growth limiting concentrations (15 pM and 3 pM respectively). Here, the vertical 
distributions of Zn and Co throughout the water column at 40° S were markedly 
different owing to their different chemistries in seawater. Zinc exhibited a nutrient-type 
vertical profile that resulted in maximum concentrations (7 – 8 nM) in AABW. In 
contrast, Co exhibited maximum concentrations (70 – 80 pM) in intermediate waters, 
associated with low oxygen, and was scavenged below ~ 1750 m.   
In Chapter 4, the low Zn concentrations in the surface waters are shown to be 
sustained by the lack of a return path for Zn from the Southern Ocean that returns high 
nitrate and phosphate concentrations to the thermocline waters at this latitude. The 
research findings from this chapter indicate that the preferential removal of Zn and Si by 
diatoms in the frontal Southern Ocean may be responsible the low Zn concentrations in 
these Southern Ocean return waters based on strong Zn-Si relationships observed at 
both 40° S (Zn (nM) = 0.065 Si (µM) + 0.209; r2 = 0.97, n = 460) and in the frontal 
Southern Ocean during previous studies. In addition, the kink in the 40° S Zn-SRP 
relationship at ~ 500 m indicates that Zn is being returned at this depth primarily by 
AAIW.  
In Chapter 5, a particular focus was placed on the biological implications of Co 
and Zn availability in the South Atlantic. The research findings from this chapter 
showed that Co and Zn concentrations in the surface mixed layer varied over seasonal 
timescales often dropping below potential growth limiting concentrations. Despite this, 
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phytoplankton groups with cellular Co and Zn requirements in excess of that available 
were often dominant indicating the potential for biochemical co-substitution of these 
elements. With the concept of Co and Zn co-substitution becoming clearer, in part 
thanks to a greater understanding of the biochemical functions of these trace metals 
(Yee and Morel, 1996; Sunda and Huntsman, 1995a; Xu et al., 2008; Saito et al., 2008), 
Chapter 5 revealed how the availability of these trace metals over seasonal time scales 
played an essential role in structuring the phytoplankton community. Such plasticity of 
the phytoplankton community to changing trace metal concentrations has clear 
implications for primary productivity and the efficiency of the oceanic biological carbon 
pump, which is largely controlled by the relative dominance of certain phytoplankton. 
This work therefore represented a first step in our understanding of the role of trace 
metals for phytoplankton assemblages and subsequent primary productivity along the 
40° S parallel in the South Atlantic.    
 
6.3. GEOTRACES: synthesis and future directions 
A principal focus of Chapters 4 and 5 was to determine the mechanisms that 
interact to control the low open ocean surface water concentrations of Zn and Co in the 
South Atlantic Ocean. Using the Zn and Co data from these chapters, as well as the 
soluble atmospheric trace metal flux data (Dr. Rosie Change; University of East Anglia) 
and the radium-228 (228Ra) derived vertical mixing coefficients (Dr. Alan Hsieh; 
University of Oxford), a budget for Zn and Co in the South Atlantic at 40° S was 
calculated (Fig. 6.1) in order to quantify the importance of sources to this region. 
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The atmospheric input of soluble Zn to the South Atlantic open ocean showed 
no basin-scale difference (Fig. 6.1) with similar deposition rates for the Cape Basin (4 – 
20 nmol m-2 d-1) and the Argentine Basin (4 – 21 nmol m-2 d-1). Similarly, the 
atmospheric input of soluble Co to the Cape Basin open ocean (0.004 – 0.094 nmol m-2 
d-1) was comparable to that of the Argentine Basin (0.0095 – 0.09 nmol m-2 d-1).  
 
Figure 6.1. The principal mechanisms that transport zinc and cobalt to the South 
Atlantic open ocean at 40° S. Surface mixed layer concentrations of dissolved zinc and 
cobalt are in black boxes (nmol m-2) and approximate flux values are expressed as nmol 
m-2 d-1. The uncertainties associated to the vertical mixing fluxes represent 1 std. dev. of 
the mean vertical flux for each region.    
The lack of an inter-basin difference in the atmospheric supply of both Zn and 
Co may be explained by the low atmospheric dust inputs to the south Atlantic open 
ocean compared with coastal regions (Mahowald et al., 1999; Jickells et al., 2005) and 
the low relative abundance of Zn and Co in mineral dust (0.0071 % and 0.0017 % 
respectively) (Taylor and McLennan, 1985; McLennan, 2001). It must be noted that 
stations closest South America had atmospheric soluble Zn inputs between 22 and 39 
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nmol m-2 d-1 where modelled dust inputs are elevated (Evangilista et al., 2010; Johnson 
et al., 2010). As expected, the atmospheric soluble Zn input is approximately three 
orders of magnitude higher than that of Co owing to its increased crustal abundance and 
the higher dust solubility for Zn in seawater (16 %) compared with Co (0.14 %) in 
natural particles (Thuróczy et al., 2010). Considering the maximum input of Zn and Co 
over a 30 day period, inputs of 600 and 3 nmol m-2 would represent 22 and 1 % of the 
surface mixed layer Zn and Co inventories respectively for the Cape Basin. Over the 
same period, maximum Zn and Co inputs of 630 and 3 nmol m-2 to the Argentine Basin 
would represent 17 and 1 % of the Zn and Co inventories respectively. 
Chapters 4 and 5 have shown that horizontal and vertical mixing played 
important roles in the supply of Zn and Co to open ocean surface waters of the South 
Atlantic. A novel aspect to this study was the availability of 228Ra data for the Cape 
Basin collected as part of the UK GEOTRACES D357 cruise (Dr. Alan Hsieh; 
University of Oxford). This naturally occurring isotope is produced be the decay of 
thorium-232 in shelf sediments, diffused into seawater and then transported into the 
open ocean. 228Ra has a relatively short half-life of 5.75 years (Moore and Dymond, 
1991) and its distributions can therefore be used as a geochemical tracer for lateral 
mixing from the coastal environment to the open ocean and vertical mixing through the 
upper water column (e.g. Yamada and Nozaki, 1986; van Beek et al., 2008; Hsieh et al. 
in prep). For example, Charette et al. (2007) used 228Ra as a geochemical tracer for Fe 
delivered to the HNLC Crozet Plateau region from the Crozet Island system, and 
concluded that this source is sufficient to initiate and maintain an annual phytoplankton 
bloom. 
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By using the 228Ra derived vertical diffusive mixing coefficients (Kz) for the 
upper 400 m of the Cape Basin (Kz ranged 0.9 to 2.1 cm
-2 s-1; Hsieh et al. in prep), this 
study estimated the vertical mixing flux of Zn and Co to the surface mixed layer (Fig. 
6.1) based on Fick’s first law of molecular diffusion in the following equation: 
𝐹𝑚𝑒𝑡𝑎𝑙 =  𝐾𝑧 (
Δmetal
Δz⁄ ) 
 Eq. 6.1. 
where Fmetal is the diffusion flux (nmol m
-2 d-1) and Δmetal/Δz is the gradient of Zn and 
Co concentrations over the depth z below the surface mixed layer, which were obtained 
from the linear regression of the vertical metal profiles below the surface mixed layer to 
400 m. Where 228Ra vertical mixing coefficients were not available, for example in the 
remote open ocean where 228Ra surface activity is low, an average Kz of 1.5 cm
-2 s-1 
assessed from tritium measurements in the South Atlantic was used (Li et al., 1984). 
Vertical mixing fluxes for coastal stations closest to South America have not been 
estimated due to the level of uncertainty surrounding Kz estimates for the dynamic 
Malvinas-Brazil confluence region.  
At stations closest to South Africa, the vertical mixing flux for Zn to the surface 
mixed layer was elevated (47 ± 30 nmol m-2 d-1) compared with that of the open ocean 
Cape Basin (26 ± 12 nmol m-2 d-1) and Argentine Basin (27 ± 20 nmol m-2 d-1) (Fig. 
6.1). The difference in the vertical Zn flux between the coastal and open ocean regimes 
reflects the elevated Zn concentrations below the mixed layer in the AC relative to the 
low Zn sub-pycnocline waters of the open ocean as shown in Chapter 4. In the open 
ocean, if vertical mixing occurred at the same rate over a 30 day period, upward Zn 
fluxes of 780 and 810 nmol m-2 to the Cape Basin and Argentine Basin respectively 
would represent Zn inputs equal to 28 and 22 % of the surface mixed layer Zn 
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inventories. The percentage contributions of vertical mixing to the mixed layer Zn 
inventories of both basins are only slightly elevated compared with the atmospheric Zn 
fluxes indicating that despite the low atmospheric dust fluxes to the South Atlantic 
compared with other oceanographic regimes, the relative contribution to the Zn 
inventories are broadly similar to that from upward mixing. 
Whilst the mean vertical mixing fluxes for Zn are similar in both the Cape and 
Argentine Basins, the range of Zn inputs through vertical mixing is higher in the 
Argentine Basin. Here, the vertical mixing flux for Zn ranged from 10 to 68 nmol m-2  
d-1 with the largest fluxes occurring in the vicinity of elevated sub-surface Zn 
concentrations (see Chapter 4, Figure 4.3). It is therefore likely that the elevated vertical 
Zn fluxes to the Argentine Basin open ocean, and hence the higher surface mixed layer 
Zn inventory compared with the Cape Basin, are in-part associated with cross frontal 
mixing at the intermediate water mass scale, as discussed in Chapter 5.     
The vertical mixing flux for Co was similar for both the Cape Basin coastal and 
open ocean regimes (0.88 ± 0.44 nmol m-2 d-1 and 1.35 ± 0.40 nmol m-2 d-1 respectively) 
and the Argentine Basin (1.41 ± 0.40 nmol m-2 d-1). In the open ocean, if vertical mixing 
occurred at the same rate over a 30 day period, upward Co fluxes of 41 and 42 nmol m-2 
to the Cape Basin and Argentine Basin respectively would represent Co inputs equal to 
11 and 12 % of the surface mixed layer Zn inventories. It is therefore clear that vertical 
mixing provides an important source of Co to the surface mixed layer of the South 
Atlantic relative to atmospheric fluxes (Fig. 6.1). 
A large part of the open ocean mixed layer Zn and Co inventories is not 
explained by inputs from the atmospheric or vertical mixing. Horizontal mixing from 
the AC and Rio de la Plata to the open ocean likely contributes a significant fraction to 
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these inventories. The availability of 228Ra data from the UK GEOTRACES Section 
GA10 cruises (Dr. Alan Hsieh; University of Oxford) will help constrain the horizontal 
diffusive mixing coefficients that can be applied to future calculations of horizontal Zn 
and Co fluxes in these highly dynamic regions. Such estimates would effectively close 
the box on external inputs to the surface mixed layer at 40° S and would allow the 
development of biogeochemical models that determine the role for Zn and Co in 
primary production and carbon export. This is critically important for this highly 
productive region and forms a key GEOTRACES objective.     
The Southern Ocean nutrient supply accounts for about three-quarters of the 
biological production north of 30° S (Sarmiento et al., 2004; Palter et al., 2010). As 
shown in Chapter 4, Zn is markedly reduced in this return path through its preferential 
removal with silicate, most likely by diatoms, in the frontal Southern Ocean. The 
research findings from Chapter 4 have led to the development of a new tracer (Zn*) that 
can be used to map the low dissolved Zn concentrations delivered to pycnocline waters 
of the Southern Hemisphere by the upper branches of Meridional Overturning 
Circulation (MOC). By using the strong linear relationship between Zn and silicate 
reported in Chapter 4 (Zn (nM) = 0.065 Si (µM) + 0.029, r2 = 0.97, n = 460), Zn* is 
calculated from the equation:  
Zn* = Zn (nM) – 0.065 x Si (µM) + 0.029  Eq. 6.2. 
where negative Zn* indicates the transport of low Zn values from the Antarctic 
Circumpolar Current to intermediate waters at 40° S and remains constant if sources 
(remineralisation) and sinks (uptake) of Zn and silicate occur at a ratio of Zn:Si (0.065), 
whilst the intercept of 0.029 fixes the deep water Zn* to zero.  
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At 40° S, negative Zn* values were observed to depths of ~ 900 m in the Cape 
Basin and ~ 600 – 800 m in the Argentine Basin (Fig. 6.2) confirming that Zn is only 
returned to this latitude with Antarctic Intermediate Water (AAIW) as shown in Chapter 
4. The basin-scale difference in Zn* distribution further reflects cross-frontal mixing 
between AAIW and Sub-Antarctic Mode Water (SAMW) in the Argentine Basin.  
 
Figure 6.2. The tracer Zn* used to map low dissolved zinc concentrations delivered to 
the upper 1000 m of the South Atlantic from the Southern Ocean. This figure was made 
using Ocean Data View (Schlitzer, 2012). 
This tracer has the potential to provide important quantitative information on the 
delivery of Zn from the Southern Ocean to the Southern hemisphere and subsequently 
the control of the Southern Ocean trace metal supply on the biological productivity of 
the world’s oceans.    
In order to gain a better understanding of the control of Zn and Co on 
phytoplankton assemblages, the extent to which SAMW and AAIW influence their 
distributions in this region and throughout the Southern Hemisphere over seasonal to 
inter-annual time-scales needs further investigation. The Zn* tracer provides such an 
opportunity and coupled with the seasonal Zn data from the GEOTRACES cruises 
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described in Chapters 4 and 5, may provide the first insights into the seasonal transport 
of Zn and Co from the Southern Ocean to bioactive surface waters of the South 
Atlantic. In addition, the Zn* tracer can be applied to other GEOTRACES Sections in 
the Atlantic Ocean to investigate the role of the Southern Ocean nutrient return path for 
Zn distributions throughout the Atlantic Ocean.  
Recent estimates indicate marine sediments as a significant source of dissolved 
Fe to the world’s oceans (Moore and Braucher, 2008; Homoky et al., 2012). In the 
South Atlantic, the Argentine Basin is a region of large lateral gradients and extremely 
high concentrations of particulate matter in the abyssal nepheloid layer (Richardson et 
al., 1993). Particulate data from the UK GEOTRACES Section GA10 will provide a 
quantification of the magnitude and basin-scale differences in sedimentary supply of Zn 
and Co.    
 Chapters 4 and 5 provided the first insights into the potential for Zn and Co co-
substitution in South Atlantic phytoplankton when either Zn or Co concentrations were 
growth limiting. Experiments with natural phytoplankton assemblages and ship-board 
incubations are required to investigate the physiological status of this regions 
phytoplankton. Such insights would afford us a great wealth of climate relevant 
information as it is the relative dominance of diatoms and coccolithophores that exert a 
primary control on the efficiency of the biological carbon pump.         
 
6.4. Summary 
 There is a need to bring together quantitative and modelling studies that can 
improve our understanding of trace metal biogeochemistry in the world’s oceans. Such 
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studies are crucial if we are to gain further understanding of how trace metals interact to 
influence marine primary productivity and the global carbon cycle. The research in this 
thesis addresses such issues by providing detailed examinations of the biogeochemical 
cycling of Fe, Zn and Co in the South Atlantic Ocean. This work prompts multiple 
avenues for future research that could be addressed during future research cruises and 
laboratory-based experiments.   
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